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Freshwater perturbation experiments are conducted with a latitude-depth,
circulation-biogeochemistry ocean model coupled to an energy balance mo-
del of the atmosphere. The aim is to identify potential effects of different
changes of the Atlantic thermohaline circulation {THC). Strong THC reduc-
tions (> 50%) lead to cooling at high northern latitudes and warming in
the southern hemisphere. For moderate reductions, however, cooling in the
north is not accompanied by temperature changes in the south. These results
are discussed in relation with a recent synchronization of isotopic records
from Greenland and Antarctic ice cores based on methane, which docu-
ments north-south thermal antiphasing during the largest Greenland 5180
oscillations and no clear Antarctic counterparts during the other, shorter
oscillations of the last glacial period. Simulations show that strong THC
reductions result in POy enrichment and 6*C depletion below 1 km in the
North Atlantic reaching, on average, about 0.5 mmolm™ and -0.3%, for
a complete THC collapse. These chemical and isotopic changes are due to
an imbalance between organic matter oxidation and import of nutrient-poor
waters from the northern North Atlantic. The THC reductions also lead to a
drop in 413C air-sea disequilibrium in the Atlantic where the surface waters
stay longer in contact with the atmosphere. Thus, in the upper kilometer,
cold waters in the northern North Atlantic become isotopically heavier (by
more than 1%o), whereas warm waters further south become slightly lighter
(~ —0.2%). The simulated chemical and isotopic shifts are much smaller
below 1 km in the South Atlantic and Southern Ocean. These results in-
dicate that the same circulation change could produce completely different
P04 and 63C anomalies at different locations and depths in the Atlantic
and Southern Ocean. This mi%ht have strong implications for the interpre-
tation of marine Cd/Ca and §'®C sediment records obtained from different
oceanic regions.

1. INTRODUCTION

A major area of current climate research is the study

Mechanisms of Global Climate Change at Millennial Time Scales of the large, millennial-scale variability observed in many
Geophysical Monograph 112 paleoclimate records. The prominent and abrupt 620
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last glacial period [Dansgaard et al., 1982; Oeschger
el al, 1984; Johnsen et al., 1992] prompted a search
for such variability in records from various parts of
the climate system. When translated into tempera-
ture (T} changes from the modern spatial relationship
between the annual mean snow 680 and T in po-
lar regions, these "Dansgaard-Oeschger” {D-0) events
correspond to warming-cooling cycles with an ampli-
tude of ~ 7°C [Johnsen et el., 1992). The estimated
temperature changes are even larger if the relationship
is calibrated by borehole temperature measurements
[Johnsen et al., 1995; Cuffey and Clow, 1997]. The
best investigated abrupt oscillation in Greenland 4180
records is the Younger Dryas cold event (YD), dated by
annual layer counting to between 12,700£100 yr BP-
11,550470 yr BP in the GRIP ice core {Johnsen et al.,
1992] and 12,940+260 yr BP-11,640-:250 yr BP in the
GISP2 ice core [Alley et al., 1993]. The fractionation
of nitrogen and argon isotopes at the transition from
the YD to the Preboreal in the GISP2 core indicates
that Central Greenland was 15+£3°C colder during the
Younger Dryas than today [Severinghaus et al., 1998].

There has been a long controversy about whether the
Younger Dryas has been a global event or not. Con-
tinental pollen sequences reveal that the YD affected
western Europe and eastern North America, but do not
provide definitive evidence of the event in other regions
[Peteet, 1995]. Gas measurements on polar ice cores, on
the other hand, document that the atmospheric CHy
concentration followed Greenland 6'%0 shifts of the last
glaciation, including the YD [Chappellaz et al., 1993;
Brook et al., 1996]. These measurements suggest that
the D-O events were at least hemispheric in extent, as a
main source of atmospheric CH4 during the last glacial
period was tropical wetlands {Chappellez et al., 1993].
Climatic records from glacier stands in New Zealand
[Denton end Hendy, 1994] and Southern Chile [Low-
ell et al., 1995) document notable glacier advances du-
ring the last deglaciation. If glacier stands are faithful
recorders of temperature only, then the advances come
close in time to the Younger Dryas. Denton and Hendy
{1994] concluded thus, that Younger Dryas must be a
cold event of global extent, possibly with an enhanced
signal in the north. However, uncertainties in the time
scale and interpretation of wood remains in moraines
[Mabin, 1996] as well as recent analyses of pollen as-
semblages [Singer et al., 1998] do not support this con-
clusion,

Measurements of the 120 /160 ratio of Oy and of the
CHj; content in air trapped in ice permits the synchro-
nization of climate records from both polar regions.

OCEAN CIRCULATION AND BIOGEOCHEMICAL CYCLES

Bender et al. {1994a] placed the dD record from Vos-
tok (East Antarctica) and the GISP2 480 record on
a common chronology based on '#0/!%0 measurements
on Oz, They showed that the last glacial Greenland in-
terstadials longer than ~ 2,000 yr have counterparts in
Antarctica. The same approach was adopted by Sowers
and Bender {1995} who demonstrated that warming in
the Byrd §'%0 record (West Antarctica) began approx-
imately 3,000 yr before the onset of the warm Balling
epoch in the GISP2 §'80 record. Past changes in the
180) /180 ratio of atmospheric oxygen, however, were re-
latively small, which prevents the determination of the
phase relationships between Greenland and Antarctica
during the abrupt climate changes of the last glacial
period [Bender et al, 1994b]. By contrast, fast CHy
variations during this period permits a fit of ice core
CH, records from both polar regions to + 200 yr [Blu-
nier et al., 1998]. Blunier et al. [1997] and Blunier
et al. [1998] used CH4 measured in GRIP, Byrd, and
Vostok ice cores to put the isotopic records from these
different sites on the same timescale. They found a con-
spicuous antiphase relationship between the high north-
ern and southern latitudes during the prominent Green-
land 6'80 events 8 and 12 [Dansgaard et al., 1993] and
the Belling/Allerpd/YD sequence. However, this rela-
tionship does not hold for all of the 14 D-O cycles of
the last 50,000 years, as the other, shorter Greenland
810 events do not have clear counterparts in Antarc-
tica. The possible wide geographic expression of the
YD and other D-O events has profound implications
for our understanding of climate dynamics, as it pro-
vides insight into the propagation of anomalies caused
by abrupt changes in the atmosphere-ocean-ice system.

A possible cause of the millennial-scale, warming-
cooling cycles of the last glacial period is changes in
the Atlantic thermohaline circulation (THC) [Broecker
et al., 1985]. These changes may have been triggered,
in turn, by the discharge of low-density meltwater from
the big ice sheets which covered the northern hemi-
sphere during this period. A major support to the
THC hypothesis comes from various model simulations
showing that a reduction of the THC causes a cool-
ing in the North Atlantic region [Wright and Stocker,
1993; Manabe and Stouffer, 1995; Manabe and Stouffer,
1997; Fanning and Weaver, 1997; Mikolajewicz et al.,
1997; Schiller et al., 1997). Furthermore, consistent
with polar isotopic records, climate models point to
an antiphase relationship, whereby the south exhibits a
warming when the North cools abruptly and vice versa
(for a review see Stocker, 1999). The mechanism is sim-
ple: an active THC in the Atlantic draws heat from



the Southern Ocean into the Atlantic basin [Crowley,
1992; Stocker et al., 1992a). If it is switched off, the ex-
cess heat tends to warm subsurface and surface waters
in the South Atlantic and Southern Ocean. A sudden
initiation of the THC, on the other hand, should lead
to a cooling in the south. If the mechanism is indeed
operating, this behaviour should be particularly present
during the transitions into and out of the YD and other,
similarly strong events.

Deep sea records of fossil benthic foraminiferal Cd/Ca
and §13C, however, have led to contradictory conclu-
sions regarding the state of the THC during the Younger
Dryas event [Boyle and Keigwin, 1987; Keigwin et ol.,
1991: Keigwin and Lehman, 1994; Jansen and Veum,
1990; Vewm et al., 1992; Charles and Fairbanks, 1992;
Bard et al., 1994). Data of the difference between ben-
thic and planktonic foraminifera *4C ages are still too
sparse to constrain ventilation changes during this event
[Adkins and Boyle, 1997). The apparent inconsistency
between various sediment records could be due to the
coarse temporal resolution and sampling frequency in
some of the deep sea cores [Boyle, 1995]). Other possi-
ble causes for such inconsistencies are that these records
come from different locations and depths and that diffe-
rent paleocirculation proxies, such as the foraminiferal
Cd/Ca, 613C, and A'MC, are influenced by distinct
oceanic processes [Jansen and Veum, 1990},

In this paper we examine the effect of large and small
freshwater-induced changes in the Atlantic thermoha-
line circulation on the climatic coupling between the
two hernispheres and on the distribution of A*C, POy,
and 63C in the deep sea. We conduct various fresh-
water perturbation experiments with a latitude-depth,
circulation-biogeochemistry ocean model {Marchal et al.,
1998a] coupled to an energy balance model of the at-
mosphere. The ocean model accounts for the main fea-
tures of the thermohaline circulation and biological cy-
cling which govern the large-scale distribution of major
chemical and isotopic tracers. It allows us to perfom
extensive and millennial-scale numerical integrations.

2. MODEL DESCRIFPTION

The model includes physical and biogeochemical com-
ponents. These components have been detailed in pre-
vious publications and we give only a brief description
here. The ocean physical component is the zonally ave-
raged circulation model of Wright and Stocker [1992]
with the dynamical closure of Wright et al. [1998}]. The
Atlantic, Indian, and Pacific basins are represented indi-
vidually and connected by a well-mixed Southern Ocean
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{for model grid see Stocker and Wright, 1996). The set
of circulation parameters adopted here produces a rea-
sonable agreement with the basin mean vertical profiles
of temperature, salinity, and AC of dissolved inor-
ganic carbon observed in the modern oceans [Marchal
et al., 1998a). The ocean component is coupled to an
energy balance model of the atmosphere {Stocker et al.,
1992a} and to a thermodynamic sea ice model (descri-
bed in Wright and Stocker, 1993) in order to permit
transitions between different climatic states (for para-
meters see Wright and Stocker, 1993).

The ccean biogeochemical component is a description
of the cycles of organic carbon and CaCOj3; [Marchal
et al., 1998a]. Nine tracers are considered: phosphate
(taken as the biolimiting nutrient}, dissolved inorganic
carbon {DIC), alkalinity (ALK), labile dissolved organic
carbon (DOC;), dissolved oxygen, and 3C and C in
DIC and in DOC,. River input and sediment burial are
omitted, i.e. all the organic carbon and CaCOj; pro-
duced in the euphotic zone {top 100 m) are entirely
recycted in the water column below. The production of
organic carbon exported from the euphotic zone (Jorg)
depends on the local POy availability via Michaelis-
Menten kinetics:

PO,

SR 1
Kpo, + POy (1)

Jorg = Jpot -
where Jpe is a potential export production diagnosed
from the spin-up and Kpo, is a half-saturation constant
for PQ4 uptake {Marchal et al., 1998b}. The export pro-
duction is partitioned between fast sinking particulate
organic carbon {POC) and DOC;, both are recycled
below the euphotic zone. POC is remineralized with-
out delay according to a spatially uniform vertical pro-
file consistent with sediment trap data {Bishop, 1989},
whereas DOG, is oxidized assuming first-order kinetics.
The air-sea fluxes of the carbon isotopes are calculated
with a constant CO, transfer coeflicient {Appendix C).
The biogeochemical parameters were constrained so as
to produce a reasonable fit to the distributions of POy,
apparent oxygen utilization, DIC, ALK, and é'3C (of
DIC) observed in the modern oceans [Marchal et al.,
1998a].

The land biogeochemical component is a 4-pool land
biosphere model [Siegenthaler end Qeschger, 1987]. We
use this model for 3C and !4C perturbations in order
to account for the relatively large dilution effect caused
by the land biosphere. The biospheric fluxes of organic
carbon and the CQOy fluxes between the land biosphere
and the atmosphere are kept constant., Thus we as-
sume no changes in carbon storage and productivity on
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land [Marchal et al., 1998b}. The ocean and the land
biosphere exchange 12CQs, 3C0;3, and *CO, via the
atmosphere which is considered well mixed with respect
to these isotopes. Throughout the paper the term ano-
maly is used for any variable to denote the difference
compared to the initial model steady state.

3. RESULTS

3.1. Physical Changes during Abrupt Events

The initial model steady state is characterized by a
maximum rate of thermohaline overturning in the At-
lantic of about 24 Sv (1Sv = 10° m® s~'; left panel
in Fig. 1a). We simulate water masses {Stocker et al.,
1992b), conservative ” colors” with specified origin of for-
mation, in order to help the interpretation of AMC,
PQy, and 6'3C in the transient experiments. These wa-
ter masses are designated North Atlantic Deep Water
(formed between 55°N-80°N), Central Water (47.5°S~
32.5°N), and Southern Qcean Water (70°5-47.5°S). In
the initial steady state NADW dominates the deep
Atlantic (Fig. 1b), NADW is sandwiched between
two components of SOW: bottom waters formed along
the Antarctic perimeter (70°S-62.5°S) and intermediate
waters formed between 62.5°5-47.5°S (Fig. 1¢). Cen-
tral Water is essentially confined between 50°S-40°N in
the Atlantic, with the 80% contour located above 250 m
(Fig. 1d).

Different strengths of the THC are obtained by ap-
plying a freshwater flux anomaly (FFA) at the surface
between 32.5°N-45°N in the Atlantic. We assume that
the FFA follows a linear increase and then a linear de-
crease at the same rate r (Sv kyr~!). The total volume
of freshwater released, V = 6 - 105 km3, is the same in
all the experiments and corresponds to a sea level rise
of ~ 17 m. Thus, the experiments differ only by the
duration D of the FFA, or equivalently, by the rate of
the FFA r = 4V/D?,

A series of experiments demonstrates the sensitivity
of the THC and water mass distribution in the Atlantic
to the rapidity of the freshwater perturbation. A slow
FFA has a relatively minor impact on the THC as it
does not permit the development of a low-density cap
in the North Atlantic region (Fig. 2). However, a thres-
hold exists {corresponding to » ~ 0.4 Svkyr=! in our
model) beyond which the FFA is sufficiently rapid to re-
duce drastically deep water formation and the thermo-
haline overturning rate in this region, NADW retreats,
whereas SOW becomes more abundant in the deep At-
lantic for a greater reduction of the THC (Fig. 1b-c).

OCEAN CIRCULATION AND BIOGEOCHEMICAL CYCLES

The reduced influence of NADW and the advance of wa-
ters of southern origin are due to the altered buoyancy
contrast between high latitude surface waters when a
low-density cap develops in the North Atlantic [Stocker
et al., 1992b]. Similarly, the Central Water remains con-
fined in the upper water column in the North Atlantic,
but reaches deeper levels south of the equator (Fig. 1d).

A hypothesis to explain the variable climate cou-
pling between the two hemispheres [Blunier et al., 1998}
is that strong reductions of the THC occurred du-
ring prominent D-O events and that only partial shut-
downs of the THC occurred during shorter D-O events
[Stocker, 1999]. A partial shut-down is either a reduc-
tion in thermohaline overturning strength or a more
southward change in convection location, both with the
net result of a decreased heat supply by the THC to the
North Atlantic region.

We test this hypothesis using our simplified, cou-
pled ocean-atmosphere model. For illustration, we con-
sider two cases: a partial reduction of the THC (ex-
periment B2 where the THC drops from 24 Sv to 12
Sv} and a complete shui-down (E4 with THC drop-
ping to 3 Sv). In the two cases heat accumulates in
the South Atlantic which leads to a subsurface warming
(Fig. 3a-b), confirming the concept explained by Crow-
ley [1992]. A warming also occurs in the Indian and
Pacific as deep water formation in the North Atlantic
is the main mechanism adding cold water to the inte-
rior to counter the effect of vertical mixing, The par-
tial reduction of the THC has a maximum subsurface
warming in the top kilometer at ~ 10°N in the Atlantic
(Fig. 3a) while for the complete shut-down, the max-
imum warming is located in the same depth interval,
but around 40°S (Fig. 3b). The former is in remarkable
agreement with the temperature anomalies in a freshwa-
ter experiment with a coupled atmosphere-ocean, three-
dimensional circulation model showing a partial shut-
down [Manabe and Stouffer, 1997}. We note that the
distribution of temperature anomaly in experiments E1
and E4 is qualitatively similar to that in experiments
E2 and E4, respectively (maximum subsurface warming
in E1, however, is in the North Atlantic).

The present model also simulates the changes in the
zonally averaged surface air temperature, Taim. It is
clear that temperature changes over the northern North
Atlantic are locally underestimated, because the model
is zonally averaged. The two experiments show that the
qualitative response of Ty, is also strongly dependent
on the intensity of the THC reduction. A partial reduc-
tion leads to a cooling in the northern hemisphere only
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FiFure 1. Latitude-depth distribution in the Atlantic of (a) the stream function {in Sv, 1 Sv = 10% m?
571) and (b-d) major water masses {%) at the initial model steady state (1st column} and in transient

experiments El {2nd col.), E3 {3rd col.), and E4 (4th col.). The circulation response to freshwater flux
anomaly (FFA) in E2 is similar to that in E3 {(Fig. 2). The water masses are {b) North Atlantic Deep
Water {formed between 55°N-80°N}), (c) Southern Ocean Water (70°3-47.5°S), and (d) Central Water
(47.5°5-32.5°N). The duration of the FFA is 2500 yr, 1350 yr, and 1000 yr in experiments E1, E3, and
B4, respectively. The transient distributions, corresponding to 1.3 kyr (E1) and 1.0 kyr {E3 and E4)
after the start of the FFA, are those predicted at the time of minimum thermohaline overturning in the
Atlantic. Contour intervals are 4 Sv and 10%. Regions where the water mass abundance is greater than
80% are shaded.
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Figure 2. Minimum value of the maximum Atlantic stream
function in 12 different experiments. The different experi-
ments are characterized by the same volume of freshwater
released {6 - 10'®* m®) and geographic application of the FFA
{between 32.5°N-45°N in Atlantic), but by a different time
rate of change of the FFA. Experiments labelled E1-E4 are
examined here,

(dashed line in Fig. 4). Changes in the south are very
small. On the other hand, the expected antiphasing
is simulated whenever the THC shuts down completely
(solid line in Fig. 4). The south exhibits a warming
that is close in magnitude to the cooling in the north.
Interestingly, our model simulations suggest that only
complete shut-downs of the THC would be recorded in
the South Atlantic and Southern Ocean.

3.2. AYC Changes during Abrupt Events

Previous experiments with our model included radio-
carbon as an inorganic tracer [Stecker et al, 1992b;
Stocker and Wright, 1996; Stocker and Wright, 1998).
We introduce here a more realistic treatment {Appendix)
where 1C is affected also by the ocean biological cycling
(organic matter and CaCOj cycle). In the following we
use the indexes "inorg” and "org” for AC to refer
to the cases when C is included as an inorganic and
organic tracer, respectively.

We first consider the changes in global ocean export
production in the three experiments examined below
(E1, E3, and E4). These experiments are representative
of, respectively, a small, intermediate, and strong reduc-
tion of the circulation in the North Atlantic (Fig. 2). We
assume no isotope fractionation during CaCQOj3 forma-
tion, so that CaCO; cycling does not directly affect the

OCEAN CIRCULATION AND BIOGEOCHEMICAL CYCLES

distribution of tracers here. The global ocean export
production first decreases {(by 5 to 20%, depending on
the experiment) and then increases in each experiment
{thin, dashed line in Fig. 5a~c). The changes in export
preduction occur primarily in the North Atlantic where
the development of the low-density freshwater cap in-
hibits the deepwater supply of POy (Fig. 6a-b) and its
subsequent erosion leads to a recharge of PQy in the
euphotic zone {see also Marchal et al., 1998b). We il-
lustrate below the influence of changes in the ocean bio-
logical cycling on the atmospheric and oceanic A'4C,,,.

In each experiment the atmospheric A Co, first in-
creases when the Atlantic thermohaline overturning is
reduced and then decreases, essentially when the over-
turning resumes (solid line in Fig. 5a-¢). This evo-
lution is qualitatively similar to that in previous "in-
organic” simulations with our zonally averaged model
[Stocker and Wright, 1996; Stocker and Wright, 1998]
and a three-dimensional ocean circulation model [Mi-
kolajewicz, 1996). The maximum positive anomaly in
atmospheric '*C activity is higher for a more drastic
reduction of the THC, although A“Co,g reached in ex-
periments E3 and E4 are quite comparable. In these two
experiments the AC,., anomaly is initially slightly
higher than the A'Ci;or, anomaly (short dashed line
in Fig. 5b-—c). This offset is due to a drop in the biolo-
gical uptake of 1*C in the surface waters which varies in
concert with the export production {Appendix). Subse-
quently, A'Cqrg is lower than A Ciyer Owing to the
increasing ocean biological uptake. The maximum dif-
ference between the atmospheric A Ciporg and A1 C,,,
is equal to 7-8%., depending on the experiment. This
difference is small, but not neglibible compared to the
anormalies of atmospheric A Cinorg and A G,y simu-
lated in the individual experiments, which reach max-
ima of 20-35%,. We note that the initial increase in at-
mospheric A Cinorg and A Cyy, is consistent with the
rise in atmospheric AMC at the onset of the Younger
Dryas documented in fossil coral and varved sediment
records [Edwards et el., 1993; Goslar et al., 1995; Bjorck
et al., 1996; Hughen et al., 1998; Kitagawa and van der
Plicht, 1998; Goslar et al., 1999]. Our simulations, how-
ever, do not exhibit a decrease in atmospheric AMC
during the model cold phase, in contrast to the gra-
dual decline in atmospheric A C (corrected for changes
in geomagnetic 14C production} during the YD docu-
mented in the same records {see Marchal et al., 1999).
This decline remains a major problem to be solved in
the future [Goslar et al., 1999].

We now examine the distribution of AMCy,, in the
three oceanic basins at the time of minimum Atlantic
thermohaline overturning in experiments E1, E3, and
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nimum Atlantic thermohaline overturning in experiments {a} E2, partial THC shut-dewn {0.8 kyr after
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Figure 4. Meridional profile of the atmospheric tempera-
ture anomaly at the time of minimum THC in experiments
E2 (- ——) and E4 {———).

E4 (Fig. 7b-d). AMC,,, exhibits an increase generally
above ~ 2000 m in each basin, and a decrease at depth,
essentially in the North Atlantic (Fig. 8a—c). Again,
these results are in line with previous inorganic simu-
lations with our mode! and a 3-d model [Mikolajewicz,
1996]. The maximum difference between the anoma-
lies of oceanic A'¥Ciyorg and AMCyp, ranges from -9

to +7 %o, depending on the ocean basin and the ex-
periment. More than 99% of the variance of AMCqr
is explained by a linear regression against Al Cipory in
El, E3, and ¥4, Thus, changes in biological cycling
have a minor effect on the oceanic A*C,,, anomalies
simulated by our model and these anomalies can safely
be interpreted as reflecting a local imbalance between
air-sea gas exchange, oceanic transport, and radioactive
decay.

The largest negative A'C,,, anomalies, amounting
to about -100%. in each experiment, are predicted in
the deep North Atlantic (Fig. 8a—c). These are clearly
related to the retreat of freshly formed North Atlantic
Deep Water which is rich in *C (Fig. 1b and Fig. 7a).
The advance of the deep component of Southern Ocean
Water (Fig. 1c¢) is insufficient to compensate the effect
of this retreat, because this component contains much
less *C than the freshly formed NADW as it reaches
the deep North Atlantic. On the other hand, the largest
positive A1 C,; anomaly, greater than 60 %o, is simu-
lated in the upper kilometer of the South Atlantic in
experiment E4 (Fig. 8¢c). Interestingly, the anomaly is
coincident with the prominent subsurface warming pre-
dicted in this experiment {Fig. 3b). We infer that the
¢ enrichment and temperature increase are associ-
ated with the partial replacement of cold SOW by the



270

40 T t——— 8.5

- a |

8.0
7.6

1q 7.0

8.5

40—y 8.5

g

=}

o

.

[

¢l

40 T T T T T T e BS X
~ 1 b] " 3
£ 0N 480 3
-~ i o
;20 N wmmmwm},w.'. A Z
K] . 4 7.5 e
g 5
2 70 o
< [=]
r =4
_10||||f||_4111||1[|||||x||| 6.5
[}

o+

9]

e

HI

8.0
7.8
7.0
_mi._.‘.ll.,sl....|=..,|,.. 6.5
¢ 1000 2000 3000 4000 5000
TEME {yr]

Figure 5. Atmospheric A C anomaly in experiments {(a)
El, (b} E3, and {c) E4. The AMC anomaly simulated when
1 is included in the model as an inorganic tracer (— — —)
and as an organic tracer ( } are represented, The
global ocean export production (thin, dashed line) and the
period during which the THC is altered (shaded area) are
reported in each panel.

warmer Central Water (Fig. 1c-d), in a region where the
convective activity and hence 1*C transport to depth is
enhanced. Finally, we note that the positive A”Corg
anomalies simulated at intermediate depths (< 2000 m})
in the Southern Ocean, Indian, and Pacific {Fig. 8a—c¢)
cannot be due to A C,,; changes occurring below since
the former are negative. These anomalies evidence a
far-field effect, whereby the reduction of deepwater for-
mation in the North Atlantic produces an increase in
the atmospheric *C activity which is then transmit-
ted to the other basins through the sea surface by gas
exchange.

3.8. Oceanic POy and 8'°C Changes during Abrupt
Events

The reduction of the Atlantic thermohaline overtur-
ning in the different experiments has a variable influ-
ence on the distribution of PO, and 6'3C in the ocean
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(Figs. 9 and 10}. Negligible POy and 6'3C anomalies
at the depth of the NADW core in the model steady
state are simulated in experiment El where the At-
lantic thermohaline overturning is reduced to only ~
15 Sv (Fig. 11a and 12a). By contrast, the anoma-
lies become paleoceanographically significant when the
overturning drops to 9 and 3 Sv (Fig. 11b—c and 12b—c).
Strong POy increases (> 0.3mmolm™3) and §1°C de-
creases {< —0.3%o) are then present in the deep North
Atlantic, with a general decline of their absolute ampli-
tude from north to south in this basin. The chemical
and isotopic shifts in the other basins, are much smaller,
except for 6'3C at some locations in the South Indian,
South Pacific, and Southern Ocean (Fig. 12b—c).

The oceanic POy and §%C anomalies simulated in
our experiments must be related to changes in the local
rate of organic matter oxidation, air-sea gas exchange
(affecting the preformed §'3C), and/or proportion of
the deep water masses. We consider plots of §'*C ano-
maly versus POy anomaly predicted in the Atlantic and
Southern Ocean in order to identify the most influential
processes {Fig. 13). The general trend expected if these
anomalies were caused only by organic matter cycling,
is indicated by a solid line in each plot. This Red-
field line has a negative slope of —~1.2%, (mmolm=3)~!
based on model stoichiometry [Marchal et al., 1998a].
Departures from this line, represented by dashed lines
labeled with numbers expressed in %o, reflect the ef-
fects of the air-sea gas exchange which influences §1°C,
but not PQO,.

Two major features appear in the plots of 4°C ano-
maly versus PO4 anomaly (Fig. 13). First, waters
deeper than 1000 m in the North Atlantic (ocean do-
main I below) exhibit strong POy enrichment and 6'3C
depietion. The departure from the Redfield line is less
than 4+0.5%. in each experiment (filled circles). Se-
cond, waters in the upper 1000 m in the Atlantic south
of 65°N and in the Southern Ocean (domain II) exhibit
a very strong 6'2C depletion with a moderate PO, de-
crease ("+" in Fig. 13). The departures from the Red-
field line are larger for a greater reduction of the THC
and reach more than 1%, at some locations in experi-
ments E3 and E4 (Fig. 13b—c). We note that §'*C of wa-
ters in the upper 1000 m north of 65°N in the Atlantic
{(domain II) rises by more than 1% in experiment B4
(x in Fig. 13c). On the other hand, waters between 1-4
km in the South Atlantic and Southern Ocean {(domain
IV, open circles in Fig. 13) exhibit much lower chemical
and isotopic shifts than in the same depth interval in
the North Atlantic.

The first major feature in the §'*C anomaly-PO4
anomaly plots is examined with more detail. The small
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departure from the Redfield line indicates that the air-
sea gas exchange has a relatively minor influence on the
§'3C anomalies and points to organic matter cycling as
an important process. We identify whether the strong
POy and 4'3C anomalies simulated at the depth of the
NADW core are related to an increase in the local rate
of organic matter oxidation, Agrg. This increase is cal-
culated as:

1p+ 4
Jorg (£)dt — Jorg (o) - At, (1)

to

where Jorg is here the local rate of DIC production
through the oxidation of POC and DOG;, #y is the time
of the initial steady state, and {o + At is the time cor-
responding to the PO, and §'C anomalies, i.e. At =
1.3 kyr in experiment E1 and 1.0 kyr in experiments E3

and E4. In experiments E3 and E4, Ag, is negative
in the North Atlantic {non shaded areas in Fig. 11b—¢
and 12b-c). This shift is due to the lowered injection
of surface, DOC;-rich waters to depth in the northern
North Atlantic and, to a lesser extent, to the drop in
the oxidation rate of POC associated with the decline
in export production. Thus, the prominent chemical
and isotopic changes predicted in the NADW core can-
not result from an increase in the local rate of organic
matter oxidation. These changes are related, instead,
to a drop in the ventilation by PO4-poor and §13C-rich
waters which becomes insufficient to balance the effects
of organic matter oxidation at depth.

The second major feature in the §'3C anomaly-PO4
anomaly plots is the atypical 6'*C depletion in the up-
per 1000 m in the Atlantic south of 65°N and in the
Southern Ocean. A possible effect here is a decrease
in surface 8'3C, associated with the decrease in export
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production, which would occur in the absence of phos-
phate. Whereas the export production generally de-
clines (Fig. 6a), the POy level in the euphotic zone does
not go to depletion in the Atlantic and Southern Ocean
(Fig. 6b). This leads us to conclude that 6*3C of do-
main II-waters are markedly influenced by the effects
of air-sea gas exchange. We now inspect the changes in

the surface §3C, 613C,,,r, and in the surface §'3C ex-
pected from isotopic equilibrium with the atmosphere,
313C,q (Fig. 14a-b). In the three experiments (E1, E3,
and E4) the surface waters south of 30°N in the At-
lantic become isotopically lighter. By contrast, the sur-
face waters further north in the same basin exhibit ge-
nerally an isotopic enrichment. &'3Cgq, on the other
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hand, is slightly depressed south of 30°N and enhanced
north of this latitude. The fact that 613 Cyyyy follow the
§13C,, changes suggests that the air-sea gas exchange is
influential in producing the surface isotopic anomalies.
More important, the absolute value of the isotopic dise-
quilibrium, §'3Cyypr — 813Ceq, decreases generally at all
latitudes in the Atlantic (Fig. 14¢). A major contributor
to this is likely the increasing residence time of waters
at the surface in the Atlantic when the THC is par-
tially (experiments E1 and E3) or completely collapsed
(E4), which permits a better isotopic equilibration with
the atmosphere. Interestingly, the isotopic anomalies
are propagated to depth once they are generated at the
surface (Fig. 9¢—d and 10c-d). In the South Atlantic,
this occurs through the deepening of the Central Water
(Fig. 1d) which contains a small amount of POy4 but is

strongly depleted in §'3C. Thus, we infer that a com-
bination between changes in the air-sea gas exchange
and oceanic transport is responsible for the POy and
#13C anomalies simulated in the upper 1000 m of the
Atlantic (Fig. 13b-c).

4. SUMMARY AND CONCLUSIONS
4.1. Physical Changes

It was initially proposed that variations in the fiux of
the relatively warm NADW would lead to a temperature
evolution in phase in the two hemispheres [ Weyl, 1968].
Imbrie et al. [1992] argued that this "NADW-Antarctic
connection” contributed to the progression of climatic
anomalies at Milankovitch frequencies from the Arctic
to the other regions. Bender et al. [1994a] observed that
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isotopic events are more rapid and more numerous in ice
records from Greenland than from Antarctica. They
inferred that long interstadials first originated in the
northern hemisphere and were then transmitted to the
other hemisphere. This would have occurred through
partial deglaciation and changes in ocean circulation
[Bender et al., 1994a). These authors cautioned, how-
ever, that their inference cannot be proven {past chan-
ges in the "0 /%0 ratio of atmospheric O are too small

to permit a sufficently accurate synchronization of the
ice cores).

The occurrence of a NADW-Antarctic connection at
millennial time scale is not supported by the follow-
ing lines of evidence. First, the CH4-synchronization
of ice core records from both polar regions implies that
Greenland interstadials which occurred between 47-23
kyr BP lagged their isotopic counterparts at Byrd and
Vostok by 1-2.5 kyr on average [Blunier et al., 1998].
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Second, in a high-resolution sediment core raised from
the Southern Ocean, the planktonic §'¥Q anomalies (a
proxy of local $8ST) lead the benthic §'2C anomalies (a
proxy of deepwater production in the northern North
Atlantic) by ~ 1,500 yr [Charles et al., 1996]. Finally,
the NADW-Antarctic connection is inconsistent with
various model simulations which exhibit pronounced cli-
mate antiphasing between high northern and southern

latitudes during periods where the THC is substantially
altered [Stocker, 1999].

In our simplified model, freshwater-induced reduc-
tions of the Atlantic thermohaline circulation produce
cooling at high northern latitudes and warming at high
southern latitudes. Conversely, the resumption of the
THC from a state of total collapse promotes warming
in the north and cooling in the south. An interesting
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Figure 11. Distribution of the POy anomaly (mmolm™%)
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hypothesis is that this mechanism has contributed, at
least partly, to the north-south climatic antiphasing du-
ring the prominent Greenland interstadials 12, 8, 1 [Blu-
nier et al., 1998] and the Younger Dryas termination
[Blunier et al., 1997]. When these northern hemisphere
warming events initiated (within several decades) the
gradual warming that occurred previously in Antarctica
was interrupted and followed either by a strong cooling,
such as after the Greenland interstadials 12 and 8 [Blu-
nier et al., 1998], or a moderate cooling or a plateau
such as the Antarctic Cold Reversal after interstadial 1
(Balling/Allergd) and after the YD termination [Jouzel
ef al, 1995; Sowers and Bender, 1995, Blunier et al.,
1997). Recently, Steig et al. [1998] synchronized the D
record from Taylor Dome, a near-coastal East Antarctic

OCEAN CIRCULATION AND BIOGEOCHEMICAL CYCLES

site, to the GISP2 4D record based on measurements of
the 180/180 ratio of O, and of the CHy4 content in both
cores. They documented that, unlike Byrd and Vostok,
Taylor Dome experienced an abrupt warming at the on-
set of the Bglling and temperature minima during the
YD in the Greenland record. A possible cause of the
apparent inconsistency between the different Antarctic
records is that short-term climate changes were not uni-
form throughout Antarctica.

Moreover, in our experiments, cooling in the north
is less and not accompanied by temperature changes
in the south in the case of partial collapses of the At-
lantic thermohaline circulation. Another hypothesis is
therefore that the shorter Greenland 680 oscillations
do not have clear counterparts in isotopic records from
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Figure 12. Distribution of the §'*C anomaly (%o) at the
depth of 2250 m {corresponding to the core of the NADW
in the initial model steady state) at the time of minimum
THC in experiments E1 (a), E3 (b), and E4 (c). Regions
where Agz > 0 (see text for definition) are shaded.



A(B13C) [%o] A(35C) [%o]

A(813C) [%Zo]

T~ T T T i ¥

X GAS EXCHANGE ]
OM CYCLING M

GAS EXCHANGE _|

OM CYCLING ‘X
A\

i } I

-1 0 1 2

A(P0O,) [mmol m™3]

MARCHAL ET AL. 277

Byrd and Vostok [Blunier et al., 1998} because the two
hemispheres are decoupled in this case. Clearly, major
questions remain regarding the millennial-scale climate
changes of the last glacial period [Stocker, 1998; Cane,
1998].

First, we stress that we have examined only one po-
tential mechanism with a particular model. On the
one hand, a clear distinction must be made between
the freshwater perturbation experiments done here and
the more general issue of reducing the ocean thermo-
haline circulation. It is obvious that factors other than
meltwater discharges in the North Atlantic basin and
not included in our experiments could also alter the
THC, For instance, simulations with a 3-d ocean cir-
culation model illustrate that southern hemisphere cli-
mate could impact the northward inflow of warm wa-
ters into the North Atlantic and the southward ouflow
from this basin through the westerly wind stress in the
circumpolar region {Toggweiler and Semuels, 1993]. In
addition, many processes which could have contributed
to the fast climatic changes of the last glacial period
are not represented. These processes include, for exam-
ple, the feedback between the northward heat flux by
the THC and glacial meltwater discharge at high north-
ern latitudes, sea level changes affecting the stability
of remote ice shelves, and variations in the atmosphe-
ric transport of water vapor. On the other hand, the

o 7N-—-80N, 1-4 km
+ 705—-65N, 0—1 km
X B5N—80N, 0—1 km
@ 70S— 7N, 1-4 km

Figure 13. §!3C anomaly versus PQ4 anomaly in four dif-
ferent domains in the Atlantic at the time of minimum THC
in experiments E1 (a), E3 (b), and 14 {c}. The solid line has
a stope of 1.2 %o (mmolm~3)"! and illustrates the com-
position change expected from the effect of organic matter
cycling. The dashed lines represent various departures from
this line and illustrate composition changes expected from
the effect of air-sea gas exchange.
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Figure 14, Meridional profile of (a) surface §'*C, §'%C,.y, (b) surface 6§'3C expected from the equi-
librium with the atmosphere, §'*Ceq, and (b) air-sea isotopic disequilibrium 6'3Cuypr ~ §'3Ceq. The

different curves correspond to the initial model steady state {
) E3 (—-

THC in experiments E1 (—— ——

limitations of our simplified model must be acknowled-
ged. A major limitation comes from the zonal average
representation of the ocean and atmosphere (for a dis-
cussion see Wright and Stocker, 1993). It is thus impe-
rative that the scenario illustrated here be confirmed by
more complete models in order to obtain a more detailed
understanding of the north-south thermal antiphasing
documented for abrupt changes during the last glacial
period.

} and to the time of minimum
), and E4 (—— ).

Another question concerns the geographical location
and nature of the trigger(s) of the climatic sequences
documented in palecarchives from the northern and
southern hemispheres, According to Imbrie et al. [1992},
both theory and observation show that the initial res-
ponse to orbital forcing must occur at high north-
ern latitudes. Recent observations would suggest that
millennial-scale climate changes originated rather in
the southern hemisphere [Charles et al., 1996; Blunier
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et al, 1998]. On the other hand, the role of the tro-
pics and their interaction with middle and high lati-
tudes need to be considered [Chappellaz et al., 1993;
Guilderson et al., 1994; McIntyre and Molfino, 1996;
Bard et al., 1997, Thompson et al, 1997). The na-
ture of interstadial forcing and response may well vary
from one event to the next, as speculated by Bender
et al. [1994a). The search for cause-effect relations for
millennial-scale climate changes is difficult much like for
a mechanical systern of two coupled oscillators in which
the coupling constant can change in time.

4.2. Biogeochemicel Changes

In addition to producing climate antiphasing bet-
ween north and south, freshwater-induced changes of
the THC also lead to spatially variable anomalies of
AYC, POy, and 6'3C in our model. The simulated
tracer anomalies are strongest when the THC collapses
completely (experiment E4). In experiment E4, the
average prominent POy enrichment and §'3C depletion
between 1000 m in the North Atlantic (domain I) can-
not only be due to mixing with a nutrient-rich end
mermber, because the average composition of domain
I-waters becomes extreme in the §'*C-PQOy plot (filled
circles in Fig. 15). The only mechanism to achieve this
composition is through an imbalance between the remi-
neralization of organic matter and the import of POy-
poor and §'3C-rich waters. Interestingly, the averaged
§'3C depletion in domain I is less than that predicted
by the Redfield line (see also Fig. 13c, which shows that
domain I-waters are most generally shifted above this
line). A likely contributor to this is the §*3C enrichment
of surface waters in the northern North Atlantic which
are still transported to depth during the early phases of
the THC collapse.

Waters in the upper 1000 m in the Atlantic south
of 65°N and in the Southern Ocean (domain II; ”4”
in Fig. 15) experience, on average, moderate POy and
6*3C depletions. The change in average composition
is approximately orthogonal to that expected from or-
ganic matter cycling. This indicates that a combination
between the air-sea gas exchange and oceanic transport
is here influential. This is in line with our previous
interpretation of the shift of domain II-waters to the
bottom left guadrant in Fig, 13c.

Waters in the upper 1000 m north of 65°N in the
Atlantic {(domain III; x in Fig. 15) exhibit generally
moderate POy depletion but very strong 6'3C enrich-
ment. Again, the change in average composition cannot
be due to mixing with a POy-poor and §**C-rich end
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member because the composition becomes extreme in
the 813C-POy plot. The only possibility is therefore
through a combination between surface gas exchange
and organic matter cycling,.

Finally, waters below 1000 m in South Atlantic and
Southern Ocean {domain IV; open circles in Fig. 15)
experience, on average, much smaller chemical and iso-
topic shifts than those in domains I-1I1. Here, the change
in average composition is upward and to the right in the
§13C-POy plot, which allows us to rule out a dominant
effect from organic matter cycling. The slight POy4 en-
richment must be associated with mixing with waters
of the deep North Atlantic (domain I} which become
strongly nutrient-rich. The small §*3C increase, on the
other hand, must be due to mixing with waters above
1000 m {domain II) whose average 8'3C, though it has
decreased, remains higher than that in domain IV be-
low.

Our model experiments suggest that the same ocean
circulation change in the Atlantic can produce very
distinct anomalies of A'C, POy, and §'3C between
different depths, latitudes, and basins. Some regions
exhibit prominent, but opposite chemical and isotopic
shifts, whereas others are weakly sensitive to THC chan-
ges. These results suggest that deep sea records of
foraminiferal AC, Cd/Ca, and 6'3C need not neces-
sarily exhibit a uniform response throughout the deep
ocean during abrupt climatic changes.

APPENDIX A: BIOGEOQOCHEMICAL
PROCESSES IN THE EUPHOTIC ZONE
(z < Zeup)

The biological cycling and air-sea gas exchange of 14C
are based on the theoretical expectation that, for pho-
tosynthesis and surface gas exchange, the fractionation
factor for the 1YC-'2C pair should be the square of the
fractionation factor for the *C-12C pair [Creig, 1954].
We consider separately the formulation of biogeochemi-
cal processes in the euphotic zone, in the aphotic zone,
and at the sea surface.

Dissolved inorganic radiocarbon, DI'*C, is biologi-
cally consumed in the euphotic zone (top 100 m) through
the formation of organic matter and carbonate parti-
cles. The volumetric rates of DI'*C removal through
the formation of organic matter, nggmo, and carbonate

JDic

particles, J,; “, are expressed as:

JDI“C

arg

(A1)
(A2)

— 2
_- Rwaorg JO[’E H

Jul”C

_ 2
car = Ryog, rpJorg,



where R, is the DI} C/DIC ratio, Otorg 8Nd Orcar are the
fractionation factors for the pair }*C-*?C for photosyn-
thesis and calcification, respectively, Jory is the rate of
DIC removal throngh the formation of organic matter,
and ry, is the production ratio, i.e. the ratio between the
production of CaCO3 to the production of organic car-
bon in the euphotic zone. In our model, ag,; depends
on the concentration of aqueous CO; [Rau et al., 1989},
Qear = 1 [Mook, 1986), Jorg is described as a function of
the concentration of POy through Michaelis-Menten ki-
netics, and 1, is related to temperature [Drange, 1994).

The labile dissolved organic radiocarbon, DO (), is
biologically produced in the euphotic zone owing to the
formation of organic matter:

14 14
JRONG = g gpite
= —0 R0l Jorgs (A3)
Jpoter = o, (Ad)

where ¢ = 0.5 is the fraction of organic carbon se-
questred into DOC; [Marchal et al., 1998a].

APPENDIX B: BIOGEOCHEMICAL
PROCESSES IN THE APHOTIC ZONE
(2 > Zeup)

DI*C is produced in the aphotic zone (below 100 m)
through the remineralization of organic matter and the
dissolution of carbonate particles. We denote by J‘l,),}r: ¢
the recyciing of fast sinking particulate organic matter,
and by JDLC the recycling of labile dissolved organic
matter. Thus,

Ditic  _ DIMC DIMC
Jorg Jpom +Jdom

3FDl”C

i

— pom

= """“”5';‘"‘"“ +KDOMC],

14 FDIC
Tor 0 =~ (B2)

(B1)

where F2LC and FDIMC 4re the fluxes of DIMC asso-
ciated with fast-sinking POM and carbonate particles
at a given depth in the water column, and « is a first-
order decay rate calculated so that the ocean inventory
of DOC; remains constant in the simulations [Negjjar
et al., 1992}

F[E,I,:C and FBI"C depend on the fluxes of fast-

sinking POM and CaCOj; at the base of the euphotic
zone:
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14 14 z —£
FPIC(z) FEC(z,00) (z )
eup
Zeup
l‘ic z —€
- —a-o) [Eea ()
eup
1]
(B3)
FRIMCy = FPIMC(z,.,) - (e—(z-z,u,,)/i,di,)
ZCUP
e f ng{_lécdz ) (e~(z—ze.,,,)/[,dl.‘),
[F]

(B4)

where € = (1.858 is the exponent in the fast sinking POM
remineralization profile [Bishop, 1989] and Ly = 3000
m is the length scale of the CaCOj dissolution profile
[Marchal et al., 1998a). The fluxes Fg‘,:c and FPIYC
at the ocean bottom are recycled in the deepest model
layer as our model does not include sediment burial.
Finally, DOC, is oxidized in the aphotic zone ac-

cording to

JhoM e ~xDOMC,, and  (B5)
Jhota — o, (B6)

APPENDIX C: GAS EXCHANGE
The ne%qﬂux of ¥CO, from the ocean to the atmo-
sphere, F,,502, is expressed as:

FHCO; — Rw02 FC02 _ Raangngg’ (Cl)

wa,n wat wa

where FGO2 and F5O2 are the gross fluxes of CO; from
the ocean to the atmosphere and from the atmosphere
to the ocean, R, and R, are the " C/{*?C + '¥C) ratios
of surface DIC and atmospheric CO», and ay, and aay
are the fractionation factors for the pair 13C-12C for the
air-sea gas exchange. In our model, FS©2 and FSO2 are
related to the air-sea difference of the partial pressure
of CO, via a constant transfer coefficient ¢ = 0.067
mol m~? yr~! patm™!, whereas aay and oy, depend
on temperature and DIC speciation in the surface water
[Marchal et al., 1998a}.
sz introduce appropriate scalings in the formulation
of FWZ%OE in the case where *C is included as an inor-
ganic tracer, in order to compare consistently A1400rg
with AMCiygrg. The formulation of Stocker and Wright
[1996] is used:
Fuld* = 9ol €[DIMC] — gal, [*CO:);

wa,n

(©2)
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where g is the gas transfer velocity for CQy, £ is the
bufler factor for 1*CO; in seawater, and ['*CO;); is the
concentration of atmospheric **CO; in units of oceanic
concentration. g is related to the COy transfer coeffi-
cient p through ¢ = p - pCO3 , /{DIC]°, where pCOj ,
and [DIC}® are reference values of the partial pressure of
CO; and DIC concentration in surface seawater, respec-
tively. With g = 0.067 mol m~2 yr~! gatm™!, pCO3 ,,
= 280 patm, and [DIC]® = 2.052 mol m™3, we obtain
g =9.1m yr~!. We choose £ = 1, which is a good ap-
proximation for CO, in seawater. Finally, [!*CO,}?
is calculated as [11CO,); = [14CO,], - [DIC] / [CO4J,
where [1¥C0;], is the concentration of **CQ; in the at-
mosphere (mol m=3 of air), [DIC] = 2.250 mol m~3
is a reference, ocean mean concentration of DIC, and
[CO.J = 1.184 - 107? mol m™? is a reference concen-
tration of atmospheric CO,.

The concentrations of radiocarbon in the ocean and
in the atmosphere are expressed in conventional AMC
units. In the organic case, AMC is calculated as

AMC = (2N 1y 1000.
s
rse = 1.176 - 10712 is the standard '1C/12C ratio and
rn is the ¥ C-normalized activity given by

=7 (1 2(5}30 + 250/00)
N 1000 % ’

where r is the 1 C/12C ratio and §'3C denotes the re-
duced isotopic ratio referenced to the PDB standard
[ Craig, 1957}.

In the inorganic case, we omit isotopic fractionation
during the gas exchange, ie. a2, = a?, = 1. Thus,
A is calculated without the correction for isotopic

fractionation. For the atmosphere:

AMQ = ([Mcozr}s/icoﬂﬁ

(C3)

(C4)

- 1) -1000%:.  {C5)

For the ocean:

14 [ el
AlC = (w - 1) -1000%0.  (C8)
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