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ABSTRACT

A two-dimensional latitude-depth ocean model is developed on the basis of the zonally averaged balance
equations of mass, momentum, heat, and salt. Its purpose is to investigate the dynamics and variability of the
buoyancy-forced thermohaline circulation. For the time scales of interest an annually averaged model is selected,
and the momentum balance is taken to be diagnostic. The east-west pressure gradient, which arises upon zonally
averaging the momentum equations, is parameterized in terms of the meridional pressure gradient.

The thermohaline circulation is driven by mixed surface boundary conditions, i.e., temperatures are relaxed
to prescribed values while the salt flux is held constant. The dynamics of the flow is investigated in hemispheric
and global geometries for both short and long time integrations, the latter extending over many thousands
of years.

As has been noted by previous investigators, it is possible to perturb a steady state such that a diffusively
dominated regime results. By considering a simple analytic model for the diffusive state in an ocean with a
linear equation of state, it is demonstrated that any steady, diffusive state is unstable. Convective overturning
must occur either at low or at high latitudes. In the former case adjustments are minor, whereas high latitude
convection can result in a basinwide rearrangement of the water masses. These two different processes are
verified in the present model; violent overturning repeats about every 20 000 years. The application of the
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model as a component of a two-dimensional paleoclimate model is discussed.

1. Introduction

Until recently, the World Ocean was commonly
considered to play only a passive role as a component
of the climate system, simply acting as a reservoir of
heat and water. During the last few years, however,
new attention has been focused on the variability of
the ocean circulation in relation to climatic change. In
particular, the thermohaline circulation has been rec-
ognized as a key part in the interactions of the atmo-
sphere, cryosphere, and hydrosphere (Broecker and
Denton 1989). The implementation of more sophis-
ticated oceanic components into climate models is
therefore necessary. In presenting a zonally averaged
ocean model, we hope that the present paper is a con-
tribution toward this task.

Studies of the atmospheric circulation and energy
balance imply that about 50% [i.e., 2 to 3 PW (1 PW
= 10" W)] of the global meridional heat transport is
carried through the World Ocean. Unlike in the at-
mosphere, the heat flux in the ocean is mainly due to

* Visiting from: Department of Fisheries and Oceans, Bedford In-
stitute of Oceanography, Dartmouth, Nova Scotia, Canada.

Corresponding author address: Dr. Daniel G. Wright, Bedford In-
stitute of Oceanography, Dartmouth, Nova Scotia, Canada, B2Y 4A2.

the mean meridional overturning, as confirmed by
various general circulation models (e.g., Bryan 1987;
Manabe and Stouffer 1988) and observational studies
(Hall and Bryden 1982; Wunsch 1984).

A qualitative understanding of this density-driven
circulation was provided by Stommel (1961). He
demonstrated, using a box model, that two different
states of the oceanic system are possible under identical
forcing. They correspond to a direct and an indirect
circulation, whereby high-latitude cold water is sinking
in the former and low-latitude warm but saline water
is sinking in the latter. Associated with these states are
meridional heat fluxes in different directions. Whereas
the direct cell carries heat poleward, the opposite is
true for the indirect cell.

Rooth (1982) extended Stommel’s model including
two polar boxes and one equatorial box with a deep
connection between the polar boxes. A three-box model
allowing for deep flow between the polar and equatorial
boxes was studied by Welander (1986). Of nine pos-
sible solutions for the dynamical system, four are stable.
These are the direct and the indirect symmetric modes
and two pole-to-pole circulations with deep water
forming either in the Northern or the Southern Hemi-
sphere.

The Bryan-Cox Ocean General Circulation Model
(OGCM) was used by Bryan (1986) to test the validity
of the conclusions based on the earlier conceptual box

1713

© 1991 American Meteorological Society



1714

models. He found three different “steady” states under
mixed boundary conditions, i.e., surface temperatures
are relaxed to specified values, whereas the surface salt
flux is fixed. The first state, to which the model con-
verges under restoring boundary conditions (both tem-
perature and salinity are relaxed to specified values)
shows two hemispheric cells. Deep water is formed at
high latitudes in both hemispheres, and upwelling oc-
curs in low latitudes; the meridional heat flux is sym-
metric. The two other states consist of only one global
cell with downwelling in one hemisphere and upwelling
in the other. The corresponding meridional heat flux
is asymmetric in this case. Manabe and Stouffer (1988)
mention that an additional steady state may exist in
Bryan’s (1986) model. This state has a weak and shal-
low thermohaline circulation with an intense halocline
at high latitudes. Unless salt is added in high latitudes,
the symmetric state collapses to this weak circulation
(Bryan 1986).

Marotzke et al. (1988, henceforth MWW) developed
a two-dimensional, zonally averaged ocean model and
showed that the symmetric two-cell circulation is un-
stable and undergoes a transition to a one-cell circu-
lation when the boundary condition on salinity is
switched from restoring to flux type. Thus, both Bryan
(1986) and MWW present results that indicate the
symmetric two-cell circulation obtained under restor-
ing boundary conditions is unstable upon a switch to
mixed boundary conditions. Welander (1986), how-
ever, predicts this state to be stable; this is due to the

lack of vertical structure in the simple box model. In

a later study, Marotzke (1989) showed that the collapse
of the thermobhaline circulation observed by Bryan
could be reproduced by the two-dimensional model of
MWW. He then demonstrated the important result
that, in both two- and three-dimensional ocean models,
this diffusively dominated state is actually very slowly
evolving and eventually exhibits a dramatic instability.
Weaver and Sarachik (1991a,b) explore the dynam-
ics of the thermohaline circulation in a 33-level Bryan-
Cox OGCM. Long integrations (>7000 surface years,
21 000 bottom years) were performed in both hemi-
spheric and global basins. The model confirms the
temporal and spatial variability of the thermohaline
circulation; different scenarios are observed, such as
successions of violent overturning ( flushes) occurring
on a time scale of 100 to 1000 years; also decadal vari-
ability is present. Eventually, a one-cell steady state is
realized in both hemispheric and global basin runs.
The purpose of this paper is threefold. First, a zonally
averaged, latitude-depth ocean model is developed on
the basis of the balance equations of momentum, mass,
heat, and salt. The focus of the model is the thermo-
haline circulation and its variability. Second, we in-
vestigate the flow dynamics of the present model under
mixed boundary conditions and verify the findings of
MWW, Marotzke (1989), and others. Third, we apply
the model in Part II (Stocker and Wright 1991) to
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study the interocean thermohaline circulation in a Pa-
cific-Atlantic basin system.

The paper is organized as follows. Section 2 presents
the model development. The numerical procedure is
briefly described in section 3. Section 4 deals with the
model spinup and some comparisons with previous
thermohaline circulation models using mixed bound-
ary conditions. Section 5 examines the diffusively
dominated state and its ultimate instability. Conclu-
sions follow in section 6.

2. Formulation of the two-dimensional ocean model
a. Balance equations and boundary conditions

We consider a Boussinesq ocean of uniform depth
H and angular width AA. The inertial terms are as-
sumed negligible, and the hydrostatic approximation
is made. It is shown below that horizontal viscosity is
not needed to satisfy the conditions of no flow through
lateral boundaries, so it is neglected. Vertical diffusion
of momentum is included, but it plays a minor role.
Seasonal and higher frequency variations are not con-
sidered, therefore, the momentum equations reduce to
diagnostic balances. Temperature and salinity evolu-
tion are governed by advection-diffusion equations
with constant horizontal and vertical diffusion coeffi-
cients, Ky = 10°m?s™'and K = 0.4 X 10 m?s™".
The density is related to temperature and salinity by a
linear equation of state.

To obtain an appropriate set of zonally averaged
equations, we write the equations in spherical coor-
dinates and apply the operator

1 AE

Y= dn, 1
R v vl (1)
where Ay and A are the longitudes of the western and
eastern boundaries. Assuming no material or diffusive

flux through Ay and Ag, the following set of equations

is obtained:
—250F = — p:acﬁ— + 53; (% ‘;—';_-) , ()
2saﬁ=~;§é%€+§z(—ﬁ4§g§>, (3)
L —peH, 4)
b"—(c‘ngz(}%w)w, (5)

a cZKHGT a KV(?T
—_( a? 6s)+6z(H282)’ (6)
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where s = sing, ¢ = cos ¢, ¢ is the latitude, and z is the
nondimensional vertical coordinate, increasing from
—1 at the bottom to O at the top; u#, v, and w are the
horizontal and vertical velocity components; T, S, p,
and p denote the temperature, salinity, density, and
pressure; p, = 1027.79 kg m™3, T, = 4°C, S, = 35
pDt, @ = 0223 kg m™3 K™}, and 8 = 0.796
kg m™ ppt™'; Q and a are the angular velocity and
radius of the earth g 1s the acceleration due to grav1ty,
and 4 = 10™* m? s™! is a constant vertical eddy vis-
cosity. The zonally averaged east-west pressure gra-
dient,

— p()\W, S, Z)

)\E_)\W ’

A Ae, S, Z
Ki— _PQg, 8, 2) 9)
cannot be determined from (2)-(8), and an additional
parameterization is required to close the system. This
will be discussed in section 2c.

We assume that a8 can be reasonably approximated
by « * § for any quantities « and 8 in (6) and (7). The
major physical effect neglected by making this approx-
imation is the horizontal heat and salt transports due
to gyre circulation. In the absence of wind stress, the
gyre circulation is weak, and this is a good approxi-
mation. Even with wind stress included, there is some
support for this approximation. Experiments with gen-
eral circulation models of the ocean (Meehl et al. 1982;
Bryan 1987) and a coupled atmosphere-ocean GCM
(Manabe and Stouffer 1988 ) suggest that the northward
transport of heat in the Atlantic under present condi-
tions is dominated by the meridional overturning or
thermohaline circulation. Based on these results we
neglect the meridional transport due to gyres. This may
not be a good approximation when the flow exhibits a
very weak and shallow thermohaline circulation.

Boundary conditions have to be specified at the top
and the bottom of the ocean, as well as at the northern
and southern walls of the basin. At the ocean surface,
the fluxes of momentum, heat, and salt are continuous,
and the vertical velocity vanishes in a rigid-lid for-
mulation. For a buoyancy-driven ocean we have

p*A(uz, vz) = 0, w= 0> (10a—c)

K
—FV(TZ, S:) = (Qu, Os),

(10d,e)
where the overbars are here and henceforth dropped;
Qp is the flux of heat from the ocean to the atmosphere
(note the sign convention, whereby positive fluxes are
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strictly upward). For ocean-only runs Oy represents a
heat flux due to Newtonian cooling, namely,

R

(11)
where Az is the nondimensional depth of the top grid
box, T* is a prescribed relaxation temperature, and 75
a relaxation time scale for heat. Likewise, the salt flux
is given by one of the following equations:

HAz

(S S*) (12a)

Os=
Qs-

In(12a), $* and 7gare the relaxation sahmty and time
scale, respectively; whereas in (12b), Q% is a fixed salt
flux, which may be diagnosed from a previous calcu-
lation. The use of (11) in conjunction with (12b)is a
standard procedure for climate models and represents
the case of mixed boundary conditions (Welander
1986). They account for the fact that sea surface tem-
perature influences the heat flux (sensible, longwave,
and latent); sea surface salinity, on the other hand, has
no instantaneous effect on the salt flux (precipitation-
evaporation).

At the ocean bottom a no-stress boundary condition
is applied, and we assume no material or energy fluxes
through the bottom. This leads to

A(u25 vz) =09 W=0,
(T2, 8)=0

(12b)

(13a-c)
(13d,e)

At the southern (s = sp) and northern (s = s,) basin
walls, no-flux conditions on 7" and .S imply

9 (T,8)=0 (14)
as

Note that for the southern and northern walls no
conditions on the velocity fields are imposed. No flux
through these boundaries follows from (14) by use of
the equation of state. From it we have dp/ds = 0 at s,
and s;, and hence dp/3ds is depth independent. With
the parameterization chosen for Ap (see section 2c¢),
this implies Ap = 0. Thus, from (2), (3), (10a,b), and
(13a,b) it is apparent that u = v = 0.

b. Determination of the velocity field

In solving equations (2)-(14), it is convenient to
make use of (5) and introduce the meridional over-
turning streamfunction ¥ defined by

Ly 1oy
U= T ez VT aes (13)

Differentiating (3) with respect to z, substituting the
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resulting expression for u, into (2), and then using
(15) to eliminate v, we obtain

Viozzze + (/1 A) %Y,

3% _

H2
e ds0z

H ~ Ap

zp*am( (s/A)AA), (16)
where 4 = A/(2QH?), and (4) has been used to elim-
inate p,. Equation (16) is a restatement of the zonal
momentum equation (2).

Boundary conditions for y are determined from
(10a,b,c) and (13a,b,c) by eliminating # and u, with
the use of (3) to give

_ gH?c? dp
\bzzzz 2p*/i‘9a ds s (173)
V. =0, (17b)
v =0, (17¢)

which apply at both z = 0 and z = —1, yielding six
boundary conditions. From (16) only five boundary
conditions on ¢ can be satisfied, and hence one of the
conditions (17) must be redundant for consistency.
Indeed, integrating (16) over the water column and
using ( 17a,c), any one of the four conditions associated
with (17a,c) may be shown to be redundant with re-
spect to the remaining equations.

To solve (16) we first note that the boundary layers
at_the surface and bottom have thicknesses of order
(A/s)"? ~ O(1 m). Standard boundary-layer tech-
niques may thus be applied to show that, for a grid
that does not resolve the top and bottom boundary
layers, the streamfunction ¥ at interior grid points is
given by

Y R LY
(Ach s s DA dz) , (18)
and Y(s, 0) = Y(s, —1) = 0. The first term on the rhs
of (18) represents the frictionally induced flow asso-
ciated with vertical gradients in the internal stress Av,;
while the second term is the geostrophic flow due to
the east-west component of the pressure gradient. A
parameterization of this pressure gradient in terms of
known quantities eventually allows us to calculate .
This will be presented in the following section.

Finally, it is noted that (18) does not hold at the
equator. In the present study the grid has always been
chosen such that ¥ need not be determined at s = 0.
In global runs the central grid cell straddles the equator,
while in hemispheric runs we set Y = 0 at the equator
as a boundary condition.

Ws, z) =3

0+aQs°

¢. Parameterization of the east-west pressure gradient

The model formulation can only be completed if Ap
in (18) is linked with the other variables in the model.
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This problem has been recognized previously by
MWW, but their resolution is different from ours.

One limiting case is an ocean that is unbounded
(and hence cyclic) in the east-west direction. For this
case Ap = 0, and it follows from (2) and (3) that the
zonally averaged north-south flow reduces to that as-
sociated with stresses acting on the nearly geostrophic
zonally averaged east-west flow. The meridional cir-
culation is thus very weak and a poor approximation
to that in a zonally bounded basin. This case is not
relevant to the time scales of interest here, for which
advection by the meridional circulation is critically
important.

A second tractable limiting case is an ocean basin
that is so narrow that the east-west flow is negligible.
Setting # = 0 in (2) and (3), one finds

Ap,; _

20 H?acQs AA (19)

P 05

Again, this allows us to determine Ap/AA. In this limit
dp/ s drives the meridional circulation directly rather
than being largely balanced by the Coriolis force, which
is associated with the east-west flow in the case of a
wider basin. Equation (19) is thus not applicable to
wider basins. One possible solution to this problem is
to artificially increase the value of 4 so that v is reduced
to an acceptable range. This yields the parameterization
considered by MWW,

For an ocean of intermediate width, a relation be-
tween the two components of the pressure gradient is
not immediately apparent. The following argument,
which is admittedly somewhat ad hoc, is useful in sug-
gesting an appropriate relationship. Consider the mo-
mentum equations (2) and (3) with eddy diffusion ne-
glected in (2) and replaced by linear damping — u? in
(3) (Killworth 1985). Ekman layers are clearly ex-
cluded by this formulation; inclusion of wind stress
would require additional considerations. Solving for
Ap/AA,

Ap 2%
AL 2esc 3’ (20)
where
Q
e=—(1—l) (21)
K Ug

and the zonally averaged geostrophic velocity u, is de-
fined by

c dp

" 2p.asQ ds (22)

Ug =

For a narrow basin u/u, =~ 0, and e is the ratio of the
damping to the inertial time scale. Even for the large
damping rate of x~' = 3 days (Killworth 1985), this
limit gives € ~ 20. In a realistic ocean basin, which is
many internal Rossby radii across, we expect that u



DECEMBER 1991

will be almost equal to u,, so e would be greatly reduced;
¢ is determined by the slight deviations from geo-
strophy.

Although we expect ¢ to be generally positive, it may
vary spatially. Nevertheless, as a closure we have chosen
to investigate the parameterization (20) with ¢ simply
fixed at a constant value. Note that this parameteriza-
tion yields reasonable results at the equator as well as
at the poles. Near the equator Ap/AA ~ sdp/ds in-
dicates proportionality to f, the Coriolis parameter. The
meridional velocity v stays finite at the equator without
incorporation of new dynamics. At the poles Ap/AA
~ ¢%dp/ds tends to zero. Likewise, v ~ cdp/ds tends
to zero at the poles.

It is of interest to consider the parameterization (20)
with the geostrophic approximation to v. This yields
Q ¢ dp

€ pa 05 (23)

This relation is equivalent to (19) with Rayleigh
damping instead of eddy diffusion. Parameterization
(23) is consistent with those used by Stommel (1961),
Welander (1986), and Rooth (1982), but is inconsis-
tent with the Fickian diffusion (Av,.) used by MWW,
The large value of 4 used by MWW, which is required
to compensate for the lack of a Coriolis term, eliminates
any possibility of return flow being carried in a rela-
tively thin surface layer. The presence of these bound-
ary layers is central to the formulation here and rep-
resents an extension of the earlier model.

To test the validity of (20) and estimate an appro-
priate value for ¢, two different approaches were used.
Initially, we performed a series of model runs with ¢
varying and all other model parameters fixed. The de-
tails of some of these runs are discussed in section 4a.
From this series of runs it was determined that, for the
model parameters considered, a value of e = 0.5 yielded
a reasonable meridional overturning rate of order 10
Sv(1Sv=10m3s").

A more stringent test of the form of (20) and an
estimate of € based on more realistic forcing was ob-
tained using results from the three-dimensional Bryan—
Cox OGCM study by Weaver and Sarachik (1990).
They determined a steady-state circulation in a 60°
wide hemispherical basin by restoring surface temper-
ature and salinity to zonally averaged Levitus (1982)
data and applying a realistic wind stress. This steady
state (Weaver and Sarachik 1990, Fig. 4b) was inte-
grated for another 2630 surface years with no wind
forcing, and the resulting fields were used in the cal-
culations discussed below.

Unfortunately pressure is not a standard output from
the OGCM, so (20) was differentiated with respect to
z (thus replacing p by p) and integrated from the surface
downward to obtain the relation

4 A 4 a
f 28 dz = —2esc? f 2 az,
0 o ds

AN (24a)
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or equivalently

A(p — ps)

= —of 2502 8 (p—
AL e(ZSC aS(p ps)). (24b)

Values of the integrals in (24a) were determined at
each latitude and each vertical level of the model. Fi-
nally, at each level all but the three northern and
southern (6° latitude) values were used to obtain a
least squares estimate of € and the correlation coefficient
between the left and right sides of (24b). Inclusion of
the six neglected cells would not greatly influence the
least squares estimates of ¢, but it would reduce the
correlation coefficient. Figure 1 shows relation (24b)
at 570-m (O) and 2135-m (@) depth; the estimated ¢
are 0.30 and 0.27, respectively. The estimates of € (O)
and correlation coefficients (@) as functions of depth
are displayed in Fig. 2. Below 500 m a constant value
of e ~ 0.3 is appropriate. High values of the correlation
coefficients indicate that the latitudinal structure of the
relationship between the pressure gradient components
is reasonably approximated by (20).

The apparent degradation toward z = 0 in Fig. 2 is
somewhat misleading. Recalling that results were ob-
tained from a run with surface values relaxed to zonally
averaged data, it is noted that, since Ap > 0 atz =0,
e must tend to zero there. Vertical diffusion will convey
this effect to deeper levels, so we expect € to decrease
smoothly to zero at z = 0 as observed. Since both left
and right sides of (24) vanish at z = 0, it is also not

A (p-ps)
AA

sin2¢ éﬁ'p_S),
a9

FIG. 1. The relation between the lhs and rhs of (24b) determined
from the steady-state circulation of the Bryan-Cox OGCM in a
hemispheric basin with no wind stress (Weaver and Sarachik 1990).
The values are plotted for 27 latitudes from 60°S to 5°S at depth
570 m (O) and 2135 m (®); scales are multiplied by 1073, The
slopes and correlations are —0.30, 0.65 for (O) and —0.27, 0.78 for
(®).
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FIG. 2. Constant of proportionality e and correlation of the linear
fit as functions of depth. Correlations are of order 0.8 for the main
part of the water column; ¢ increases over the first 500 m and is
nearly constant at ¢ ~ 0.3 below.

surprising to find a low correlation coefficient there:
local shears should not be expected to be accurately
modeled by (24).

Finally, it is noted that if the transport carried below
500 m is accurately estimated using (24), then the net
transport above 500 m must also be accurately deter-
mined since the sum over the two regions vanishes.
Thus, although details may be poorly represented, (24)
should give a useful approximation to the overall ver-
tical structure of the meridional circulation throughout
the water column.

3. Numerical solution procedure

A solution of Egs. (2)-(7) is conveniently achieved
by use of the meridional overturning streamfunction
given by (15). The diagnostic equation for the stream-
function (18) and the prognostic advection-diffusion
equations (6) and (7) for temperature and salinity are
solved on a uniform grid spanning the (s, z) coordi-
nates with NV vertical layers, each containing M grid
boxes. The flux fields are calculated on the box walls,
whereas the volume fields are taken centered. For N
= 20, the top layer of 250 m is represented only by its
average temperature and salinity fields. This is not sat-
isfactory for the calculation of surface fluxes, so a linear
extrapolation of T and S is used to estimate surface
values.

The first step of the numerical procedure is to cal-
culate the density gradients. Centered differences are
used to estimate values at interior cell boundaries.
Normal derivatives vanish at the bottom, north, and
south boundaries, and values at the surface are con-
sistent with the linear extrapolation of 7" and S to the
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surface. Values within cell boundaries are obtained by
linear interpolation. The meridional overturning
transport is then diagnosed in a vertical column using
the imposed boundary conditions. With the velocity
field known, the advection—-diffusion equations (6) and
(7) are solved by applying the numerical scheme of
Fiadeiro and Veronis (1977) for calculation of the
fluxes across cell boundaries. Simple forward differ-
encing is used in the time domain. With T and S de-
termined, p is obtained from (8). A nondiffusive con-
vection scheme is used to ensure complete mixing of
unstable water masses after a finite number of itera-
tions.

4. Spinup and test runs

The standard procedure of ocean spinup is applied.
Basic model parameters are given in Table 1. Integra-
tion starts from an ocean at rest with uniform tem-
perature 7= 7°C and salinity .S = 35 ppt. The circu-
lation is set up by thermal and haline surface forcing.
At the ocean surface T and S are relaxed to specified
values 7* and $* on a time scale of 100 days. Following
MWW, we use the analytic forms: '

T* = (1 + cos(ws)) X 12.5°C, (25a)
S* = (36 + cos(ws)) ppt. (25b)

With these values, the temperature effect dominates
the equator-to-pole density difference by about a factor
of three compared to the salinity effect, so the resulting
meridional circulation is downwelling at the poles. Al-
though (25a,b) are chosen to be qualitatively consistent
with observations, they are obviously crude. To obtain
a meridional overturning rate of order 10 Sv, we have
taken ¢ = 0.5 throughout the remainder of this paper.

The system is near equilibrium after a few hundred
years, but the integration is carried out to 5050 yr. The
final equilibrium is shown in Fig. 3. The two-cell cir-
culation is in qualitative agreement with the results of
Bryan (1986), MWW, and Weaver and Sarachik
(1991a). A conspicuous contrast to the circulation of
MWW is that the meridional flow feeding the region
of deep-water formation is surface trapped (Fig. 3a).
This is a phenomenon that also occurs in the zonal

TABLE 1. Basic model parameters.

Parameter Hemispheric Global
o 0° 80°S
N 80°N 80°N
H 5000 m 5000 m
AA 60° 60°
M 10 21
N 20 20
Ky 0.4 X 107*m?s™! 04X 10™*m?s™
Ky 103 m?2s™! 10°m?s~!
A 10~ m?s™! 1074 m?s™!
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FIG. 3. Contours of the meridional overturning streamfunction in
Sv (1 Sv = 10¢ m*s7') (a) and density anomaly in kilograms per
cubic meter (b). The steady state in a global basin under restoring
boundary conditions consists of two cells with deep-water formation
at both high latitudes. Meridional heat flux (dashed) in PW (1 PW
= 10" W) and vertical surface heat flux (solid) in watts per square
meter (c) are symmetric about the equator. The vertical surface salt
flux is given as an equivalent freshwater flux E-P in m yr~' (d).

averages of three-dimensional OGCMs and suggests
that the model here reproduces the qualitative features
of the meridional deep circulation fairly realistically.

From the equilibrium state described above, the
vertical surface salt flux Q% was diagnosed (Fig. 3d)
and is used as the surface boundary condition on salt
(12b) henceforth. The temperature field was still re-
laxed to (25a) forming the usual mixed boundary con-
ditions. Starting from this steady state, three experi-
ments were performed under identical boundary con-
ditions but with different initial salinity anomalies
added to the surface layer: no salinity anomaly added,
0.2 ppt added north of 38°N, and —0.2 ppt added south
of 38°S. Integration was continued for an additional
2500 years.

The results were generally consistent with previous
studies (MWW; Bryan 1986), and details are not
shown here. The most important conclusion is that the
symmetric circulation in Fig. 3 is unstable under mixed
boundary conditions. In all three experiments a new
steady state was established, that consisted of a single
cell with deep-water formation in high latitudes. Figure
4 shows the steady state established at the end of the
run in which no salinity anomaly was added: the steady
state for the other two runs was essentially identical
but reflected about the equator, as expected from the
initial anomalies. In each case, the transition to a single-
cell circulation occurred, once initiated, over a period
of order 100 years.

The instability of the direct symmetric circulation
demonstrated here and by MWW contrasts with the
stability of the direct symmetric circulation determined
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by Welander (1986) using a simple three-box model
with no vertical resolution. To illustrate the origin of
this difference, consider the consequence of adding
some salt to one of the polar cells in Welander’s model.
The density of the polar cell increases so that the ad-
vective exchange of water between the polar and equa-
torial boxes increases. However, the decreased salinity
contrast between the boxes causes the advective ex-
change of salt to decrease. Consequently, the forcing
associated with Q% dominates that due to advection
and reduces the salinity toward its original value, re-
sulting in a stable equilibrium. In models with multiple
vertical levels the situation is different. The addition
of salt to the surface cell of the polar box still increases
the advective exchange of water, but now the salinity
of the deep water in the polar box is unchanged so that
there is no immediate change in the salinity of the water
being exchanged between high and low latitudes. The
increased circulation thus leads to a further increase
in polar salinity. The perturbation is enhanced, leading
to instability of the symmetric circulation.

5. Thermohaline catastrophe and subsequent evolution
a. Hemispheric basin

We now study the present model in the restricted
geometry of a hemisphere to reexamine the results of
Marotzke (1989). The basin is 5000 m deep and ex-
tends from 0° to 80°N with 60° angular width; a 10
(horizontal) X 20 (vertical) grid is chosen. The steady
state under restoring boundary conditions is shown in
Fig. 5, from which a control run and a perturbation
experiment continue, both under mixed boundary
conditions.

For the control run, the adjustment after switching
boundary conditions is minor, although the maximum
transport increased by about 15% over that in Fig. 5.
This increase occurred abruptly about 100 years after
the change in boundary conditions, and the transients,
whose initial peak-to-peak amplitude were about 1 Sv,
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FIG. 4. Contours of the meridional overturning streamfunction
(a) and density anomaly (b) of the steady state in a global basin
achieved after switching to mixed boundary conditions with no salinity
anomaly added (¢ = 7400 yr).
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FIG. 5. Steady-state overturning streamfunction for a hemispheric
basin under restoring boundary conditions (¢ = 5050 yr). The change
to mixed boundary conditions causes only minor adjustments.

had become negligible a few hundred years later. This
shows that there is a stable equilibrium under the mixed
boundary conditions, which is very similar but not
identical to that under the restoring boundary condi-
tions.

The situation is different when a small negative sa-
linity anomaly of 0.1 ppt is added north of 36°N. Figure
6a shows the circulation and density fields 600 years
after the freshening of the region of deep water for-
mation. The positive circulation has collapsed due to
the process described by Bryan and now consists of a
shallow, indirect cell located at low latitudes. The state
found here is in qualitative agreement with the three-
dimensional results presented by Marotzke (1989).
Analysis of the surface heat flux reveals a net uptake
of heat through the surface, implying subsequent ad-
justments, Twenty thousand years later the circulation
had deepened to about twice the depth seen in Fig. 6a,
and the associated transport had decreased by about a
factor of 2. The most striking change, however, is due
to the heat input during the intervening years, which
causes the deep ocean to warm up by some 13°C. The
surface-to-bottom density contrast decreases from 2.4
kg m~3 at 7 = 8000 yr to 0.2 kg m~> 20 000 years later.

The consequence of this long-term process is the
dramatic event at ¢ = 28 620 yr (Fig. 7a) when massive
convective mixing at high latitudes sets in and accel-
erates the circulation to a maximum of 380 Sv (Fig.
6b). The violent circulation is basinwide and causes
major rearrangements in the temperature and salinity
fields. The downwelling in high latitudes effectively re-
leases all the heat taken up during the previous millenia
at rates exceeding 400 W m™2. Immediately after the
period of very rapid changes, there is a period of about
2000 years when the circulation is variable but generally
similar to that illustrated in Fig. 5. This state eventually
collapses again, returning to a state similar to that
shown in Fig. 6a. The above process repeats itself two
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more times during the next 50 000 years of integration
(Fig. 7a shows two cycles of this process).

These so-called flushes (transports exceeding 200 Sv)
were first reported by Marotzke (1989) in both two-
and three-dimensional hemispheric ocean models. The
three-dimensional OGCM of a global basin by Weaver
and Sarachik (1991a) shows a sequence of less violent
flushes (50+ Sv) recurring on a time scale of 200 to
1000 years, which eventually give way to a remarkably
steady state. This time scale hints at a process different
from vertical diffusion important in Marotzke (1989)
and the experiments presented here. In an additional
run of our two-dimensional model (not shown) with
Ky increased from 0.4 X 10 # m?®s™ ' to 10™* m? s/,
the ocean state evolved up to and through the first flush
essentially as described above, except that the diffusive
stage had shorter duration, as expected. After the flush,
however, the period of variable transport, which pre-
viously lasted for 2000 years, now lasted for the re-
mainder of the model run (15 000 years). Apparently
the increased vertical diffusion was sufficient to prevent
the complete collapse of the circulation. Clearly, the
sensitivity of model results to the rather uncertain
choice of vertical diffusion warrants further investi-
gation in both two- and three-dimensional models.

b. Instability of the purely diffusive steady state

When the circulation is collapsed to the state in Fig.
6a, advective and convective processes are no longer
important; instead, the evolution is dominated by dif-
fusion. As will be seen below, both 7"and S in the deep
ocean will tend to the average surface values with neg-
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FIG. 6. Overturning streamfunction and density anomaly at ¢
= 8000 yr (a) and ¢ = 28 620 yr (b). The state of (a) is diffusion
dominated leading to the violent overturning (>300 Sv) in (b).
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FI1G. 7. Evolution of the maximum streamfunction shows two flushes in the hemispheric model run. A deep circulation oscillates in
strength for about 2000 years after the first flush and finally collapses to a surface intensified negative circulation (a). Maximum and
minimum streamfunction (solid) and total surface heat flux (dotted) evolve smoothly for about 9000 years after the collapse (b), then low-
latitude instability sets in at £ = 39 500 yr. This leads eventually to larger perturbations (¢ = 52 500 yr), which trigger the high-latitude

instability causing the flush at ¢ = 53 850 yr.

ligible latitudinal structure. This leads to a stabilization
with respect to temperature and a destabilization with
respect to salinity of the equatorial water column. The
effects are reversed in the polar water column.

To obtain a quantitative understanding of the im-
portant processes, we consider a simple diffusive model.
Let y and z be dimensional coordinates for latitude
and depth, and consider the 7 and S fields correspond-
ing to a diffusive equilibrium governed by

KuT,, + KyT,, =0, (26a)
KuS,, + Ky'S;. = 0, (26b)
in a basin of depth H and length L. Applying mixed
boundary conditions at the surface z = 0 of the form

T= To(l + cos %y) R (27a)

w
KVSZ = Fo COS 'Zy s

no-flux conditions at the basin walls, and defining

P KH 1/2
=7 (%)

the steady-state solutions are given by

T= TO(I + cos(ﬂ) c_o%z_tﬂ) ,  (29a)

(27b)

(28)

L coshe H

S=S0+—F0—cos(ﬂ) coshx(z+H).

Ky L sinh« H (290)

ForKy =10°m?s™', K, =0.4 X 10™*m?s~!, L = 107
m, and H = 5 X 103 m, the vertical decay scale 1/« is
about 400 m. Also, xH ~ 12.5, and below a thousand
meters the temperature and salinity are nearly uniform
and close to the average surface values T and Sy. For
the linear equation of state

p =po(l — (T = To) + B(S — o)), (30)

the criterion for stability of this diffusive equilibrium
is

oT, > BS;, (31)
which becomes, using (29),
R>1, for O0<y<L/2,
R<1, for L/2<y<L, (32)
where
R = m(KyKy)'*aTy (33)
LBF,

Instability is therefore inevitable and occurs either at
low latitudes (R < 1) or at high latitudes (R > 1). The
solution (29) will thus never be realized. Note that R
is the ratio of the surface buoyancy fluxes associated
with temperature (~axK, Ty) and salinity (~BF;).
The condition (32) states that the stabilizing effect of
temperature (salinity) must dominate at low (high)
latitudes for the density stratification to remain stable.
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The evolution following the initiation of convective
instability is different for these two cases. For the case
R < 1, low-latitude convection reduces both salinity
and temperature at the surface with the reverse but
weaker effects at depth. The strong feedback on tem-
perature quickly removes the surface temperature
anomaly leaving a stable stratification due to the re-
duced surface salinity. The system subsequently evolves
again toward the unstable state, and the process repeats
on a time scale governed primarily by surface exchange
and diffusive processes. In this case, convective mixing
represents a relatively minor modification to the dif-
fusive equilibrium.

A high-latitude convective instability, on the other
hand, evolves differently as observed in the experiments
above and earlier by Marotzke (1989). Again, tem-
perature anomalies are efficiently removed under the
restoring conditions. Surface salinity, however, is in-
creased by convection yielding an even less stable sit-
uation. This accelerates vertical mixing, which brings

warmer waters up to the surface. As a consequence of

the restoring condition on temperature, heat is lost in
high latitudes at an unrealistically large rate. The cool-
ing causes a rapid increase of the density starting the
violent overturning of Fig. 6b. Initially, only the high-
latitude density is affected, so the circulation is confined
to this region. However, relatively saline water is carried
into adjacent surface regions triggering instability there
also. The combination of very strong advection and
subsequent convection homogenizes the northern half
of the domain from top to bottom over a period of
order two years. This rapid evolution is retarded in the
southern half of the domain where the importation of
deep water to the surface layer actually reduces the
surface salinity, hence increasing the vertical stability
of the water column. The influence of the dramatic
changes occurring at higher latitudes is nevertheless
communicated to the equatorial region through the
slower process of horizontal diffusion.

The model clearly exhibits both forms of instability.
Figure 7b shows a close-up of the evolution of the
maximum and minimum streamfunction and the ba-
sin-integrated surface heat flux (in PW) during the dif-
fusion-dominated state between the two ‘flushes seen
in Fig. 7a. Low-latitude instability sets in at ¢ = 39 500
yr and results in a vacillating surface heat flux over the
next 12 000 years. A slight reduction in transport occurs
at this time. Repeated low-latitude convection and dif-
fusion slowly increases the deep ocean temperatures,
thus, shifting the system toward a high-latitude insta-
bility. At about 52 300 years, the evolution becomes
even more chaotic, and the transport is reduced further.
Eventually, the high-latitude instability occurs as a
flush. The maximum streamfunction amplitude
reaches about 400 Sv, indicating the major rearrange-
ments discussed above. We conclude that low-latitude
convection together with diffusion, operating over long
time scales, can trigger a high-latitude instability.
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¢. Global basin

Two experiments investigating the model behavior
in one global basin are presented in this section. In the
first experiment, we start from the steady-state two-cell
circulation of Fig. 3. Mixed boundary conditions are
applied, and a weak negative salinity anomaly of 0.2
ppt is added north of 36°N, as well as south of 36°S.
The circulation collapses in both hemispheres, each of
which exhibits fields as displayed in Fig. 6a. The initial
response to the anomaly is identical to two hemispheres
back-to-back with an equatorial wall. For about 3800
years no changes are apparent. From about ¢ = 8800
yr to ¢ = 11 800 yr, small, symmetric deviations with
amplitudes of order 0.5 Sv or less in transport are ev-
ident, and near ¢ = 11 800 yr major transient adjust-
ments begin. By £ = 13 500 yr (8500 yr after the initial
perturbation ) the new state consists of a single, shallow
cell of 4 Sv located slightly off the equator (Fig. 8a).
Further evolution of this state is discussed below.

In the second experiment we start from the stable
one-cell circulation shown in Fig. 4 (reflected about
the equator) and add a 2-ppt negative salinity anomaly
north of 36°N only. The anomaly immediately causes
a shallowing of the one-cell circulation, and the pattern
shown in Fig. 8a is established within 50 years. The
subsequent evolution of the two experiments is essen-
tially identical. During the next 22 000 years diffusion
dominates, and as in the hemispheric experiment, low
latitude convection occurs, as evidenced by the vertical
isopycnals near s = 0.4 in Fig. 8a. Due to vertical dif-
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F1G. 8. (a) The deep circulation in a global model after adding
fresh water in both high latitudes to the state of Fig. 3a or, alternatively,
adding fresh water only to the high northern latitudes of Fig. 4 (re-
flected about the equator). Both perturbations lead to the collapsed
state; £ = 13 500 yr. (b). Violent convective overturning starts with

a northern cellfirst, a southern cell is set up later; £ = 31 705 yr.
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fusion, the deep-ocean temperature increases from 2°
to 16°C, and the water column stability is weakened
accordingly. The circulation at the end of this diffusive
period is roughly doubled in strength and depth com-
pared to that in Fig. 8a, but is still confined to the near-
surface region. A few years later, convection starts at
high northern latitudes, and a flush begins. As in the
hemispheric case a single overturning cell develops in
high northern latitudes with a maximum transport of
~360 Sv. Heat is released at a rate of ~450 W m~2,
producing cold water that is mixed down to the deep
ocean. At the same time, warm bottom water upwells
in the Southern Hemisphere increasing the heat flux
to the atmosphere. This heat loss initiates convection
at high southern latitudes, and a negative circulation
develops there (Fig. 8b). The transition passes a nearly
symmetric state, and both cells then decay over the
next 100 years. The southern cell eventually disappears,
and the stable one-cell circulation develops (Fig. 4,
reflected about the equator). Unlike in the hemispheric
basin, where several successions of flushes and collapsed
states were observed, no further evolution of the one-
cell circulation was found in the global basin.

6. Concluding remarks

Several experiments in both hemispherical and
global ocean basins have been performed with the
present zonally averaged ocean model. The results of
MWW and Marotzke (1989) were generally confirmed.
In the geometry of a hemisphere the steady states under
restoring and mixed boundary conditions were found
to be quantitatively similar. For surface forcing of the
form (25), deep water is formed in high latitudes, and
upwelling occurs at low latitudes. When switched to
mixed surface boundary conditions, minor adjustments
happen, and a new state is established that is stable to
small perturbations. The meridional flow feeding the
region of deep-water formation in the present model
is surface trapped. This also compares favorably with
the zonal averages of three-dimensional OGCMs
(Bryan 1986; Marotzke 1989; Weaver and Sarachik
1990).

The two-cell thermohaline circulation obtained in
a global ocean under restoring boundary conditions is,
as expected, not stable upon a switch to mixed bound-
ary conditions. A spontaneous transition to a one-cell
circulation has already occurred by 100 years after the
switch. This time is considerably shorter than the one
reported by MWW, but additional results show that it
is strongly parameter sensitive. Application of negative
or positive salinity anomalies affects the timing of the
transition phase as different feedback mechanisms are
operating (Bryan 1986). The resulting steady state is
identical for the three cases. The important point is
that the symmetric circulation is unstable and is not
expected to occur in reality.

Long time integrations over many tens of thousands
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of years were performed for both hemispheric and
global basins. In the hemisphere, a negative anomaly
causes a breakdown of the deep circulation changing
it to a weak, surface-trapped circulation. The deep
ocean is increasingly diffusion dominated. As a result
of a steady influx of heat through the ocean surface,
stability of the high latitude water column is gradually
lost. Violent convective overturning sets in, and the
accumulated heat in the ocean is rapidly released in
high latitudes. A basinwide circulation prevails for
about 2000 yr, only to collapse once again. This cycle
was observed three times and is assumed to be a per-
sistent pattern. Therefore, in the hemispheric basin at
least two different modes of circulation under identical
forcing could be realized.

Considering the purely diffusive steady state under
mixed boundary conditions, we demonstrated that in-
stability is inevitable and can occur either in low or in
high latitudes. In the two cases the development is dif-
ferent, in that low-latitude convective mixing has no
short-term basinwide effect, whereas high-latitude
convective mixing may trigger rapid adjustments in
the entire basin.

In a global basin the long-term behavior is different.
Cycles of collapsed states and violent convective over-
turning do not occur. Salinity anomalies caused a col-
lapsed circulation consisting of a weak surface-trapped
cell located around the equator. The deep ocean is again
diffusion dominated, and after about 22 000 years,
convective overturning started. A few hundred years
later, the stable one-cell circulation was reestablished.
No further evolution of this state is expected.

The results presented here indicate that our zonally
averaged model may be a useful tool for the study of
some aspects of the dynamics governing the meridional
circulation and the associated north-south transports
of heat and salt. Even in the present simple form a
study of parameter sensitivities would be of interest.
Unexpected responses are almost certain to be found;
these could be examined in the context of the two-
dimensional model and then verified using an OGCM.

The results also suggest some weaknesses of the
model. Specification of fixed relaxation temperatures
and time scales can clearly lead to unrealistic effects
on the meridional circulation. In particular, the strong
convective events, during which the ocean loses much
of its accumulated heat in a short time, would be
damped by an atmosphere that communicates with
the ocean surface. This heat warms the overlying at-
mosphere, decreasing in turn air-sea temperature dif-
ferences and the associated heat flux. This negative
feedback is not included in ocean-only models. It is
therefore a worthwhile task to develop a reasonable
atmosphere model that will enable us to replace the
unrealistic temperature restoring boundary condition.
This is done elsewhere (Stocker et al. 1991).

The experiments have also verified that high-latitude
processes are critical to the determination of the global
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meridional circulation. In the present study the cryo-
sphere is absent. Inclusion of an active high-latitude
ice cover would be an important extension. Ice influ-
ences both temperature and salinity. The vertical heat
flux is reduced in the presence of an ice cover, resulting
in a negative feedback for ice growth., On the other
hand, melting ice represents a freshwater flux, which
could slow down the thermohaline circulation. As a
consequence, less heat is carried to high latitudes
through the ocean. This, in turn, is a positive feedback
for ice growth. The interaction of these two different
processes could cause some interesting dynamics of the
coupled ocean~ice—atmosphere system.

The present paper emphasizes the significance of the
thermohaline circulation of the ocean for natural vari-
ability of the climate system and climate change. The
eventual goal is to combine the present model with
two-dimensional models of the atmosphere and the
cryosphere to obtain a realistic and yet inexpensive
model suitable for paleoclimatic studies.
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