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1. SETTING THE SCENE

From certain points of view, the Earth appears as an almost

perfect “aquaplanet” (Figure 1.1). This is a powerful visual

testimony to the importance and key role of the ocean in the

Earth’s climate system. More than 70% of the entire Earth

surface is covered by the ocean and therefore most of the

lower boundary of the atmosphere is in contact with water

or, in the high latitudes, with the seasonal sea ice cover.

The ocean constitutes a virtually unlimited reservoir of

water for the atmosphere because it is by many orders of

magnitude the largest body of readily accessible water on

Earth.Water is the principal resource of all life and thus rep-

resents a global commons. A quantitative understanding of

the world ocean must therefore be a top priority of Earth

System science. Such an understanding rests on three

pillars: (i) in situ and remote observations with worldwide

coverage; (ii) theoretical understanding of processes within

the ocean and at its boundaries to other Earth System com-

ponents; and (iii) capability of simulating ocean and climate

processes in the past, present, and future, using a hierarchy

of physical–biogeochemical models. Each of these pillars

are considered in Section 2, Sections 3 and 4, and

Chapter 2, and Sections 5 and 6, respectively.

Due to its large spatial extent and as the principal water

reservoir on Earth, the ocean supplies more than 80% of the

water vapor for the atmosphere. When the mean atmo-

spheric temperature is higher, the atmosphere containsmore

water vapor, which is drawn primarily from the ocean.

In times of a colder atmosphere that water is returned to

the ocean, or when the climate is significantly colder as

during an ice age, a significant amount of water is trans-

ferred from the ocean to the large ice sheets on land. The

ocean is thus the dominant source of the Earth’s most

important greenhouse gas, water vapor, which is primarily

responsible for increasing the Earth’s mean surface tem-

perature by about 33 �C to its present value of about

15 �C. Therefore, the ocean is an essential component for

habitability of the Earth.

The climate system can be usefully partitioned into seven

spheres which are physically coupled through exchange

fluxes of energy, momentum, and matter. This is schemati-

cally illustrated in Figure 1.2. The notion sphere should not

suggest that the Earth System components are separate

entities, they are intertwined. This is, for example, evident

for the hydrosphere which is present throughout the Earth

System. The ocean as the major part of the Earth’s hydro-
sphere interacts with all components of the Earth System. It

is also coupled to biogeochemical processes through

exchange fluxes of substances such as carbon, nitrogen, and

many others. Hence, the Earth System cannot be understood

without detailed quantitative knowledge of the ocean, its

physical properties and the various processes that determine

its status and its response to forcings and perturbations.

The ocean is coupled to the atmosphere through

exchanges of momentum, heat, water, and many substances

such as oxygen, carbon dioxide, and other trace gases, and
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minerals in the form of dust and suspended solids. The

exchange of momentum, mediated by the action of wind

systems, is theprimarydriverof theoceancirculation, but also

fluxes of heat and freshwater, which influence the density of

ocean water and its regional distribution, are important in

determining the properties and the flow of water masses.

The cryosphere comprises the terrestrial ice sheets, gla-

ciers, and sea ice, and these interact with the ocean directly

and indirectly, both through the freshwater supply to the

ocean and its effect on sea level (Chapter 27), and through

the modification of the ocean–atmosphere heat exchange in

the case of sea ice cover (Chapter 16). The ocean is also influ-

enced by the terrestrial andmarine biosphere, mainly through

biogeochemical coupling via fluxes of carbon, oxygen, and

nutrients. The pedosphere, that is, the land surface, directs

river runoff and therefore the spatial distributionof freshwater

delivery to the ocean, which modifies water mass properties

and ocean circulation. The lithosphere comprises the solid

Earth which supplies minerals through, for example, vol-

canism and weathering, and is responsible for processes that

FIGURE 1.1 Ocean appearance of the Earth in an idealized cloud-free view constructed using Earth viewer (from 35,785 km above 10 �S, 160 �W).
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influence the geochemistry of the climate system. It is a com-

ponent that is relevant when Earth System processes on time

scales of 105 years and longer are studied.

The latter part of the eighteenth century marks the

beginning of the industrial use of coal, and therefore a

seventh sphere has started to become important in the Earth

System. It is the anthroposphere, indicated in Figure 1.2,

which comprises all human activities, for example, emissions

of greenhouse gases through the burning of fossil fuels, land

use change, particularly deforestation, and the input of dust

and chemical constituents into the various spheres. Further,

anthropogenic land surface changes also impact physical

properties such as albedo, surface roughness, and regional

water and heat balances. Human activities have become

important drivers of climate and environmental change,

and we now live in an epoch in which we leave traces and

imprints that will be detectable by our successors using

today’s classical analytical methods many centuries and mil-

lennia from now. It is thus appropriate to put this epoch into a

longer-term context of geological epochs by naming it

Anthropocene, as proposed by Crutzen and Stoermer

(2000). Therefore, understanding of the anthroposphere
and its influence on all the other Earth System spheres is

an important prerequisite for assessing the future evolution

of the Earth’s spheres on a human time scale and thereby

for a responsible stewardship of our only home.

2. THE OCEAN AS AN EXCHANGING
EARTH SYSTEM RESERVOIR

The ocean covers about 71% of the Earth surface and has a

mean depth of 3734 m (Talley et al., 2011) as estimated

from the most recent geodetic data analysis (Becker

et al., 2009). The ocean volume is about 1.34�1018 m3

and thus contains more than 95% of the Earth’s water that

participates in the hydrological cycle. In addition, the ocean

is a large reservoir of heat, and many substances that are

cycled in the Earth System. Particularly, the ocean is the

largest storage of carbon, apart from the lithosphere, which

is not considered here.

The ocean is a large reservoir of heat with a strong sea-

sonal cycle of temperature observed in the upper 250 m. In

the northern and southern hemispheres, the peak-to-peak

variations, that is, summer minus winter, of the heat content

in the upper 250 m are about 1.4�1023 and 2�1023 J,

respectively (Antonov et al., 2004). The seasonal heat

fluxes of 9–13 PW (1 PW¼1015 W) which effect these var-

iations are mainly atmosphere–ocean heat fluxes, whereas

the net meridional heat fluxes in the ocean are an order

of magnitude smaller (see Section 3). The hemispheric

asymmetry leads to a net seasonal cycle of the world ocean

heat content with an amplitude of about 4�1022 J, which

peaks in April and assumes a minimum in September
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FIGURE 1.2 Illustration of the seven spheres of the Earth System, which are intertwined and physically coupled through exchange fluxes of energy,

momentum, and matter, and biogeochemically coupled through fluxes of carbon and other substances.
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(Antonov et al., 2004; Fasullo and Trenberth, 2008). Sea-

sonal variations of sea-surface temperature are around

2 �C in the tropics and the Southern Ocean, and exceed

10 �C between about 30�N and 50�N in the western parts

of the North Atlantic and North Pacific Ocean basins.

Together with the seasonal cycle in the wind stress

(Risien and Chelton, 2008), this causes substantial changes

in the depth of the mixed layer and the thermocline, which

in turn determine the upwelling and the availability of

nutrients for the marine biosphere.

Observations point to large seasonal variations in the

water content of the atmosphere (Trenberth et al., 2007,

2011). Since the ocean is a fundamental component of

the global water cycle, seasonal variations must also be

present in the freshwater content of the ocean and are

expressed most strongly near the surface because of air–

sea coupling, continental runoff, and seasonal sea ice export

from the polar regions. The summer-minus-winter differ-

ences of water content in the atmosphere are about

3�1015 kg in the northern, and 1.8�1015 kg in the

southern hemisphere (Peixoto and Oort, 1992). There are

large seasonal variations in the cross-equatorial water flux

in the atmosphere, effected by the migration of the Inter-

tropical Convergence Zone. In summer, there is water

transport into the northern hemisphere of about 1.8 Sv,

while in winter about 1.4 Sv is transported southward. This

results in a net northward transfer of water in the atmo-

sphere across the equator of about 0.4 Sv over the course

of a year. Consequently, the northern hemisphere experi-

ences an excess of precipitation over evaporation, which

is then supplied to the ocean. The ocean closes the global

water cycle by a net freshwater transport from the northern

to the southern hemisphere of about 0.5 Sv (Wijffels, 2001).

This is the net effect of the ocean circulation in all basins,

and ocean-based observations are consistent with the

estimate of atmospheric freshwater transport, within the

uncertainties.

Annual-mean fluxes of water between different reser-

voirs in the climate system are schematically illustrated

in Figure 1.3. They are given as mass fluxes in 1015 kg/year.

More commonly in oceanography and hydrology, such

fluxes are reported as volume fluxes. A widely used and

by now standard unit of large-scale volume flux in ocean-

ography is 1 Sv¼1 Sverdrup¼106 m3/s.1 The large-scale

hydrological volume fluxes are more commonly reported

in 103 km3/year.2 Global runoff is thus estimated at about

1.3 Sv (Labat et al., 2004; Trenberth et al., 2007).

Water is transported between the reservoirs by

regionally varying evaporation and precipitation, and by

transport in the atmosphere and on land (Chapter 5). On a

global scale, almost 10 times more water is delivered to

the ocean by precipitation than by runoff from the conti-

nents. The latter compensates the slight imbalance between

evaporation and precipitation over the ocean. The residence
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FIGURE 1.3 Inventories of water (in 1015 kg) and water fluxes (italics, in 1015 kg/yr) in the Earth System, based on estimates by Trenberth et al. (2007).

1. This unit was coined by the late Max Dunbar (1914–1995), Professor of

Oceanography at McGill University, and is in honor of Harald U. Sverdrup

(1888–1957), physical oceanographer, and author of one of the founding

treatises in oceanography.

2. Max Dunbar also proposed the volume flux unit Bering, in honor of

Vitus Bering (1681–1741), a Danish explorer, who discovered that Asia

and America are two separate continents and who charted the west coast

of Alaska. The volume flux 1 Be¼1 Bering¼103 km3/yr is a convenient,

yet not widely used, large-scale unit in hydrological sciences;

1 Sv�31.6 Be.
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time t of the water in the world ocean can be estimated by

comparing the inventory V with the total influx F to the

ocean, that is, t¼V/F. For the ocean, a mean residence time

of water is about 3200 years, whereas it is less than 10 days

for the atmosphere. However, if one determines the age of a

particular water mass in the ocean, the internal transport of

water in the ocean, and in particular the vertical transport of

water masses, cannot be ignored in this regard. Near-

surface waters have a much shorter residence time due to

vigorous atmosphere–ocean interaction on a seasonal time

scale, for example, the mixed layer has a residence time of

somewhat more than 100 years.

In order to appreciate the global significance of the

ocean as a reservoir of water, heat, energy, and substances,

particularly carbon, inventories, and gross fluxes of some

quantities are summarized in Table 1.1. Large uncertainties

exist for all quantities, specifically for those associated with

the various forms of energy in the ocean (Ferrari and

Wunsch, 2009). The total thermal energy of the ocean is

about 3�1025 J and is given only for the purpose of an

order of magnitude estimate of the time it would take for

the shortwave radiative input from the Sun to bring a totally

ice covered ocean, a condition suggested to have occurred

during the “Snowball Earth” phase some 500–1000 million

years ago (Pierrehumbert et al., 2011), to today’s mean tem-

perature: a surprisingly short time of 6 years (assuming an

ice cover of 10 m and all ocean water at freezing point). The

energy contained in the general circulation is about

2�1025 J (Wunsch and Ferrari, 2004), and therefore of

the same order of magnitude, but this quantity is not phys-

ically relevant because most of it is potential energy that is

not available for the circulation (Ferrari and Wunsch,

2010). The circulation in the ocean is driven by a total

supply of energy from the atmosphere of about

2.6�1012 W which stems from the input of mechanical

energy through the action of wind and from heat fluxes

across the ocean surface to compensate for the dissipation

of available potential energy (see Table 1.1, footnote h).

The ocean inventories are not constant through time but

measurably affected by natural climate variability and

anthropogenic climate change (Chapters 27, 28, and 30).

The associated anthropogenic fluxes of mass of water,

thermal energy, and carbon are also included in Table 1.1.

Currently, further mass is added to the world ocean from

the melting of the large ice sheets of Greenland and Ant-

arctica, and of ice caps and glaciers around the world. Based

on gravimetric satellite data, this amounts to about

3.6�1014 kg of water every year. Although only about 1%

of global runoff, this additional mass flux constitutes more

than 50% of the observed sea-level rise of the past decades,

about 1.1 mm/year since 1972 (Church et al., 2011). The

world ocean is also absorbing a large amount of thermal

energy estimated at a rate of about 1.9�1014 W since

1972 (Church et al., 2011), and thus has a slowing effect

on anthropogenic climate change, as it stores a substantial

fraction of the heat, some of which would otherwise be

observed in the atmosphere in response to the increase in

greenhouse gas concentrations. This heat causes a warming

of the upper ocean and an associated contribution to sea-level

rise of about 0.8 mm/year since 1972. A significantly larger

average energy flux into the ocean of about 2.3�1014 W from

1993 to 2008 was reported by Lyman et al. (2010).

TABLE 1.1 Estimates of Inventories of Basic Ocean Quantities, Gross Fluxes Across the Ocean Surface, and

Anthropogenic Perturbation Fluxes

Quantity Ocean Inventory Gross Flux Anthropogenic Flux

Mass 1.3�1021 kg 4.1�1017 kg/year þ3.6�1014 kg/yeara

Thermal energy 3�1025 J b 6�1016 Wc þ1.9�1014 Wd

Kinetic energy 3.8�1018 J e 1.2�1012 Wf ?

Available potential energy 8�1020 J g 6�1016 Wh ?

Carbon i 38,000 Gt 70 Gt/year þ2.2 Gt/year j

Fluxes into the ocean are positive.
a From melting of glaciers and ice sheets from 2003 to 2009 (Riva et al., 2010).
b Referred to the freezing temperature of sea water (�1.8 �C), and assuming a global mean ocean temperature of 3.8 �C.
c Annual mean solar energy flux into the ocean (Stephens et al., 2012).
d From the change in the ocean heat storage from 1972 to 2008 (Church et al., 2011), and later corrected (J. Church, personal communications).
e Total kinetic energy as estimated by Wunsch (1998).
f Work done by wind (Munk and Wunsch, 1998).
g Referred to ocean bottom (Huang, 2010). A smaller estimate of 2�1020 J is by Ferrari and Wunsch (2010).
h Annual mean solar energy flux transferred to the oceans available potential energy. The net flux required to compensate dissipation is much smaller, ca.
1.4�1012 W (Oort et al., 1994) from thermal, and 1.2�1012 W from mechanical energy flux.
i In the global mean, 98.8% of dissolved inorganic carbon is in the form of HCO�

3 and CO2�
3 . 1 Gt¼1012 kg.

j Estimated mean ocean uptake of carbon 1990–2005 (Denman et al., 2007).

Chapter 1 The Ocean as a Component of the Climate System 7



Theworld ocean is also a large reservoir of carbon,which

exchanges with the atmosphere on a very rapid time scale

(Table 1.1, Chapter 30). Ocean carbon is present mainly in

the form of dissolved bicarbonate and carbonate whose

repartitioning is determined by the ocean’s acidity–alka-

linity balance. As a carbon reservoir, the ocean is over 60

times larger than the atmosphere and about 16 times larger

than the terrestrial biosphere (Denman et al., 2007; Ciais

et al., 2013). Carbon is transferred primarily between the

atmosphere and the ocean through the gas exchange of

CO2. An associated carbon renewal time is estimated at

about 540 years for the entire ocean but significantly faster,

only about 13 years, for the carbon found in the surface

ocean. The rapid gas exchange and the chemical equili-

bration between the different dissolved forms of carbon in

the surface ocean generate an effective carbon buffering in

the world ocean. Therefore, the ocean acts as an important

storage of additional carbon from the atmosphere, which

results from a variety of human activities, specifically the

burning of fossil fuels and deforestation. The increase in

the atmospheric carbon inventory, and hence the CO2 con-

centration, would be about 70% larger than without the sub-

stantial storage effect of the world ocean. In consequence,

the ocean plays an increasingly important role as a storage

of anthropogenic “waste”: the ocean takes up heat driven

by changes in the Earth’s energy balance, and it takes up

carbon due to the increase of CO2 in the atmosphere.

3. ATMOSPHERE–OCEAN FLUXES AND
MERIDIONAL TRANSPORTS

The previous subsection has provided a global overview of

the sizes of major inventories and fluxes associated with

quantities important for the world ocean. This has merely

set the scene, but more relevant information on the role

of the ocean in the climate system is obtained from consid-

ering the major drivers, in particular their spatial structure

at the ocean–atmosphere interface. A large input of

mechanical energy is provided by the periodic variations

of the differential gravitational attraction between the Earth

and the Moon and, to a lesser extent, the Sun, which gen-

erate the tides around the globe. Together their supply of

power to the ocean is estimated at about 3.5�1012 W

(Munk and Wunsch, 1998). Tides have a crucial impact

on ocean mixing in the interior of the ocean through the

breaking of internal waves (Chapters 7 and 8), and dissi-

pation around the continental boundaries and the ocean

floor through turbulence, which is generated by the periodic

tidal currents. Together with mixing effected by eddies in

the mean flow, each with strongly regional patterns, mixing

is important on a global scale as it ultimately determines the

large-scale aspects of the internal distribution of water

masses (Chapters 9 and 10). However, tides have little

direct effect on the general circulation of the world ocean,

because the tidal residual mean circulation is at least an

order of magnitude smaller than the large-scale overturning

circulation and smaller still than the large-scale horizontal

flow (Bessières et al., 2008).

Instead, the general circulation of the world ocean is

mainly driven by the atmosphere–ocean fluxes of three

quantities that together supply mechanical, thermal, and

available potential energy via the transfer of momentum,

heat and freshwater to the ocean (Chapters 11 and 12).

The annual mean values of these fluxes and their global dis-

tribution are depicted in Figure 1.4.

Momentum is imparted to the surface layers of the ocean

through the action of the wind systems in the atmosphere and

the associated horizontal stresses on the ocean surface.

Surface wind stress is produced by the large-scale atmo-

spheric circulation and partly influenced by air–sea fluxes

of heat and water vapor. On a global scale, wind stress is ori-

ented primarily zonally with meridional components that are

muchweaker. The strongest wind stresses are observed in the

westerly wind belt of the Southern Ocean, where they force

the Antarctic Circumpolar Current (Figure 1.4a). The wind

stress causes most of the large-scale circulation, but only

rather indirectly because its effect is strongly modified by

the rotation of the Earth. This is achieved by Ekman transport

of water over the top few tens of meters of the ocean. Ekman

transport scales with the magnitude of the wind stress and is

directed to the right (left) in the northern (southern) hemi-

sphere, relative to the wind direction. Its spatial variations

cause distortions of the ocean surface and interior layers,

which in turn generate horizontal pressure gradients. It is

these pressure gradients which drive the large-scale gyre cir-

culations observed in all ocean basins (Chapters 11�14).

The net heat flux to the ocean is a result of the sum of

shortwave solar radiative flux, longwave thermal radiative

fluxes from the ocean surface (upwelling radiation) and the

atmosphere (downwelling radiation), the sensible heat flux,

and the latent heat flux. On the global scale, the ocean gains

heat roughly between 20�S and 20�N and releases heat

poleward of this area. This implies that in the global mean,

the ocean must transport heat away from the equator. The

world ocean is therefore not simply a passive reservoir but

an active component participating in the global heat redistri-

bution in theEarth’s climate system (Chapter 29).Regionsof

strongest heat exchange are clearly identified in the global

datasets presented in Figure 1.4b. They are spatially very

limited and indicate particular ocean circulation regimes.

Heat is taken up in excess of 100 W/m2 in the eastern equa-

torial Pacific, where a major ocean upwelling system is

located andwhichgenerates themost important and coherent

mode of internal atmosphere–ocean variability, theElNiño–

Southern Oscillation (ENSO) phenomenon. Strong heat

release on the order of 150 W/m2 and more is observed at

thewesternboundariesof theoceanbasins, and they coincide

PART I The Ocean’s Role in the Climate System8



with the current systems of the Gulf Stream and the Kur-

oshio, and the Agulhas retroflection off South Africa. Large

heat releases are also indicated in the Nordic Seas and the

Arctic Ocean. The distinct heat gains and heat losses in the

ocean at different latitudes imply meridional heat transports

by the ocean circulation in each basin.

The gross flux of freshwater to the ocean is estimated

at about 4.1�1017 kg/year (Table 1.1) and consists of pre-

cipitation (about 90%), river runoff (almost 10%), and

ice-sheet melting (nearly 0.1%), the latter being partially

compensated by net accumulation on the ice sheets. Imbal-

ances in this freshwater cycle are caused by recent warming

and ice-sheet melting. Although they are small (Table 1.1),

they are measurable and have a large long-term impact

through the rise in sea level. The freshwater balance is

achieved mainly by precipitation and evaporation on the

ocean’s surface, each with a distinct spatial distribution

that shows a largely zonal structure on a global scale

(Figure 1.4c). This results in a net surface water balance

which is characterized by freshwater gain in a narrow equa-

torial band on the order of 50–100 cm/year with amaximum

in the Western Pacific warm pool, freshwater loss to the

atmosphere in the subtropical dry zones, and net freshwater

gain again in the higher latitudes of both hemispheres. On a

global scale, the tropics and subtropics lose freshwater at a

rate of about 1 Sv while gains are estimated north of 30�N at

about 0.4 Sv, and south of 30�S at about 0.6 Sv (Talley,

2008). As inferred earlier for the heat fluxes, this also

implies a meridional transport of freshwater by the ocean

circulation in order to close the global water cycle.

A global view of the air-to-sea flux of carbon illustrates

the large imprint of the natural carbon cycle at the ocean

surface (Figure 1.4d). Carbon enters the ocean in the midlat-

itudes of the Pacific andAtlanticOceans roughly in the areas

of the Kuroshio and Gulf Stream, and the Nordic Seas. Also,

carbon is taken up in a large band circling most of the

Mean wind stress and momentum flux 1984–2006 (N/m2) Mean heat flux 1984–2006 (W/m2)

Mean water flux 1984–2006 (cm/yr) Net sea-to-air CO
2
 flux 2000 (grams C/m2 yr)

0.2 N/m2

-50 -40 -30 -20 -10 0 10 20 30 40 50

-160 -120 -80 -40 0 40 80 120 160

-200 -160 -80 -40 0 40 80 120 160-120 200

-0.2 -0.15 -0.1 -0.05 0 0.05 0.1 0.15 0.2

(a)

(c)

(b)

(d)

FIGURE 1.4 Major drivers of ocean processes and ocean circulation from various data sources. Shown are time-averaged quantities: (a) wind stress

(arrows) and atmosphere-to-ocean momentum flux (colors); (b) net atmosphere-to-ocean heat flux; (c) net freshwater flux excluding river runoff, that

is, precipitation minus evaporation, and (d) net atmosphere-to-ocean carbon flux in the year 2000, indicating a large imbalance caused by the uptake

of anthropogenic carbon by the ocean. Momentum flux is everywhere into the ocean; positive (negative) values indicate that this flux is caused by a

westerly (easterly) wind stress. In panels (b–d), fluxes are positive when they are from the atmosphere to the ocean. Figures are redrawn based on data

from Large and Yeager (2009), and for (d) from Takahashi et al. (2009).
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SouthernOcean.Major areas of carbon release are located in

the tropical Pacific, the Arabian Sea and the northernmost

Pacific Ocean, as well as around Antarctica (Takahashi

et al., 2009). This latitudinal dependence of air–sea carbon

fluxes is mainly temperature driven, as the solubility of

CO2 inwarmer oceanwater is lower than that in colderwater.

An imprint of the net uptake of anthropogenic carbon is con-

tained in Figure 1.4d (Chapter 30), but this does not change

much the dominant patterns of the gross fluxes.

In the timemean, atmosphere–ocean fluxes are indicators

of convergent and divergent meridional fluxes in the ocean.

With suitable boundary conditions, for example, no transport

across the boundary of Antarctica, meridional fluxes can be

calculated from the surface data (Large and Yeager, 2009).

This is shown in Figure 1.5. Globally, the ocean transports

heat at about 2�1015 W northward in the northern hemi-

sphere but only about 0.5�1015 W southward in the

southern hemisphere. The ocean transports freshwater

southward at midlatitudes of the northern hemisphere and,

equally, exports large amounts of freshwater from the

Southern Ocean. The ocean therefore essentially supplies

the freshwater that is lost to the atmosphere in the zones of

excessive evaporation (Figure 1.4c). Atmosphere and ocean

are therefore tightly coupled through the global water cycle.

However, these estimates are plagued with large uncer-

tainties as indicated by directly determined meridional heat

fluxes on measurements along hydrographic sections, com-

bined with dynamical constraints as calculated by

Ganachaud and Wunsch (2003). They find larger ocean heat

transports in the southern hemisphere. Uncertainties are

larger still for estimates of the meridional freshwater fluxes

in the ocean (Wijffels, 2001).

Although uncertainties and differences between the

various approaches remain large, a robust picture emerges

for the heat and freshwater in the different ocean basins. In

the Atlantic ocean, heat is transported northward; in the

Pacific and Indian Oceans combined, poleward in both hemi-

spheres. This transport is effected mainly through the merid-

ional overturning circulation (Ganachaud and Wunsch,

2003). The basin-wide meridional heat flux in the Pacific

Ocean in the northern hemisphere is northward and carried

by shallow overturning, but it amounts to less than half of that

carried by the Atlantic Ocean (Talley, 2003).

In terms of freshwater fluxes, various processes need

to be considered in addition to evaporation and precipita-

tion over the ocean area: transfer of water from land to

the ocean as river runoff, freshwater fluxes between ocean

basins through straits, and freshwater transfer from one

ocean basin to another via the atmosphere. Global river

runoff is estimated at about 1.3 Sv�40�1015 kg/yr

(Figure 1.3). Flows through the Bering Strait (about 1 Sv,

not considered in Figure 1.5) and the Indonesian Archi-

pelago (about 10 Sv, Chapter 19) connect the Pacific Ocean

with the Arctic basin and the Indian Ocean, respectively,

and are important elements in the maintenance of the dis-

tinctly different salinity signatures of the ocean basins.

Further, the Mediterranean Sea, as a marginal basin with

an overall excess in evaporation over precipitation, and thus

a negative freshwater balance, leaves a large-scale imprint

on the salinity distribution of the mid-depth midlatitude

North Atlantic Ocean. The global picture of the water cycle

would not be complete without taking into account the inter-

basin transports of freshwater through the atmosphere. The

extra-tropical North Atlantic ocean loses about 0.1–0.3 Sv

of freshwater through excess evaporation. This water vapor

is then carried to the Pacific basin via the trade winds

(Zaucker and Broecker, 1992). This is one of the mecha-

nisms to maintain a significantly saltier North Atlantic

Ocean (mean salinity of 35.75 at 200 m depth) than the

North Pacific (34.50 at 200 m depth) (Levitus et al., 1994).

Meridional fluxes of carbon are depicted in Figure 1.5c

estimated from integrating the atmosphere–ocean carbon

fluxes of Takahashi et al. (2009). Consistent with

Figure 1.4d, carbon is transported toward the equator on
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a global scale. In the Atlantic Ocean, carbon is transported

southward at all latitudes. Note that these meridional fluxes

are based on data from the modern ocean and therefore

already contain a significant anthropogenic contribution.

For example, under preindustrial conditions, all ocean

basins are found to export carbon to the Southern Ocean.

This transport has now changed direction in some areas

due to the large uptake of anthropogenic carbon in the

Southern Ocean (Figure 1.4d).

These large-scale air–sea fluxes and meridional fluxes

of heat, freshwater, and substances are the manifestation

of the tight coupling between the atmosphere and the ocean.

Therefore, data as presented in Figures 1.4 and 1.5 are

strong additional constraints for a global view of the ocean

circulation.

4. GLOBAL-SCALE SURFACE AND DEEP
OCEAN CIRCULATIONS

The global view of atmosphere–ocean fluxes and the

implied meridional transports of heat, freshwater and

carbon have pointed to the existence of a worldwide ocean

current system. Its surface flow is characterized by basin-

wide gyre circulations in the Atlantic, Pacific, and Indian

Oceans (Chapters 11�14). The near-surface circulation

can be divided roughly into five major phenomena: in the

northern hemisphere, anticlockwise subpolar gyres

(Chapter 17), clockwise subtropical gyres and mainly zonal

equatorial current systems (Chapter 15); in the southern

hemisphere, the anticlockwise subtropical gyres and the

Antarctic Circumpolar Current (Chapter 18). A qualitative,

global overview is given in Figure 1.6. For the strong

subtropical gyres of the Pacific and Atlantic Oceans,

transport estimates are at 42 Sv for the Kuroshio

(Imawaki et al., 2001), and 30 Sv through the Strait of

Florida (Lumpkin and Speer, 2003); about 134 Sv are

carried by the Antarctic Circumpolar Current through the

Drake Passage (Cunningham et al., 2003). This infor-

mation, together with knowledge of the sea-surface temper-

ature distribution, permits a rough estimate of the heat

carried by the subtropical gyre in the North Atlantic Ocean.

Assuming a volume transport of 30 Sv and a temperature

difference of about 2 �C between the northward flowing

warm water at the western boundary and colder water

whose southward flow is spread over most of the Atlantic

basin width east of the western boundary current, we

obtain FH ¼ r�c� _V�DT� 103�4�103�30�106�2W¼
0:24�1015W for the meridional heat flux by the sub-

tropical gyre. However, estimates for the total meridional

heat flux in the North Atlantic are about 1.3�1015 W

(Ganachaud and Wunsch, 2000; Johns et al., 2011). This

implies that there must exist another important type of cir-

culation in the Atlantic ocean that carries the missing heat.

This is the deep meridional overturning circulation of the

Atlantic ocean, referred to as the Atlantic meridional over-

turning circulation (AMOC).

A global-scale circulation in the deep ocean

(Chapter 10) has been suspected since the early days of

ocean exploration, when it was realized that even in tropical

latitudes, the deep ocean is very cold. Such waters could

only be supplied from polar regions where the annual mean

temperature is sufficiently cold. This also suggests that the

deep waters derive from surface, or near-surface waters, of

the high latitudes. The latest comprehensive international

effort, in the framework of the World Ocean Circulation

Experiment (WOCE, www-pord.ucsd.edu/whp_atlas), has

measured the global distributions of temperature, salinity,

and many tracers, and produced a comprehensive view of

the global water masses and their physical and chemical

characteristics. The view of the importance of a globe-

encompassing deep circulation in the world ocean has been

confirmed in great detail by this immense dataset.

Figure 1.7 shows a representative section through the

Atlantic Ocean for temperature and salinity and indicates

the three dominant water masses in the Atlantic. The coldest

waters in the deep ocean can be traced back to regions

around Antarctica where Antarctic BottomWater (AABW)

is formed. North Atlantic Deepwater (NADW) is less dense

and hence is located between AABW and Antarctic Inter-

mediate Water (AAIW). The presence and extent of these

water masses suggest that deep water is being formed in

the high latitudes in rather localized areas. In order to close

the flow, the simplest possibility is that water upwells uni-

formly on a global scale as proposed by Munk (1966). He

estimated a global mean upwelling rate of 0.7�10�7 m/s

using mean vertical structures of temperature, salinity,

and radiocarbon, from the central Pacific Ocean. This is

consistent with a recent estimate of the global deep water

production of 36 Sv which would need to be replenished

by a global mean upwelling rate of 10�7 m/s (Ganachaud

and Wunsch, 2000). Incidentally, this order of magnitude

for global upwelling yields a renewal time for the entire

ocean volume of about 1000 years, which is significantly

faster than the earlier estimate based on Table 1.1. This

time is also more consistent with estimates of the age of

the oldest waters in the Pacific based on radiocarbon

measurements and inverse calculations (Gebbie and

Huybers, 2012). However, more detailed observations have

uncovered a distinctly regional structure of upwelling, with

most of it occurring in the Southern Ocean and equatorial

regions (Döös et al., 2012; Marshall and Speer, 2012). In

both areas, the upwelling is largely wind-driven by eddy-

induced momentum transport and Ekman divergence.

Figure 1.7 also suggests that the deep circulation is

essentially a meridional overturning circulation, which is

characterized in the Atlantic Ocean by warmwaters flowing

northward and colder waters at depth flowing southward,

each in western boundary currents. This view for the

Atlantic Ocean was first proposed by Stommel (1957),
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based purely on dynamical considerations of a fluid on a

rotating sphere, but inspired by earlier insight from direct

measurements (Defant, 1941). Stommel (1958) extended

this concept qualitatively to the entire ocean and provided

estimates of the volume transport for each of the deep

western boundary currents. It is worth noting that Stommel

closed his landmark paper, presenting for the first time a

global view of the deep circulation of the world ocean,

by saying One cannot pretend that it describes the abyssal
circulation accurately in detail. The quantitative and

dynamically consistent analysis of the deep circulation

was presented in a series of papers starting with Stommel

and Arons (1960).

Stommel’s Letter to the Editors (1958) prompted a

series of iconic depictions of the global deep ocean circu-

lation (Richardson, 2008); the most popular is the Great
Ocean Conveyor Belt (Broecker, 1987b). Broecker and

Peng (1982) introduced the term large conveyor belt and
described the geochemical significance of this global cir-

culation. A schematic illustration that indicates the flow
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and the locations of the various water masses in the three

major ocean basins is given in Figure 1.8. This concept has

been useful in highlighting the importance of this circu-

lation in the climate system and has also been inspiring

for the understanding of abrupt climate changes in the past

(Broecker and Denton, 1989; Stocker and Wright, 1991;

Stocker, 2000; Clark et al., 2002). However, modern

oceanography with the growing dataset of autonomous

measurement devices deployed in the ocean (Chapter 3)

(Roemmich and Gilson, 2009), dedicated arrays (Johns

et al., 2011), a rich variety of satellite products

(Chapter 4) (Hurlburt et al., 2009), and high-resolution

ocean modeling (Chapters 20 and 22) (Maltrud and

McClean, 2005) paints a complex picture of a turbulent

ocean which, only in the multidecadal time, may bear

some similarities with the cartoon-type view presented

in Figure 1.8.

Turning briefly back to the question of the closure of the

meridional heat transport in the ocean, which suggested the

existence of a deep ocean circulation, we estimate the con-

tribution of the overturning circulation in the Atlantic to the

total meridional heat flux. Of the 36 Sv of deep water

formed globally about 15 Sv are estimated to come from

the North Atlantic (Ganachaud and Wunsch, 2000). As

above, we can now calculate the heat that is carried in

the North Atlantic by a northward flow of 15 Sv of warm

surface waters at about 20 �C and an equal amount of cold

NADW flowing southward at about 3 �C. These assump-

tions yield FH�1.0�1015W which is about four times

the heat flux transported by the near-surface horizontal gyre
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circulation. The calculated estimates of the gyre and the

meridional overturning circulation together are in good

agreement with the observed value in the North Atlantic

(see Figure 1.5a). In the North Pacific, on the other hand,

overturning is only shallow and much less heat is carried

northward (Talley, 2003).

5. LARGE-SCALE MODES OF VARIABILITY
INVOLVING THE OCEAN

So far, attention has been focused on the global-scale,

steady circulation patterns of the world ocean. However,

it is well documented that atmosphere–ocean exchange

fluxes of heat and freshwater vary also on interannual to

multidecadal time scales and thus point to the ocean as

an active component of global and regional climate vari-

ability. A comprehensive synthesis of nonseasonal, inter-

annual to multidecadal sea-surface temperature variability

observed worldwide is given by Deser et al. (2010).

The best studied atmosphere–oceanmode of variability is

the ENSO phenomenon (Chapter 24, e.g., Cane, 2005; Deser

et al., 2010; Sarachik and Cane, 2010). It is characterized by

two anomalous ocean–atmosphere states in the equatorial

Pacific Ocean (Figure 1.9). These anomalous states can last

for several months to more than a year and recur irregularly

on a typical time scale of 2–7 years: (i) El Niño with anom-

alous warm sea-surface temperatures in the eastern tropical

Pacific, regionally reduced atmospheric pressure causing

the trade winds to weaken there, and an equatorial rain band

that extends from Indonesia into the central Pacific; (ii) La

Niña with the opposite changes resulting in colder sea-

surface water and higher atmospheric pressure in the eastern

tropical Pacific, due to a shoaled thermocline and hence

stronger coastal upwelling, in response to stronger trade

winds. Paleoclimate reconstructions demonstrate the

presence of this variability at least during the last millennium

(Cobb et al., 2003), but possibly during the past 20,000 years

(Rein et al., 2005). During the last 7000 years, no systematic

trends in this variability could be detected (Cobb et al., 2013).

This mode therefore appears to be a very stable feature of

interannual variability in the climate system.

The important role the ocean plays in this mode of var-

iability is evident in Figure 1.9. The vertical movements of

the thermocline in the eastern part of the equatorial Pacific

influence sea-surface temperatures and thus modify the

strength of the trade winds. Atmosphere and ocean are

coupled to produce a positive feedback, the Bjerknes
feedback (Bjerknes, 1969), which is at the heart of the

ENSO phenomenon (Cane, 2005). Stronger trades in the

eastern equatorial Pacific cause the thermocline to rise

through Ekman suction, which in turn produces colder

sea-surface temperatures that tend to promote subsidence

in the overlying atmosphere. An increase in the high

pressure over the eastern equatorial Pacific follows, which

further strengthens the trades and closes this positive

feedback loop. But the Bjerknes feedback alone cannot

explain the recurrence of ENSO. The oscillation involves

wave propagation in the ocean: Kelvin waves travel toward

the eastern boundary of the Pacific basin where, in turn, the

perturbations generate Rossby waves, which then propagate

westwards and into the basin off the equator. Together they

modify the position and structure of the thermocline in such

a way that the system is “recharged” after some years

(Wang, 2001). Although basic aspects of this coupled atmo-

sphere–ocean phenomenon are simulated by many compre-

hensive climate models, ENSO events in only a few models

have occurrence frequencies similar to those observed

(Guilyardi et al., 2009).
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FIGURE 1.9 Schematic illustration of the normal conditions in the equatorial Pacific and two different phases of the El Niño–Southern Oscillation

phenomenon. Normal conditions show an east–west gradient in sea-surface temperature (SST) in the equatorial Pacific with a western Pacific warm pool

where convective rainfall occurs. The SST gradient is maintained by well-established trade winds with subsidence over the cold pool in the east and

convection in the west as part of the Walker Circulation. The trade winds maintain the slope of the thermocline in the equatorial Pacific which, in turn,

sets up the SST gradients. During an El Niño event, the trade winds slacken, SSTs warm across the equatorial Pacific, and the convective rain band extends

and moves east. As the trade winds weaken, the thermocline relaxes downward. The opposite changes are observed during a La Niña event. El Niño

conditions typically prevail from December through February. Figures adapted from the PMEL TAO Project.
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While ENSO is generated and maintained by processes

in the equatorial and tropical Pacific, teleconnections

caused by ENSO have been documented around the world

(Ropelewski and Halpert, 1987; Halpert and Ropelewski,

1992). The most notable phenomena during El Niño events

are dry conditions over Indonesia, Australia, and south-

eastern Africa, wet conditions in Peru, Ecuador, and the

Gulf of Mexico, and warm anomalies in northwestern North

America up to Alaska. Effects of ENSO can also be iden-

tified to reach Europe (Brönnimann, 2007). Such telecon-

nections may be difficult to distinguish from the Pacific

Decadal Oscillation (PDO; Deser et al., 2004), or other

interannual to multidecadal variability that generate tele-

connections (Liu and Alexander, 2007).

Also in the tropical Indian Ocean, a basin-wide mode of

variability involving strong ocean–atmosphere interaction

has been found in observations (Saji et al., 1999; Webster

et al., 1999). It is now referred to as the Indian Ocean Dipole

(IOD) and is a dominant feature of Indian Ocean variability

(Schott et al., 2009). In its positive phase, sea-surface tem-

peratures off the coast of Sumatra are colder, while they are

anomalously warm in the western Indian Ocean. The colder

temperatures west of Sumatra may be triggered by anom-

alous seasonal upwelling (Xie et al., 2002) which leads to

atmospheric subsidence and stronger easterly winds along

the equator. They reinforce the upwelling. This also consti-

tutes the western branch of the Walker circulation in the

atmosphere, which leads to convection over the warmer

western Indian basin. The rising air enhances rainfall in

the western part of the Indian Ocean and in eastern equa-

torial Africa. This is, again, the Bjerknes feedback, which

sets up the prominent dipole pattern in sea-surface temper-

ature in the tropical Indian Ocean. Overall, the physical pro-

cesses in the tropical atmosphere and ocean that are at work

for IOD are similar to those for ENSO.

IODevents are seasonally phase locked and tend to be sig-

nificantly shorter than ENSO events. While many of the pro-

cesses that operate during an IOD are also fundamental to

ENSO, there are distinct differences that are primarily caused

by the strong, thermally driven land–ocean interactions in the

Indian Ocean (Li et al., 2003). The warming over the western

Indian Ocean induces enhanced evaporation and cloud cover

which dampens the warming. It also strengthens the Indian

summermonsoon circulationwith consequent strongerwinds

and enhanced mixing in the ocean surface (Webster et al.,

1999). All this contributes to a more rapid demise of the

IOD, which typically only lasts for a few months, with the

strongest phase in October. In the past 40 years, IOD and

ENSO did not occur synchronously (Saji et al., 1999) which

suggests that they can operate independently. However,

through the atmospheric Walker circulation in the tropical

Indo-Pacific region, and further teleconnections in the atmo-

sphere, it is not surprising that there are also phases of inter-

action between IOD and ENSO (Luo et al., 2010), for

example, during the prominent IOD event in 1997, and the

strong ENSO that unfolded in 1997/1998. IOD events thus

may even trigger ENSO (Izumo et al., 2010).

IOD events were inferred from coral records extending

over the past 6500 years (Abram et al., 2007). IOD events

and associated changes therefore appear to be a persistent

feature of tropical variability in the Indian Ocean, but the

proxy records indicate that the duration of IOD events

was longer during the middle Holocene resulting from a

stronger Indian monsoon then. East African rainfall and

drought changes found in paleoclimate records covering

the past millennium also point to active IOD modes

(Verschuuren et al., 2000; Mölg et al., 2006).

The PDO (Chapter 25) manifests itself as warm and cold

anomalies of monthly North Pacific sea-surface temper-

ature from November to March (Mantua and Hare, 2002;

Deser et al., 2010). PDO variability is not periodic but

shows power in two time windows of 15–25 years and

50–70 years. Paleoclimate reconstructions suggest that

the PDO is a robust feature during the past 1000 years

but the typical time scales of variations may not have been

stable (MacDonald and Case, 2005; Shen et al., 2006). The

mechanism of this atmosphere–ocean mode is not fully

understood. While forcing due to ENSO teleconnections

and reemergence of sea-surface temperature anomalies

may play roles, stochastic forcing and modulation by the

ocean appear to be dominant (Liu, 2012).

Multidecadal variations (Chapter 25) on time scales of

40–60 years and 50–90 years have been found both in

coupled model simulations (Delworth et al., 1993) and in

the analysis of observed surface temperature records

(Schlesinger and Ramankutty, 1994; Sutton and Hodson,

2003). Both studies pointed to the North Atlantic as the

center of action. This phenomenon is now referred to as

Atlantic multidecadal oscillation (AMO) and is described

by basin-wide, coherent sea-surface temperature anomalies

in the Atlantic north of the equator (Deser et al., 2010).

These anomalies are closely linked to the meridional over-

turning circulation in the Atlantic, and both temperature and

salinity anomalies may be involved (Ou, 2012). When the

overturning is stronger, warm anomalies are produced,

and also saltier waters are advected northward along the

western boundary. This provides a positive feedback for

the overturning. Finally, a warm pool will develop and a

geostrophic response results in an anticyclonic circulation

which brings colder waters from the north to the mid-basin

of the Atlantic Ocean, closing the cycle. This suggests that

the typical time scale of the AMOmay be determined by the

volume of water that participates in this variability, which

may explain the irregularity found in model simulations and

paleoclimatic reconstructions (Gray et al., 2004). AMO

might also influence the September sea ice extent in the

Arctic (Day et al., 2012). Recent simulations over the twen-

tieth century using coupled climate models show variability
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on this time scale but underestimate the amplitude and asso-

ciated large-scale regional patterns of variation (Kavvada

et al., 2013).

6. THE OCEAN’S ROLE IN PAST
CLIMATE CHANGE

In order to understand and quantify the sensitivity of the

ocean circulation to perturbations and its response to future

changes in the major drivers, a combination of approaches,

including multiproxy paleoclimate reconstructions and

modeling, must be taken. Climate simulations using compre-

hensive coupled atmosphere–ocean models provide us with

estimates of changes in ocean status and circulation for past

climates (Braconnot et al., 2012). Understanding the ocean in

the context of past climate change (Chapter 2) offers a com-

plementary and increasingly quantitative insight into how the

ocean has responded to rather large changes in the forcing

fluxes and knowledge that is relevant to assess future changes

in ocean status and circulation (see Section 7).

A few numbers demonstrate that the ocean played an

important role in past climate change. The world ocean

was the principal carbon storage during the course of the

ice ages when atmospheric CO2 concentrations changed

between about 180 ppm during an ice age and about

280 ppm during interglacials (Lüthi et al., 2008). Global

mean surface air temperatures during the Last Glacial

Maximum (LGM, 26,000 to 20,000 years before the

present) were about 4–7 �C colder than today (Jansen

et al., 2007; Masson-Delmotte et al., 2013). Global mean

cooling at the ocean surface during the LGM has been

recently estimated at about 2 �C (MARGO Project

Members, 2009), but for large areas with likely much larger

cooling no reconstructions are available (Figure 1.10). Deep

ocean temperatures were near the freezing point (Adkins

et al., 2002). During the LGM, sea level was about 130 m

lower than today (Clark et al., 2009; Church et al., 2013),

whereas about 125,000 years ago, in the previous inter-

glacial, it was 5.5–9 m higher than today (Dutton and

Lambeck, 2012). These sea-level variations impact directly

on the mean salinity of the world ocean with today’s mean

salinity being about 1.1 units lower than at the LGM.

Wind patterns during the last glacial period were signifi-

cantly different from today due to the presence of the northern

hemisphere ice sheets, more extended sea ice cover, and

changed meridional temperature gradients. Although their

�12 �8 �6 �4 �2 �1 12864210

Sea surface temperature change (LGM—modern)

(�C)

FIGURE 1.10 Reconstructions of annual mean sea-surface temperatures anomalies at the Last Glacial Maximum relative to today, based on amultiproxy

approach using several paleothermometers. Uncertainties are large, and data coverage in large dynamically essential areas of the ocean, for example, the

Southern Ocean, is poor or missing. Figure from MARGO Project Members (2009).
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strength has likely changed, zonal wind belts still forced the

surface gyre circulation, making it a robust feature of the

ocean circulation throughout the ice age cycles.

Unfortunately, reconstructions of sea-surface salinity

distributions in the past are still scarce and highly uncertain,

but there is indication of a change in the east–west surface

salinity gradient in the North Atlantic (Schäfer-Neth and

Paul, 2003). During most of the last ice age, the Bering

Strait was closed because sea level was below the depth

of this shallow passage. With the Bering Strait closed, the

Arctic salt balance and the Arctic–North Atlantic water

exchange were very different from today. Together with

modified air–sea fluxes and sea ice cover, it is therefore

not unreasonable to expect major changes in the strength

and structure of the deep circulation of the ocean in the past.

Model simulations suggest that this closure also modified

the sensitivity of the meridional overturning circulation to

freshwater perturbations (Hu et al., 2012).

A major effort in paleoceanography therefore concerns

the reconstruction of the ocean circulation in the past, in

particular the ocean circulation during the LGM and its

transient evolution to the circulation observed today. The

rationale is that by documenting and understanding in detail

how the ocean circulation operated during the last ice age,

and during the transition to the Holocene leading up to the

present, a wide variety of ocean states could be “sampled”,

which would allow us to capture the essential dynamic

range of the ocean to perturbations and changes in the dif-

ferent forcing factors.

A palette of different physical and geochemical indi-

cators measured on marine sediments has been developed

to quantify changes in water mass characteristics of the

ocean in the past (Lynch-Stieglitz, 2003). The stable isotope

ratios of oxygen (18O/16O) and carbon (13C/12C), measured

on the calcareous shells of different organisms, are widely

used paleoceanographic quantities from which changes in

temperature, water mass distribution, and sea level are

inferred. Temperature information as in Figure 1.10 is also

derived fromMg/Ca ratios and concentrations of alkenones;

metal tracers such as Pa, Th, and Nd, and their isotopes,

provide further constraints for changes in water masses

(Rempfer et al., 2011).

With the growing number of paleoceanographic indi-

cators and related datasets, it should therefore eventually

be possible to assimilate the information into an ocean cir-

culation model and reconstruct the past circulations

employing the same approach of inverse modeling as for

modern data. Such a study indicates that the deep circu-

lation in the Atlantic Ocean of today is incompatible with

the tracer distributions reconstructed for the last glacial

(Marchal and Curry, 2008). Based on nutrient tracers, one

can infer that the large-scale water mass distribution in

the glacial Atlantic was dominated by a shallower water

mass, Glacial North Atlantic IntermediateWater, lying over

a more widespread AABW (Lynch-Stieglitz et al., 2007),

and possibly reduced mixing between northern and

southern water masses (Lund et al., 2011). However,

various model simulations still give conflicting results for

the Atlantic overturning strength during the LGM (Otto-

Bliesner et al., 2007), and recent numerical model results

suggest some threshold behavior of the overturning circu-

lation with respect to the surface buoyancy flux and wind

stress forcings (Oka et al., 2012).

An intriguing feature of past climate change, for which

the ocean is thought to be a major player, is the sequence of

26 abrupt warmings as recorded in the Greenland ice core

record (Stocker, 2000; North Greenland Ice Core Project

members, 2004). The most recent and last in the series of

these warmings occurred 11,650 years ago and marked

the beginning of the current warm period, the Holocene.

These events are commonly referred to as Dansgaard–

Oeschger events in honor of the Danish and Swiss scientists

Willy Dansgaard (1922–2011) and Hans Oeschger (1927–
1998) who identified and interpreted them in the first deep

ice cores fromGreenland (Dansgaard et al., 1984) and noted

their widespread climatic significance (Oeschger et al.,

1984). The warmings in Greenland occur extremely

rapidly, sometimes within a few years (Steffensen et al.,

2008), and have amplitudes of 8� to 15 �C (Huber et al.,

2006). Many independent indications from reconstructions

of temperature and precipitation changes on land, sea-

surface temperature changes, changes in water mass indi-

cators in the ocean, and global-scale spatial correlations

strengthen the view that the ocean, in particular the Atlantic

overturning circulation, has played a fundamental role in

these climate variations (Broecker and Denton, 1989;

Stocker, 2000; Clark et al., 2002; Voelker and Workshop-

Participants, 2002; Alley et al., 2003; Clement and

Peterson, 2008; Fleitmann et al., 2009). This is because

more than 75% of the heat transport in the North Atlantic

Ocean depends on the overturning circulation (see

Section 4), and variations of its strength are an efficient reg-

ulator of regional climate in this region. If this “heat pump”

is switched off, a substantial impact on sea-surface temper-

atures and the atmosphere is expected.

A large body of climatemodel simulations, ranging from

simplified conceptual models to comprehensive coupled

climate models, demonstrates that the AMOC sensitively

responds to changes in the surface buoyancy balance and

the distribution of wind stress. Some studies argued that

the overturning circulation has multiple equilibria

(Stommel, 1961; Manabe and Stouffer, 1988; Stocker and

Wright, 1991). Such a propertywould create hysteresis, with

the surface freshwater balance in theNorthAtlantic being an

important determinant which, depending on the climate

state, could create the possibility of abrupt climate change

in response to perturbations in the freshwater balance

(Stocker and Marchal, 2000; Hu et al., 2012). The most
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effective perturbation of this kind during the last ice age was

recurring massive iceberg discharges from the northern

hemisphere ice sheets and Antarctica. Such an iceberg flow

into the ocean would result in large freshwater lenses dis-

rupting the deep water formation and hence reduce the

oceanic meridional heat flux in the North Atlantic.

Direct identification of past changes in the AMOC

remains a challenge as there are only indirect paleoceano-

graphic indicators registering such changes. Metal tracer

concentrations (Pa, Th, and Nd) and their isotopic ratios

inform about water mass distributions and are, unlike the

carbon isotopic ratios, less influenced by couplings with

the carbon cycle. They therefore offer a way to quantita-

tively determine changes of the meridional overturning cir-

culation in the past (Piotrowski et al., 2004). Model

simulations suggest that such tracers may be able to

quantify such changes in response to freshwater discharges

from the north or the south, and discriminate between them

(Rempfer et al., 2012). Time-resolved reconstruction of

sea-surface temperature distributions also holds promises

to quantify AMOC changes (Ritz et al., 2013).

Currently, the most convincing evidence for a large

involvement of the meridional overturning circulation in

the sequence of Dansgaard–Oeschger events during the last

ice age comes from the remarkable interhemispheric cou-

pling of these abrupt warmings. Today, the meridional heat

flux in the Atlantic Ocean at 30�S is directed northward

(Figure 1.5), and therefore this ocean imports heat from

the Southern Ocean when the overturning circulation is

operational. The paleoclimatic significance of this cooling

effect of the Southern Ocean was recognized by Crowley

(1992). Rapid changes of the Atlantic overturning circu-

lation are therefore expected to produce climate signals

of opposite sign in the South Atlantic Ocean to those in

the North Atlantic Ocean, and by ocean–atmosphere cou-

pling, in the overlying atmosphere. This led to the formu-

lation of the “bipolar seesaw” hypothesis (Broecker,

1998; Stocker, 1998).

Ice cores from Greenland and Antarctica offer the

unique possibility of producing highly time-resolved

climate records that can be placed on one synchronized time

scale by employing the rapid changes in the methane con-

centrations measured on these cores as a reliable global time

marker. This approach revealed an asynchronous behavior

between Greenland and Antarctica for the Antarctic

warmings during the last ice age (Blunier et al., 1998;

Capron et al., 2010). While abrupt warmings in Greenland

are followed by millennial-scale coolings, temperature var-

iations inferred from Antarctica isotope records were more

gradual during the last ice age. A consistent pattern is that

the Antarctic warming trends change into cooling trends at

the time of the abrupt warming in the Greenland ice cores,

that is, synchronous with the Dansgaard–Oeschger events.

The fundamentally different temporal character of these

events—abrupt in the north and gradual in the south—could

be resolved by postulating a thermal damping influence of

the large Southern Ocean heat reservoir (Stocker and

Johnsen, 2003). Two testable predictions followed from this

model of the “thermal bipolar seesaw”: (i) all Dansgaard–

Oeschger events should produce a warming in Antarctica

and (ii) the duration of the cooling in Greenland is propor-

tional to the amplitude of the warming in Antarctica.

The ice core from Dronning Maud Land in Antarctica

produced a temperature record of significantly higher time

resolution than previous Antarctic records. Moreover, the

ice core is located in the South Atlantic sector of Antarctica

and hence in an area which is expected to react particularly

sensitively to the bipolar seesaw (EPICA Community

Members, 2006). When synchronized onto the time scale

of the Greenland ice core (North Greenland Ice Core

Project members, 2004), each Dansgaard–Oeschger event

could be associated with a corresponding Antarctic Isotope

Maximum event (Figure 1.11). Further, the proportionality

postulated by the thermal bipolar seesaw was also con-

firmed (EPICA Community Members, 2006; Capron

et al., 2010). This remarkably coherent interhemispheric

coupling persisted through the transition from the last ice

age into the Holocene (Barker et al., 2009). Using the

seesaw concept in an inverse approach, it can be suggested

that Dansgaard–Oeschger events were a common feature of

at least the past 800,000 years (Siddall et al., 2006; Barker

et al., 2011). In summary, these results demonstrate the

important global-scale role of changes in the ocean circu-

lation for abrupt climate change and variations on the

centennial-to-millennial time scale in the past.

Finally, the ocean is also the key climate system com-

ponent to enable glacial–interglacial changes in atmo-

spheric CO2 (Fischer et al., 2010). Ice core records

indicate CO2 variations of about 100 ppm during the past

eight ice age cycles (Lüthi et al., 2008). During the

LGM, atmosphere and land together held about 400–

800 Gt carbon less than today (Sigman and Boyle, 2000).

This extra carbon must have been stored in the ocean and

in sediments, and this required substantial physical,

chemical, and biological changes in the ocean to permit

the observed reduction in atmospheric CO2. During the

LGM, the sea-surface temperature was about 2 �C colder

(Figure 1.10), which increases the solubility of CO2 and

reduces atmospheric CO2 by about 20 ppm. As pointed

out above, the uncertainty in this estimate is very large.

The increase in salinity partially offsets this reduction by

about 10 ppm. Other physical changes involve shifts in

water mass distributions, larger sea ice cover, and increased

stratification in the Southern Ocean, but these physical

effects together are able to account for only about a third

of the required reductions in atmospheric CO2.Ocean chem-

istry was therefore also involved in the glacial–interglacial

CO2 changes. An increase in the ocean’s alkalinity would
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also reduce atmospheric CO2. This can be caused by

changes in the calcium carbonate cycle on land (increase

in weathering), in the ocean (reduced growth of coral reefs,

a decrease in the production ratio of carbonate/organic

carbon), or in the sediment (reduced carbonate burial).

Changes in the biological processes are also invoked to

explain the glacial–interglacial CO2 changes. More dust in

the atmosphere during the ice age may have supplied more

iron, a nutrient which could stimulate marine productivity

and burial of organic matter.

None of these mechanisms, individually, is able to

explain quantitatively the carbon cycle changes during a

glacial–interglacial cycle (Kohfeld and Ridgwell, 2009).

Therefore, a temporally coordinated succession of pro-

cesses involving ocean physics, chemistry, and biology

must have been at play to produce the observed tight rela-

tionship between reconstructed air temperatures and atmo-

spheric CO2 concentrations (Siegenthaler et al., 2005).

Coupled climate–carbon cycle models begin to capture

the complexity of these transient changes but are not yet

able to quantitatively simulate ice age variations in a way

that is fully consistent with the paleoclimatic and paleocea-

nographic evidence (Menviel et al., 2012).

7. THE OCEAN IN THE ANTHROPOCENE

The anthropocene is a new era during which human activ-

ities profoundly change the Earth System, by burning of

fossil fuels, changing land use, and by deforestation. These

impacts on all components of the climate system are now
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FIGURE 1.11 Sequence of abrupt climate changes during the Marine Isotope Stage 3 (MIS3) as recorded in ice cores from Antarctica (EDML, EPICA

Dronning Maud Land) and Greenland (NGRIP, North Greenland Ice Core Project). The combination of these key paleoclimatic records provides con-

vincing evidence for the role of the Atlantic meridional overturning circulation in determining the interhemispheric coupling during the last ice age.

Gradual warmings and coolings in Antarctica (Antarctic Isotope Maximum events) occur synchronously with abrupt warmings in Greenland (Dans-

gaard–Oeschger events). This coherent interhemispheric coupling persists through much of the last ice age (Capron et al., 2010). During the Last Glacial

Maximum (LGM), these events are absent or subdued; during the transition to the Holocene, the sequence reappears with the abrupt warming in Greenland

at 14,500 years before the present (Dansgaard–Oeschger event 1), the Antarctic Cold Reversal (ACR), and Dansgaard–Oeschger event 0 being the last such

abrupt event (Stenni et al., 2011). Figure modified from EPICA Community Members (2006).
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well documented (IPCC, 2007, 2013) and can, in many

cases, be attributed to the direct and indirect effects of

the increase of greenhouse gases in the atmosphere on

global and regional scales (Stott et al., 2010; Bindoff

et al., 2013). Although changes in the ocean are challenging

to detect due to the large volume and the relative scarcity of

observations, the ocean is an excellent integrator of changes

owing to the long time scales involved in ocean processes.

As already shown in Table 1.1, fundamental properties have

been observed to change (Chapters 27, 28, and 30). Melting

glaciers and ice sheets add mass to the ocean, thermal

energy penetrates the ocean due to the widespread and

long-term warming of the lower atmosphere observed in

the twentieth and the beginning of the twenty-first century,

a stronger atmospheric branch of the hydrological cycle

causes a redistribution of salinity in the global ocean

(Bindoff et al., 2007; Rhein et al., 2013), and the continuous

rise of CO2 in the atmosphere causes an ocean uptake of

carbon (Rhein et al., 2013). All these changes have conse-

quences for ocean circulation, distribution of water mass

properties, and the chemical status of the ocean.

This is evident from the global zonal averages of the

most recent data survey (Durack and Wijffels, 2010), and

shown in Figure 1.12. A total of about 24�1022 J have

entered the world ocean since 1955 (Levitus et al., 2012).

The warming can be detected to be essentially global in

the top 700 m of the ocean, and recent studies indicate that

this is induced by human activity (Gleckler et al., 2012). In

the Atlantic Ocean, the warming reaches deeper to about

2000 m because NADW transports the warmer waters effi-

ciently to that depth (Figure 1.7). Since the 1990s, a small

downward heat flux crossing 4000 m depth could be

observed, which amounts to about 1012 W (Purkey and

Johnson, 2010), thus less than 1% of the anthropogenic heat

flux at the surface (Table 1.1). The time span of these obser-

vations is still too short to determine whether this is an

anthropogenic signal or natural variability. The global

extent of the signal and simple physical arguments,

however, rather suggest this to be the early sign of

whole-ocean warming.

The salinity changes in the top 500 m of the world ocean

are significant and show a consistent pattern of freshening

in the tropics and the high latitudes of both hemispheres,

while the extra-tropics show increasing salinity (Durack

and Wijffels, 2010). This is the signal that would be

expected from an “accelerating” hydrological cycle: more

water is evaporated in the dry zones of the subtropical gyres

and more precipitation would occur in the high latitudes

implying a stronger meridional moisture flux in the atmo-

sphere (Held and Soden, 2006; Durack et al., 2012). The

detection of this important change is facilitated by the inte-

grating property of the ocean for changes in the atmospheric

hydrological cycle. This is the response of the water cycle

that comprehensive climate models consistently project for

the twenty-first century (Meehl et al., 2007; Collins et al.,

2013), and it appears that this trend has already started on

a global scale.

Both the addition of freshwater from melting glaciers

and ice sheets, and the heating from the surface reduce

the density of the upper 500 m of the ocean. This

strengthens the stratification and thus would likely reduce

vertical mixing, which is an essential process in
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determining the ocean circulation and formation of water

masses (see Section 4). Moreover, warming and freshening

are amplified in the high latitudes where deep water is being

formed. With both temperature and salinity changes con-

spiring to lower the densities of surface ocean waters,

one would expect that the meridional overturning rates

may reduce. Early coupled atmosphere–ocean model simu-

lations (Chapter 23) have indicated the possibility that the

ocean circulation may exhibit large-scale changes in deep

water formation rates, particularly in the North Atlantic

(Manabe and Stouffer, 1994). Most models, in fact, show

a decrease of the AMOC in response to increases in green-

house gas concentrations (Meehl et al., 2007; Collins et al.,

2013), although the spread of this reduction is large, ranging

from essentially no change to a reduction of 50% by the end

of the twenty-first century. But the confidence in the repre-

sentation of ocean processes determining deep water for-

mation simulated by these models is only moderate.

Guided by insights from the paleoclimatic records, con-

cerns about unpleasant surprises in a warming world were

expressed by Broecker (1987a). Particularly, the warming

could constitute a perturbation sufficiently strong for the

meridional overturning circulation in the Atlantic Ocean

to come to a halt. Some even speculated that the warming

could trigger an abrupt shutdown of the “heat pump” with

severe adverse implications for climate in Europe.

However, there is no support from climate models for such

extreme scenarios. In fact, as the changes in the AMOC are

induced by the warming and the related strengthening of the

water cycle, a slow-down of the circulation would only

moderate the warming in the North Atlantic region but

not lead to a net cooling.

If the AMOC indeed has multiple equilibrium states, as

suggested by a number of models (Bryan, 1986; Stocker and

Wright, 1991; Stocker and Marchal, 2000; Rahmstorf et al.,

2005), the system could show a bifurcation with rising

global temperatures. This behavior was suggested in a

coupled climate model for the first time by Manabe and

Stouffer (1993). In these simulations, the CO2 concentra-

tions were increased by 1%/yr up to double after 70 years,

and quadruple levels after 140 years, and held constant

thereafter, which resulted after 500 years of integration in

a global mean warming of about 3.5–7 �C, respectively.
The Atlantic overturning circulation decreased initially in

both simulations, bifurcated then to a near shutdown in

the 4� CO2 experiment but recovered in the 2� CO2 case.

The slow-down occurred on the time scale of the forcing

and was not abrupt. A central question was whether this,

at that time comprehensive, model simulation would settle

into this new equilibrium state. Later, continuation of these

simulations showed that the Atlantic overturning recovered

again after more than 1000 years of constant 4� CO2

forcing (Stouffer and Manabe, 2003). This was attributed

to a slow deep water warming, which gradually decreased

the stability of the North Atlantic Ocean waters and pro-

moted the deep water formation to return.

This early coupled climate model still employed so-

called flux-corrections, and hence confidence in this result

was limited. However, the most recent simulations with

comprehensive models, which couple the different climate

system components in a physically consistent way, confirm

these early results obtained using simplified models. For

high greenhouse concentrations, the occurrence of multiple

equilibrium states in the meridional overturning circulation

seems to be a robust result that does not depend on the

model used (Mikolajewicz et al., 2007; Meehl et al.,

2012), nor on its complexity (Stocker and Schmittner,

1997). Multiple equilibria are also found in complex

coupled models applied in very different climatic condi-

tions and configurations (Ferreira et al., 2011), suggesting

that this is likely a general feature of the ocean in the Earth

System.

Figure 1.13 presents an example of a simulation inves-

tigating the AMOC’s response to an increase in the green-

house gas concentrations since 1850 (Meehl et al., 2012),

including an update (A. Hu, personal communication).

The latest emission scenarios for climate model simulations

(Moss et al., 2010) are used and extended to the year 2300,

to achieve CO2-stabilization at about 361, 543, 752, and

1962 ppm, which results in global mean warmings of 0.5,

2.2, 3.6, and 8.4 �C, respectively, relative to the mean of

1986–2005 (Figure 1.13a). The simulation using the highest

emission scenario are carried further to year 2500 and reach

a global mean warming of 9 �C. In these simulations, the

response of the Atlantic overturning circulation shows a

bifurcation between the warming of 3.6 and 8.4 �C. The
evolution of the overturning indicates that the response of

the AMOC changes fundamentally between the two highest

scenarios. Whereas for the three lower scenarios, the circu-

lation reduces but then recovers to almost the original value,

for a higher forcing, the circulation spins down and almost

vanishes by year 2200. That this seems to be a new stable

state for at least several centuries is indicated by the contin-

uation of this simulation up to year 2500. Therefore, a bifur-

cation point for the AMOC appears to exist in this model in

which at a specific warming, and associated changes of the

water cycle, a transition to a new equilibrium is triggered.

The bifurcation already occurs between years 2020 and

2040 in these simulations, when the temperature differences

between the scenarios are still rather small. The fact that a

bifurcation is simulated demonstrates that there could be

intrinsic irreversibility in the climate system. The Atlantic

overturning circulation is not the only component in the

climate system for which models have found such “points

of no return.”

The occurrence of bifurcation in the AMOC also

depends on the history of the warming (Stocker and

Schmittner, 1997). Thresholds are thus not absolute but
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may be avoided if different emission pathways are chosen.

This is best illustrated in simple scenarios in which the

atmospheric CO2 concentration is increased at a given

fraction per year until a value is reached and the concen-

tration is held fixed thereafter (Manabe and Stouffer,

1993; Stocker and Schmittner, 1997). Figure 1.14 shows

the critical CO2 concentrations beyond which the AMOC

assumes the new equilibrium state of shutdown. Results

are obtained from many simulations using a coupled

ocean–atmosphere model of reduced complexity that has

two stable equilibrium states of the AMOC (Stocker

et al., 1992; Stocker and Schmittner, 1997). It is evident that

increased climate sensitivity and more rapid emissions both

lower the CO2 threshold. Therefore, a shutdown can be

avoided by choosing a slower path to the same eventual

CO2 level. The reason for this rate-dependent stability is

the fact that a faster increase of greenhouse gas concentra-

tions in the atmosphere and the consequent rapid surface

warming of the ocean enhance the stratification of the

surface ocean, which reduces deep water formation and

the overturning circulation. If the greenhouse gas increase

proceeds more slowly, time is given for the heat to penetrate

to the deeper layers of the ocean, which avoids the strong

vertical density anomalies that would otherwise create an

eventual shutdown. This suggests the rate at which the

ocean takes up heat must be sufficiently slow to mix away

the surface buoyancy increase created by the warming.

Results from some simulations using comprehensive

coupled climate models are indicated in Figure 1.14 by

symbols. Manabe and Stouffer (1993) report a climate sen-

sitivity of their model of 3.5 �C. In a 1%/year CO2 increase

experiment, the threshold for a shutdown of the AMOC lies

between 2� and 4� CO2 concentration, consistent with the

value of about 700 ppm obtained from the simplified

model. The model used for the simulations presented in

Figure 1.13 has a climate sensitivity of 3.2 �C (Meehl

et al., 2012). Taking from every simulation the maximum

of the time-varying rate of CO2 increase as an indicator,

the CO2 thresholds are expected to be above 800 ppm for

the three lower emission scenarios which have maximum

CO2 concentrations of about 361, 543, and 752 ppm,

respectively. The simulation forced by the highest emission

scenario RCP 8.5 reaches a CO2 concentration of 1962 ppm

and a maximum increase rate of 1.15%/year. The threshold

predicted by the reduced complexity model is 770 ppm and

therefore a bifurcation would be expected, as indeed
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trations remain below the threshold (open circles), but the AMOC shuts

down if the CO2 concentrations exceed the threshold (filled circle). The

gray diamond indicates the early simulations by Manabe and Stouffer

(1993) which showed an AMOC shutdown for more than 1000 years

and a subsequent slow recovery over several centuries. Figure modified
from Stocker and Schmittner (1997).
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FIGURE 1.13 Projections of global mean temperature change (refer-

enced to 1986–2005) (a) and Atlantic meridional overturning circulation

(b) using a comprehensive coupled climate model (CCSM4) forced with

concentrations from four greenhouse gas emission scenarios.

Figure based on Meehl et al. (2012) and updated by A. Hu (personal

communication).
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simulated by the comprehensive model (Figure 1.13b). This

lends strong support to the suggestion that the rate of

buoyancy increase in the high-latitude surface ocean,

caused by the combination of warming and enhanced

meridional transport of freshwater, is therefore one of the

determinants for an eventual AMOC shutdown. In order

to avoid such a fundamental and long-lasting, if not irre-

versible, change of the circulation regime in the Atlantic

Ocean, not only the level of warming, but also the speed

of it, need to be limited. This insight provides a strong

physical argument in favor of early and substantial green-

house gas mitigation efforts.

An important question also concerns the response of the

modes of natural variability to climate change. The ENSO

phenomenon strongly influences regional climate in the

equatorial Pacific region and even has implications on the

global scale (see Section 5). Comprehensive climate models

are capable of simulating ENSO variability, but many of

them have difficulties in being realistic in the amplitude

and frequency of occurrence and associated teleconnec-

tions. Early model simulations using a coupled climate

model with sufficient resolution in the equatorial region

showed an increase in the frequency of El Niño situations,

and increased cooling during La Niña events, and they

attributed this to the strengthening of the equatorial thermo-

cline caused by the warming (Timmermann et al., 1999).

However, the analysis of the evolution of ENSO character-

istics (frequency and intensity) in both the past and the

ongoing coordinated coupled model intercomparison pro-

jects does not show conclusive results (Collins et al.,

2010; Stevenson, 2012). Some models show a strength-

ening, some a weakening of ENSO, and even when only

those models are considered that exhibit the most realistic

present-day ENSO simulations, the results remain, unfor-

tunately, equivocal. Two robust results, however, are that:

(i) ENSO continues to be a dominant feature of climate

variability in the equatorial Pacific and (ii) none of the

models indicates a lock-in into one of the ENSO states

in response to the warming. The irregular sequence of

warm El Niño and cold La Niña events is very likely to

persist, possibly with altered relative frequencies and

durations.

One of the longest-term and most certain commitments

of the emissions of greenhouse gases is sea-level rise

(Cazenave and Llovel, 2010; Church et al., 2013)

(Chapter 27). The warming has direct and indirect effects

on sea level. First, the well-observed uptake of heat by

the world ocean to progressively deeper layers causes the

so-called thermosteric contribution to sea-level rise due

to the expansion of water as it warms. This contribution

is rather well understood and quantified ranging from 0.1

to 0.41 m depending on the scenario by the end of the

twenty-first century (Meehl et al., 2007). Second, melting

glaciers and ice caps increase sea level but their

contributions are projected to be significantly smaller

(0.07–0.17 m). Third, the contribution from melting and

possibly rapid responses of Greenland and Antarctica are

potentially very large. A recent estimate for a dynamical

response of the West Antarctic Ice-Sheet estimates an addi-

tional 3.3 m of which about 0.8 m may be realized by the

end of the twenty-first century in a fast melt scenario

(Bamber et al., 2009). However, such estimates and the pos-

sible location of thresholds remain highly uncertain

(Joughin and Alley, 2011).

An important issue is the long-term commitment by the

two contributions of ocean warming and ice sheet melting

to global sea-level rise. The thermosteric contribution alone

has a very long characteristic time scale, taking many cen-

turies to equilibrate after greenhouse gases equilibrate

(Plattner et al., 2008). This is due to the time required for

the heat to penetrate to the deepest levels of the ocean.

Likewise, the ice sheet melting and adjustment take more

than 1000 years to come into equilibrium with the new

climate. As before, there is indication that also the large

ice sheets may exhibit bifurcation behavior, and thus

thresholds for the warming that would preserve the ice

sheets may exist (Gregory and Huybrechts, 2006;

Robinson et al., 2012). With the recent insight and under-

standing that warming at the ocean–ice shelf interface is

efficiently destabilizing ice streams (Holland et al.,

2008), the ocean’s crucial role in determining future sea

level must be considered, as it influences the two dominant

contributions to sea-level rise.

Currently, the ocean takes up carbon at the rate of about

2.2 Gt/year, which stems primarily from the combustion of

fossil fuels and the effect of deforestation. Since industrial-

ization, the ocean carbon reservoir has mitigated a sub-

stantial fraction of the increase of atmospheric CO2.

Estimates for the 1990s are that the ocean has taken up

118 Gt of the 244 Gt carbon emitted to the atmosphere by

fossil fuel combustion (Denman et al., 2007), that is, today

over half of the cumulative emissions are in the ocean.

While this storage of anthropogenic carbon in the ocean

prevents the associated radiative forcing and resulting

warming in the atmosphere, it does have a measurable

effect on the ocean’s chemical status. The injection of

CO2 in the ocean increases the concentration of Hþ-ions
in the ocean because CO2 reacts with H2O to bicarbonate

and a proton HCO�
3 þHþ� �

. This makes the ocean more

acidic, a process that is referred to as ocean acidification,
and which is a direct effect of the increase of CO2 concen-

trations in the atmosphere (Orr et al., 2005). The decrease of

the ocean surface pH, a measure of the concentrations of

Hþ-ions: pH¼� log10(H
þ), is well observed and amounts

to about 0.1 pH-units since industrialization, that is, already

25% increase of the Hþ-ion concentration has occurred

(Feely et al., 2004). In the future, these changes are

expected to increase significantly: depending on the
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emissions of CO2, further acidification and reductions in the

pH of 0.14–0.35 are projected (Orr et al., 2005), which will

result in a 50% reduction of the carbonate ion CO2�
3 .

A more acid ocean has thus a significantly reduced

CO2�
3 concentration and therefore, the volume of ocean

in which CaCO3, that is mainly shells of marine calcifying

organisms, dissolves, becomes larger (Joos et al., 2011).

Simulations with coupled climate–carbon cycle models

demonstrate that annual-mean undersaturation is imminent

in the Arctic Ocean by about 2030, to be followed by the

Southern Ocean by about 2050 for high emission scenarios

(Steinacher et al., 2009). These model simulations further

suggest that undersaturation in the Arctic is reached during

at least one month already at an atmospheric CO2 concen-

tration of 409 ppm, which is expected to be reached before

2020. Of great concern is this change in chemical status of

the world ocean for marine calcifying organisms such as

corals and plankton as it may become more difficult for

them to maintain their calcareous skeletons in an increas-

ingly corrosive environment (Hoegh-Guldberg et al.,

2007; Hoegh-Guldberg and Bruno, 2010).

8. CONCLUDING THOUGHTS

The ocean is a vast reservoir of water, energy, carbon, and

many other substances, and due to its large surface inter-

acting with the atmosphere, it represents a key component

in the Earth System. Human activities since the industrial

revolution have caused a massive increase of the concentra-

tions of the major greenhouse gases to levels unprecedented

in the past 800,000 years. This increase has warmed the

atmosphere and led to many changes worldwide. Such

changes are now unequivocally observed in the climate

system (IPCC, 2007, 2013). These include continuous

melting of the large ice sheets of Greenland and Antarctica

(Shepherd et al., 2012), Arctic sea ice retreat and global-

scale ocean warming from the surface downward. The

increased CO2 concentration in the atmosphere also

increases the ocean’s acidity with potentially adverse

effects on marine ecosystems (Chapter 31). Were it not

for the ocean’s ability to absorb substantial amounts of heat

and carbon, the effects of worldwide anthropogenic climate

change would be much larger. The ocean is therefore

already an important mitigating element in the Earth

System. Future research will show to what extent we can

continue to rely on the mitigation power of the world ocean.

We know already now that the uptake capacity of the ocean

for carbon will decrease due to a shift in the chemical com-

position of the ocean’s surface and the uptake efficiency of

heat due to the increased stratification and reduced vertical

mixing that can be anticipated in an ocean that warms from

the surface.

The combination of paleoclimatic reconstructions from

many sites, and the spatial correlation among them, reveals

that the ocean has played an active role in climate history. In

contrast to the ocean being merely a passive reservoir, the

sequence of abrupt climate changes observed during the

past ice ages suggests that the ocean has only limited sta-

bility to perturbations. Simulations indicate that the ocean’s

overturning circulation may undergo transitions to funda-

mentally different equilibrium states for sufficiently large

perturbations. Bifurcation points initiating such irreversible

paths may be closer than our current knowledge suggests.

While the understanding of the ocean, its internal pro-

cesses and its interactions with the other components of

the Earth System remain patchy and incomplete, the strong

concern emerges that the world ocean, and the global web

of ecosystems embedded in it, may be more vulnerable to

human impact than ever assumed. For responsible stew-

ardship of this planet, we therefore urgently need the imple-

mentation of the scientific knowledge into tangible and

forward-looking decisions. This is the crucial contribution

of science to international negotiations that aim to

implement Article 23 of the United Nations Framework

Convention on Climate Change (UNFCCC, 1992) with

the goal to limit anthropogenic climate change

(UNFCCC, 2010). This requires global mitigation efforts,

which must be established without delay (Stocker, 2013),

and in a sufficiently comprehensive manner (Steinacher

et al., 2013), if global mean warming and related conse-

quences on the Earth System, and in particular on the world

ocean, are to be limited.
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