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Abstract. A zonally averaged, circuia.tion—biogeochemicai ocean model is used to explore how the
distribution of PO4 and 63C in the major basins and the atmospheric pCO7 respond to rapid changes in
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the thermohaline circulation (THC). Different evolutions of the Atlantic THC are simulated by applying

surface freshwater pulses typical, for example, of Heinrich events and the last deglaciation. In the model,
when the THC completely collapses, POy increases (>0.5 mmol m—3) and 613C decreases (<0.5%o) in
Atlantic bottom waters because of a drop in ventilation by North® Atlantic Deep Water (NADW)
Although consistent with the traditional interpretation of sedimentary records of benthic foraminiferal
Cd/Ca and §'3C, the relationship between the degree of POy enrichment and 613C depletion and the

degree of THC reduction is not linear. In the NADW formation area. the preformed POy declines (<0.5
mmol m~3) because of an imbalance between biological uptake and POy supply from the deep, and
the preformed 6'3C rises (>1%o) because of a longer residence time of waters at the surface. These
surface anomalies are propagated to the bottom North Atlantic when the THC resumes. When the
thermohaline overturning is only partly reduced and at shallower depths, changes in bottom waters are
accompanied by a PO, decrease and 4'3C increase at intermediate levels in the mid-latitude Atlantic.
This results in enhanced vertical gradients of these properties consistent with chemical and isotopic
reconstructions for the last glacial maximum. Finally, the atmospheric pCQO3 increases during the cold
period in the North Atlantic when the THC is reduced with an amplitude (7-30 patm) and timescale
{(~102 to 1-2 x 10 yr) depending on the intensity of the THC change. This is qualitatively consistent
with recent data from an Antarctic ice core documenting a pCO; increase during the Younger Dryas

and after Heinrich events 4 and 5.

1. Introduction

High-resolution analyses of deep-sea sediment and
polar ice cores document a large variability of climate
proxies at suborbital timescales during the last glacial
period. Deep-sea cores raised from the North Atlantic
revealed the presence of layers with an unusually high
percentage of lithic fragments in the coarse size frac-
tion [Heinrich, 1988; Broecker et al., 1992; Bond et al.,
1992). Six of these ”Heinrich layers” were deposited at
about 5-15 kyr intervals between marine stage bound-
aries 1/2 (12ka B.P.) and 4/5 (74 ka B.P.) [Bond et al.,
1992; Bond et al., 1993]. Heinrich deposits result from
short-lived and massive discharges of icebergs origina-
ting from ice sheets in the northern hemisphere, and
their presence between 40° and 55°N in the Atlantic
indicates extremely low sea surface temperatures [Bond
et al., 1992]. Large and abrupt oscillations of 680 were
found, on the other hand, in Greenland ice cores during
the last glacial period [Dansgaard et al., 1982; Oeschger
et al., 1984]. About 15 of these ”Dansgaard-QOeschger”
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(D-O) events, occurring apparently at irregular inter-
vals, were identified during marine stage 3 (i.e., between
24-59 ka B.P.) [Johnsen et al., 1992; Dansgaard et al.,
1993]. They, too, are associated with the occurrence
of ice-rafted debris in North Atlantic sediments [Bond
and Lotti, 1995]. On the basis of the present geogra-
phic relationship between §'80 of precipitation and air
temperature at polar sites the D-0O interstadials provide
evidence of large shifts in temperature over Greenland,
reaching on average an amplitude of ~7°C [Johnsen
et al., 1992] or perhaps even more [Johnsen et al.,
1995]. The last prominent change of §'®0 in Green-
land ice cores is associated with the Younger Dryas cold
event [Dansgaard et al., 1989] that brought the North
Atlantic region back to near-glacial conditions between
~12-13 ka B.P.

Because the intervals between Heinrich and D-O e-
vents are shorter than Milankovitch periodicities, feed-
back mechanisms internal to the glacial climate system
are commonly invoked to explain their occurrence in
the paleoclimatic record. Abrupt changes in the ocean
thermohaline circulation (THC) constitute a paradigm
in this regard because of the strong influence of the
THC on the climate of the high northern latitudes
today [Broecker, 1991] and given observational [e.g.,
Boyle and Keigwin, 1982; Curry et al., 1988] and the-
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oretical evidence [e.g., Stommel, 1961; Bryan, 1986]
that the THC can exhibit quite different modes. Pe-
riodic discharges of freshwater into the ocean arising
from the partial disintegration of ice sheets are a prime
candidate to produce abrupt thermohaline variability
and hence both D-O and Heinrich cycles [Broecker
et al., 1990; Paillard and Labeyrie, 1994]. Recently,
several model studies attempted to identify the im-
pact of freshwater discharges on regional and global cli-
mates [Maier-Reimer and Mikolajewicz, 1989; Wright
and Stocker, 1993; Rahmstorf, 1995; Manabe and Stouf-
fer, 1995; Schiller et al., 1997; Manabe and Stouffer,
1997; Fanning and Weaver, 1997; Mikolajewicz et al.,
1997; Fawcett et al., 1997] and on the distribution of
AMC and §'80 in the oceans [Lehman et al., 1993;
Stocker and Wright, 1996; Mikolajewicz, 1996].

In this paper, we use a zonally averaged, circulation-
biogeochemical ocean model to explore quantitatively
the impact of fast THC changes on the large-scale dis-
tribution of PO4 and 6'3C in the major ocean basins
and on the atmospheric pCO;. This study is moti-
vated by the significant suborbital variability exhibited
by the proxies of these three variables during the last
glacial period. For instance, recent §'3C measurements
on foraminiferal shells in several cores from the North
Atlantic indicate that Heinrich events were accompa-
nied by a drastic decrease in deep water 613C in this
basin [Vidal et al., 1997]. CO, measurements in the
Byrd ice core (West Antarctica) suggest, on the other
hand, that the atmospheric pCO, has increased during
the Younger Dryas [Blunier et al., 1997] and after Hein-
rich events 4 and 5 [Stauffer et al., 1998].

The paper is organized as follows. In section 2 the
steady state of the model is briefly described. This mo-
del captures the major features in the observed large-
scale distribution of biogeochemical tracers in the mo-
dern oceans [Marchal et al., 1998] and is a useful com-
promise for paleoclimate studies between box models
(which lack any description of the ocean dynamics)
and three-dimensional (3D) models (which are compu-
tationally expensive so that the duration of the inte-
grations and the number of sensitivity experiments are
severely limited). In section 3 we examine the chan-
ges in the latitude-depth distribution of PO4 and 613C
and in the atmospheric pCO; arising from a freshwa-
ter discharge. In section 4, sensitivity experiments are
conducted. Finally, in section 5 the relevance of our
model simulations in the light of the fast variability
documented in deep-sea and polar ice records for the
last glacial period is discussed.

2. Model Description

2.1. Physical Components

The model includes three physical components, na-
mely, the zonally averaged ocean circulation model of
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Wright and Stocker [1992], the 1D energy balance mo-
del of the atmosphere of Stocker et al. [1992a] and
the thermodynamic sea ice model described by Wright
and Stocker [1993]. The coupling between these diffe-
rent components allows shifts between different climate
states when perturbing the THC [ Stocker et al., 1992a,;
Wright and Stocker, 1993]. In the ocean the Atlantic,
Indian, and Pacific are represented separately and con-
nected in the south by a circumpolar channel. The cir-
culation parameters [ Marchal et al., 1998, Table 1] pro-
duce distributions of temperature, salinity, and A*4C
that are consistent with data in the modern oceans.
The atmosphere, on the other hand, is zonally averaged
and represented by one vertical layer. The atmosphere
and sea ice parameters are listed in Table 1 of Wright
and Stocker [1993].

2.2. Biogeochemical Components

The model simulates the transfer of total carbon (=
12¢ 4 13C) and '3C between the rapidly exchanging
carbon reservoirs of the ocean, the atmosphere and the
land biosphere. River input and sediment burial are not
included; that is, all the organic C and CaCOj3 produced
in the ocean euphotic zone are recycled in the underly-
ing water column. The cycles of organic C and CaCO3
in the ocean are described using the biogeochemical mo-
del of Marchal et al. [1998]. For the chosen parameter
values (Table 1) the model produces realistic distribu-
tions of phosphate, apparent oxygen utilization, total
dissolved inorganic carbon (DIC), alkalinity and §*3C
of DIC compared with data in the modern oceans. The
mass balance equations for total C and 13C in the at-
mosphere and land biosphere are given in the appendix.
Briefly, the atmosphere is considered as a well-mixed
reservoir with respect to total C (=!2C02+!3CQO;) and
13C (=13C0,). The land biosphere, on the other hand,
consists of four different carbon pools [Siegenthaler and
Oeschger, 1987]. Because we focus on direct biogeo-
chemical impacts of THC changes in the ocean and
the atmosphere, possible variations in the terrestrial
biomass and productivity arising from climate changes
are neglected. The land biosphere, however, is included
as a model component in order to account for the effect
of terrestrial carbon fluxes in diluting ocean-mediated
perturbations in atmospheric §'3C.

2.3. Initial Steady State

We describe below the five-step procedure for produ-
cing a model steady state suitable for freshwater input
experiments. At each step a physical or chemical con-
straint on the ocean-atmosphere system is relaxed. In
step 1 (10 kyr of integration) the model is spun up by
restoring temperature T' and salinities S in the surface
layer (top 50 m) and PO, in the euphotic zone (top 100
m) to the observed zonal averages in the modern oceans
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Table 1. Parameters of the Ocean Biogeochemical Model
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Definition Value Units Reference
Zeup depth of the euphotic zone 100 m
TPO, relaxation time for euphotic zone POy 100 d
Kro, half-saturation constant for POy 0.4 mmol m™3 Nalewagjko and Lean [1980]
uptake
€ exponent in fast-sinking POC * 0.858 1 Bishop [1989]
remineralization profile
o fraction of reduced C in DOC,; ? 0.5 1
DOG ocean mean content of DOGC; 10 mmol m™3
K decay rate of DOC, variable d-?
T ocean mean Ccacog :Corg production 0.06 mol mol™!
ratio
Lais length scale for CaCOj3 dissolution 3000 m
Qlorg fractionation factor for photosynthesis  variable 1 Rau et al. {1989}
Qcar fractionation factor for calcification 1 1 Mook [1986]
) air-sea CO; transfer coefficient 0.067 mol m~? patm™? Broecker et al. [1985]
Redfield ratios
C:P 117 mol mol ™! Anderson and Sarmiento [1994]
N:P 16 mol mol ™! Anderson and Sermiento [1994)
O3:P for O2 consumption -170 mol mol™? Anderson and Sarmiento [1994]
O2:P for Oz production variable mol mol ™! Anderson and Sarmiento [1995]

2Particulate organic carbon.
bBiologically labile dissolved organic carbon.

(see details given by Marchal et al., 1998). Restoring
fluxes are calculated as

J(T) _T-7

7(T)

where T € {T, S,PO4}, T, is the local restoring value,
and 7 is a restoring time. J(POQ4) is considered equi-
valent to the new production (here in P units) with
J(PO4) = 0 when POy < POy, [Najjar et al., 1992].
The rates of net production of all the other biogeo-
chemical tracers are then related stoichiometrically to
J(PO4). In step 1 we prescribe a preindustrial atmo-
spheric pCO; = 280 patm [Neftel et al., 1988] and
813C = —6.5%0 [Leuenberger et al., 1992]. At the end
of step 1 we diagnose the steady state values of POy
and J(POy) in the euphotic zone (PO4 4 and J4(PO4),
respectively). These values are then introduced in step
2 (1 kyr) into a Michaelis-Menten equation to describe
new production as a function of PQy availability in the
euphotic zone:

ey

POy

Jpot(POy) is a ”potential” new production that would
be achieved if POy > Kpo,. Equation (2a) is a simple
parameterization allowing for changes in biological cy-
cling due to changes in surface nutrient concentration
when the ocean circulation is altered [Siegenthaler and
Wenk, 1984]. In step 3 (1 kyr) the atmospheric pCO-
and 613C are then allowed to evolve freely according to
the exchanges with the ocean surface and with the land
biosphere. In step 4 (1 kyr) we switch from restoring to
mixed boundary conditions; that is, sea surface T are
still restored to present-day observations, but the salt
fluxes diagnosed from restoring are kept constant. Fi-
nally, in step 5 (7 kyr) the ocean model is coupled to the
atmospheric energy balance and thermodynamic sea ice
models. All model outputs remain virtually unchanged
after step 1.

In the final model steady state the Atlantic is charac-
terized by the injection of PO4-depleted and §'3C-rich
waters in the north due to the formation of North At-
lantic Deep Water (NADW) (Figures 1a—2a). In the
other basins, POy increases and §'3C decreases from

J(PO,) = Jp“(PO“)_I?——_—P—O— (2a) south to north in the bottom waters, with PO, and

PO, + U4 §13C extrema located in the intermediate waters. These

where large-scale features are consistent with data in the mo-
Kpo, + PO4 g dern oceans. Discrepancies compared to these data,

Jpot (POs) = Ja(POy) —Z— (2b) on the other hand, are too low §'3C in the deep At-

PO4,4

Kpo, is a half-saturation constant for PO4 uptake and

lantic and too large 6'3C in the deep Indian and Pacific
[Marchal et al., 1998].
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Figure 1. Latitude-depth distributions of PO4 (mmol m~2) in the reference simulation at (a) ¢
= 1 ka (initial steady state; start of freshwater inputs (FI)); (b) 1.4 ka; (c) 2 ka (end of FI); and
(d) 4.8 ka. Regions where PO; < 1.5 mmol m~3 are dashed. The contour interval is 0.5 mmol

m

2.4. Applied Freshwater Inputs

We now examine the response of the model to ”tri-
angular” freshwater inputs (FI), with the rate of FI
increase equal to the rate of subsequent FI decrease
[Mikolajewicz et al., 1997]. With this assumption the
evolution of the FI is fully constrained by two quanti-
ties: the total volume of freshwater discharged, V (or
equivalently the maximum FI), and the duration of the
FI, D. From shifts in planktonic foraminiferal 5180 iden-
tified in several deep-sea cores, Labeyrie et al. [1995]
estimated that ~10% km3 of ice were introduced into
the North Atlantic during each Heinrich event. This
volume is 1 order of magnitude lower than estimates
of 9 x 10%-107 km?® for the two meltwater pulses of
the last deglaciation, MWP-1A and MWP-1B, recorded
in Barbados corals (from sea level changes of 24-28 m

given by Fairbanks [1989]). According to 4C datings
on foraminiferal shells sampled at the top and bottom
of Heinrich layers in two North Atlantic cores, Heinrich
events lasted between 0.77 and 2.2 kyr | Vidal et al.,
1997, Table 1]. Coral-based sea level records, on the
other hand, indicate durations of ~0.5-2 kyr for MWP-
1A and MWP-1B [Fairbanks, 1990; Edwards et al.,
1993; Bard et al., 1996]. To cover the broad range of
observational estimates of Vand D, we vary V from 0.5
x 108 to 107 km?® and D from 0.25 to 2.5 kyr in our FI
experiments.

In addition to its volume and duration the geographic
location and chemical composition of the FI must also
be specified. Analyses of deep-sea sediments indicate
that icebergs have melted in the North Atlantic bet-
ween 40° and 55°N during Heinrich events [Bond et al.,
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Figure 2. Latitude-depth distributions of 6'3C (%) in the reference simulation at (a) t = 1 ka
(initial steady state; start of FI}; (b) 1.4 ka; (c) 2 ka (end of FI); and (d) 4.8 ka. Regions where
813C > 1% are dashed. The contour interval is 0.5 %s.

1992; Grousset et al., 1993]. The locations of FI asso-
ciated with MWP-1A and MWP-1B are more uncer-
tain, as both pulses could have resulted, at least partly,
from melting of the Antarctic ice sheet [e.g.  Clark
et al., 1996]. Here we examine model results when FI
is applied into distinct latitudinal bands where meltwa-
ter was likely discharged for the last glacial period and
the last deglaciation. These bands are located in the
Atlantic between 20° and 32.5°N (including the Gulf
of Mexico), 32.5° and 45°N, and 45° and 55°N (St.
Lawrence estuary) and along the Antarctic perimeter
between 70° and 62.5°S. With regard to the chemical
composition of the FI we assume that freshwater does
not contain any of the chemical species which are simu-
lated in the ocean model (i.e., the dilution effect of the
FI will be maximum). For those species contributing
to DIC and alkalinity in seawater (ALK) this is jus-

tified by the fact that glacial ice from Greenland and
Antarctica has a low content of total inorganic carbon
(between ~1-10 mmol m™3 | Neftel et al., 1982]) and or-
ganic species (< 1 mmol m~3 [ Legrand and Mayewski,
1997]). Concerning pCO, changes driven by dissolution
only we note that the effects of DIC and ALK changes
on seawater pCO; cancel out almost completely [Taka-
hashi et al., 1993].

3. Freshwater Experiments
3.1. Physical Response

In all F1 experiments the rates of evaporation E, pre-
cipitation P, and (background) runoff R are kept con-
stant in each latitudinal cell of the model. The surface
water balance is thus altered only in that cell receiving
the prescribed F1. Using the same model as ours, Wright
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Figure 3. Evolution of (a) FI and (b—d) maximum
zonal mean stream functions below 750 m in the At-
lantic (¥max)- In the reference simulation (thick solid
lines), total discharged volume V is 6 x 10% km3; FI
duration D is 1 kyr; and the FI is applied in the Atlantic
between 32.5° and 45°N. Volume, duration, or geogra-
phic application of the FI has been varied asindicated in
a series of sensitivity analyses. In Figure 3d, NA and SO
are model results when F1 is applied in the different lati-
tudinal bands in the North Atlantic (20°-32.5°N, 32.5°-
45°N, and 45°-55°N) and along the Antarctic perimeter
(70°-62.5°S) in the Southern Ocean, respectively.

and Stocker {1993] and Stocker and Wright [1996] re-
duced the runoff into the northern North Atlantic in
order for the ocean thermohaline circulation in the At-
lantic to resume after the FI. This ”runoff adjustment”
is not included in our simulations, for the THC recovers
spontaneously without changing the field of E — P — R.
This is due to the fact that the fields of E—P— R, which
we diagnose when switching from restoring to mixed
boundary conditions and which influence the stability
of the THC, are different from those diagnosed in pre-
vious studies (because of slightly changed circulation
parameters). The transient behavior of the circulation
itself, timescales, and amplitudes of property changes
are, however, not sensitive to this modification.

Figure 3a displays prescribed freshwater inputs for
various values of V and D. The corresponding changes
in the maximum (zonal mean) stream function in the
Atlantic below the region affected by wind, ¥,.,, are
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shown in Figures 3b—3c (when FI is applied between
32.5° and 45°N in the Atlantic). Within the range of
V and D values considered the response of thermo-
haline circulation varies from only minor changes (5%
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Figure 4. Latitude-depth distributions in the Atlantic
of different anomalies between ¢ = 1 ka (start of FI) and
2 ka (end of FI) in the reference simulation: (a) PO4
(mmol m~3), (b) §'3C (%o), (c) apparent O utilization
(AOU) (mmol m~3), (d) temperature (°C), and (e) sa-
linity. Regions where changes are positive are dashed.
The contour intervals are 0.25 mmol m~3, 0.25%0, 50
mmol m™3, 2°C, and 1.



MARCHAL ET AL.: OCEAN CIRCULATION AND CARBON CYCLE

with V= 0.5 x 10® km® and D= 1 kyr) to a drop of
1 order of magnitude of the overturning rate in the At-
lantic (with V= 6 x 10° km® and D= 1 kyr). The
reduction of ¥y is larger for a greater volume of fresh-
water discharged and for a shorter duration of the FI.
This indicates that the time rate of change of the FI
is a crucial parameter in the transient simulations. In
the model the changes in W,,ax are, indeed, related to
a competition between the buildup of a freshwater cap
in the North Atlantic and its removal by the ocean cir-
culation and surface evaporation [Wright and Stocker,
1993]. ¥pmax changes are very similar when the freshwa-
ter is introduced into the different latitudinal bands of
the North Atlantic (Figure 3d). On the other hand, the
circulation response is much less when the freshwater is
discharged along the Antarctic perimeter, as expected
(reduction of 35% of ¥pay with V=6 x 10% km® and
D=1 kyr).

The overturning rate exhibits an ”overshoot” in the
simulations with a large reduction in the Atlantic THC
(at 2.3-2.4 ka in Figures 3b-3c). Then the initial over-
turning rate is always recovered after the freshening
event although low salinity water is still found in one
grid cell in the North Atlantic at the new steady state
(Figures 3b—3c; see also Wright and Stocker {1993, Fi-
gure 9]). The overshooting was observed in previous
freshwater experiments with the same model [Stocker
and Wright, 1996] and a 3D model [Mikolajewicz and
Maier-Reimer, 1994]. It is due in our model to a po-
sitive feedback when the THC resumes [Wright and
Stocker, 1991). When ¥,,ax reaches the minimum, deep
waters in the northern North Atlantic are warmer and
more saline than surface waters (Figures 4d-4e; see also
Stocker and Wright [1996, Figures 5¢-5d]). When the
surface freshwater cap is gradually eroded, stratification
weakens until convection is initiated. This brings warm
and saline waters to the surface. Excess heat is rapidly
lost to the atmosphere resulting in further buoyancy
loss. This positive feedback amplifies the convective ac-
tivity and the associated overturning rate in the North
Atlantic.

Next we analyze biogeochemical impacts in the ocean
and the atmosphere of a reference perturbation where
FI is applied between 32.5° and 45°N in the Atlantic
with V=6 x 10°% km?® and D= 1 kyr (thick solid line
in Figure 3).

3.2, Changes in the Oceanic Distributions
of PO, and §'3C

The major anomalies in POy (Figures 1b-1d) and in
0'3C (Figures 2b-2d) are found in the Atlantic where
strong vertical gradients in PO4 and §'3C develop in
the north (note, however, that POy in the deep Pacific
is slightly reduced at the end of the FI). About 3 kyr
after the end of the FI the initial distributions of POy,
and 613C are almost recovered; that is, waters with low
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PO, and high 6'3C are again reaching the ocean bot-
tom in the North Atlantic. Below we consider two ma-
jor anomalies that may have strong paleoceanographic
implications (Figures 4a—4b). The first is the PO, in-
crease and 8'3C decrease in the bottom waters, where
APO4 > 1 mmol m™2 and A6'3C < 1% in the north-
ern North Atlantic. The second is the large negative
APO4 < 0.5 mmol m~3 and positive Aé*3C > 1% in
the upper water column in the same region.

3.2.1. POy enrichment and §'3C depletion in
the bottom Atlantic. The tracer anomalies in the
deep ocean can be related to changes in the distribution
of water masses, in the distribution of preformed (i.e.,
surface) POy and 6*3C, and/or in the production of PO4
and 6'3C at depth because of the oxidation of organic
matter (6!3C is not affected by the cycle of CaCOj in
our model [Marchal et al., 1998]). We show below that
the PO4 and 6'3C anomalies in the bottom Atlantic are
due to a reduced ventilation by newly formed NADW.

The maximum POy4 and §'3C anomalies simulated in
the bottom waters of the North Atlantic are almost pro-
portional to each other (Figures 4a—~4b). The propor-
tionality factor, ~ -1 %o (mmol m~3)71, is similar to
that expected if only organic matter cycling is taking
place [Broecker and Maier-Reimer, 1992] and points
to the oxidation of organic matter as an instrumental
process in producing these anomalies. In order to test
this hypothesis we inspect the changes in the latitude-
depth distribution of the apparent O3 utilization (AOU)
(Figure 4c). Changes in AOU are mostly indicative of
changes in the balance of the rates of oxidation versus
ventilation because the surface AOU (= 0 mmol m~3) is
constant in our model. Compared to the initial steady
state, AOU in the deep Atlantic is much larger when
the THC is collapsed (Figure 4c¢). The AQU increase is
up to 150 mmol m~3 in the bottom water in the north-
ernmost part of this basin. A respiratory AOU increase
of 150 mmol m~3 is accompanied by a POy increase of
~0.9 mmol m~3 and a §'3C decrease of ~ 1.0%o based
on model stoichiometry only (Table 1). This is compa-
rable to the simulated PO,4 and §'3C anomalies.

PO, and 6'3C anomalies simulated in the bottom At-
lantic are not related to an increase in new production
that would, in turn, increase the oxidation rate of or-
ganic matter at depth. In the model the carbon that is
reduced during new production in the euphotic zone is
partitioned between fast sinking particulate organic car-
bon (POC) and labile dissolved organic carbon (DOC;).
The fast sinking POC that is produced is remineralized
instantaneously in the underlying aphotic zone (below
100 m) according to a profile consistent with sediment
trap data. By contrast, DOC; is transported explicitly
by the ocean circulation and remineralized below 100 m
assuming first-order kinetics [Marchal et al., 1998] (see
also Table 1). The new production in the whole Atlantic
(between 70° and 80°N) drops until the maximum FI
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to 60% of its initial value. Then it increases slightly to
only 70% of this value at ¢t = 2 ka (short dashed line
in Figure 5a). The decrease in new production is due
to an increasing stabilization of the water column by
freshwater capping which inhibits the recharge of POy
from the deep. The subsequent increase is associated,
on the other hand, with the removal of the freshwater
cap. Thus the PO4 and §'3C anomalies in the bottom
Atlantic cannot be the result of an increasing input of
fast sinking POC. The waters that feed the deep At-
lantic in our model are formed between 55° and 80°N
in the same basin (NADW) and between 70° and 47.5°S
in the Southern Ocean [ Stocker et al., 1992b]. The
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new production in the NADW formation area drops to
a minimum of 30% of its initial value when FI is maxi-
mum. Then it recovers to only 60% of this value at t =
2 ka (solid line in Figure 5a). In the Southern Ocean, on
the other hand, the new production is not significantly
altered (long dashed line in Figure 5a). Therefore the
POy and 6'3C anomalies cannot be due to an increasing
input of DOC; in the source waters either.

The analysis above indicates that the POy and §13C
anomalies in Atlantic bottom waters result primarily
from a decrease in the ventilation by newly formed
NADW consistent with a reduction in A¥C [Stocker
and Wright, 1996]. The reduced influence of NADW in
the bottom Atlantic is accompanied by a stronger influ-
ence of waters of Antarctic origin [Stocker et al., 1992b].
This would produce changes in bottom water PO, and
013C due to changes in the proportion of end-members
with different preformed properties. This has no signi-
ficant impact in our model, however, because the POy
and low §'3C anomalies simulated in the bottom At-
lantic can be entirely explained by the AOU change.

3.2.2. Changes in preformed PO, and §!3C in
the NADW formation area. The surface POy in
the northern North Atlantic first decreases to near zero
at the time of maximum FI and then increases until the
resumption of the thermohaline overturning (solid line
in Figure 5c). These variations are due to an imbalance
between the biological uptake and the deepwater sup-
ply of PO4 when the freshwater cap is present in the
North Atlantic (Figure 4e). When the FI is increasing,
the supply of POy, is reduced, and the surface POy is
biologically consumed. Thereafter, when the FI is de-
creasing, the mixed layer deepens by convection (Figure
5b), bringing to the surface PO4 which has accumulated
at depth in the meantime (dashed line in Figure 5c) and
increasing the amount of PO4 that is recycled in this
layer.

Figure 5. Timeseries in the reference simulation:
(a) new production in the North Atlantic Deep Water
(NADW) formation area between 55° and 80°N (solid
line), Southern Ocean between 70° and 47.5°S (long-
dashed line), and whole Atlantic between 70°S and
80°N (short-dashed line); (b) convection depth in the
NADW formation area; (¢} POy in the NADW forma-
tion area at the surface (solid line) and 3750 m (short-
dashed line); (d) 6'3C in the NADW formation area at
the surface simulated with a variable aqrg (solid line)
and constant a,rg (long-dashed line) and at 3750 m with
a variable ogrg (short-dashed line); (e-f) §'3Ceq and
isotopic disequilibrium in the NADW formation area;
(g) anomaly of ocean mean surface pCO; (short-dashed
line) and atmospheric pCO; (solid line). In Figure 5a,
FI is the freshwater input with a range of 0-0.4 Sv.
The shaded areas denote the period during which the
Atlantic thermohaline circulation (THC) is altered.
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The surface §'3C in the northern North Atlantic first
increases up to a maximum of 2.9% at ¢t = 1.75 ka,
i.e., approximately 200 years after the minimum in sur-
face PO4. Then it decreases until the resumption of the
THC (solid line in Figure 5d). We describe the pho-
tosynthetic uptake of *C by a Rayleigh process with
a fractionation factor aorg decreasing with decreasing
ambient temperature [Rau et al., 1989]. The large
initial enrichment in surface §'3C cannot result from
a stronger photosynthetic uptake because new produc-
tion in the NADW formation area drops during this pe-
riod (Figure 5a). However, Qorg decreases in this area,
because of a cooling of several degrees (Figure 4d), and

this increasing isotopic selectivity could potentially con--

tribute to the 813C enrichment. In order to identify this
effect we conduct a simulation where oy is fixed every-
where in the model to its initial steady state value. The
difference between the surface 6'3C in the NADW for-
mation area simulated with a variable and a constant
Qorg (long-dashed line in Figure 5d) reaches a maxi-
mum of only 0.2%s,. Thus the enhanced photosynthetic
fractionation due to cooling is insufficient to account
for the 6!'3C enrichment in dissolved inorganic carbon
predicted in the northern North Atlantic (maximum of
~1.4%o0).

In addition to photosynthesis the 6!3C of ocean sur-
face DIC is further influenced by the air-sea gas ex-
change [Broecker and Maier-Reimer, 1992; Lynch-Stie-
glitz et al., 1995]. To isolate this effect, we consider
the §13C expected from a complete isotopic equilibrium
with the atmosphere, §!3Cq,. Cooling during the first
half of the FI induces a sharp increase of §!3C,q in the
NADW formation area (Figure 5e). This increase, how-
ever, is lower than the simulated §'3C enrichment, re-
sulting in a drop of the isotopic disequilibrium, §'3C -
013Ceq, from 1.7%0 at t = 1 ka to only 0.8%0 when
§13C reaches its maximum (Figure 5f). This reduction
is related to a increase in the ratio of air-sea gas ex-
change to ocean mixing rate in the NADW formation
area when the THC collapses [Broecker and Maier-
Reimer, 1992]. It permits better equilibration with the
atmosphere although additional sea ice covers a max-
imum of 20% of this area at ¢t = 1.7 ka (not shown).
Thus the rise in preformed §'3C in the northern North
Atlantic stems mainly from a longer residence time of
the waters at the surface. The subsequent drop, on
the other hand, is associated with the deepening of the
mixed layer which brings low-613C waters to the surface
(6'3C has decreased at depth in the meantime; short-
dashed line in Figure 5d) and lengthens the equilibra-
tion time with the atmosphere.

3.3. Changes in Atmospheric pCO,

In the model the atmospheric partial pressure of CQjy,
pCO4, is exclusively determined by the equilibrium with
the ocean mean surface pCO;z, (pCOZ’), because the
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fluxes of total CO, between the atmosphere and the
land biosphere are constant and the air-sea gas ex-
change coefficient is uniform (in the following, the angle
brackets ”<>” denote the ocean mean surface value of
any property). Except during some episodes of very
fast (pCO3’) changes, differences between pCO§ and
(pCOY’) are insignificant (compare solid with dashed
line in Figure 5g). This implies that the ocean and the
atmosphere remain in chemical equilibrium during the
transient experiments. Three major changes in pCO$%
can be distinguished. First, pCO$ decreases slightly by
5 patm from the start of the FI until the maximum dis-
charge. This period is contemporaneous with the phase

of the slowdown of the thermohaline circulation in the
Atlantic (e.g. Figure 3b). Then pCO§ increases by
about 25 patm until approximately 400 years after the
end of the FI when the THC suddenly and vigorously
resumes. Finally, pCO$ decreases again to a new equi-
librium value which is about 10 patm higher than the
initial steady state pCO%. The initial and final pCO%
are different because the injection of freshwater has led
to a new equilibrium distribution of physical (T and S)
and chemical properties (DIC and ALK) in the surface
waters.

‘We now examine the factors responsible for the chan-
ges in (pCOY). Although some of these changes are re-
latively small (e.g., 5 patm) and may hardly be detected
in the paleoclimatic record, we will show that they arise
from the compensation between much larger changes
imparted by distinct oceanic processes at different geo-
graphic locations. The change in the partial pressure
of CO, in each surface cell in the model is expressed as
a linear combination of the changes in sea surface tem-
perature, salinity, concentration of dissolved inorganic
carbon, and alkalinity [Takehashi et al., 1993]. With
T € {T, S,DIC, ALK}; this change is computed as

w apCO
ApcO¥, =S Apcoy” =57 —%—7,—2A7' (3)
T T

where DIC and ALK in the latter equation are the ac-
tual concentrations (i.e. they are not normalized to sa-
linity), 9pCO4/0T > 0, 0pC0O2/dS > 0, pCO2/dDIC
> 0, and 9pCO2 /ALK < 0. We first test (3) with
constant partial derivatives inferred from equations (2)—
(5) of Takahashi et al. [1993] representative of ocean
mean surface conditions. In this case the difference
between (ApCO%,;) and (ApCOY) (with pCO¥ com-
puted from thermodynamical relationships of the sea-
water CO; system [Marchal et al., 1998]) reaches a
maximum of ~4 patm. Because we have to interpret
relatively small net fluctuations in (pCO3’), we adopt a
second, more accurate approach where ApCOy3), is cal-
culated with time varying partial derivatives (see ap-
pendix). This approach provides a first-order estimate
of the quantitative effects of T', S, DIC, and ALK chan-
ges on pCOY. The difference between (ApCO3;) and
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Figure 6. Ocean mean (a) < ApCOgT) >, (b) <
ApCOS)>, (¢) <ApCOP™ > + <ApCOPM>, (d)
<ApCO§DlC) >, and (e) <ApCOgALK) > in the refe-
rence simulation (solid lines). The ocean mean surface
< ApCOy,; > is also shown in Figures 6a—6e (dashed-

lines). Note the different scales for Figures 6a-6¢ and
6d—6e. In Figure 6a, FI is the freshwater input with a
range of 0-0.4 Sv. The shaded areas denote the period
during which the Atlantic THC is altered.

(ApCOY) reaches a maximum of only 1 patm in this
case, indicating that (3) is a fair approximation to the
fully nonlinear dependence of pCO¥. In the following
we use the latter approach to identify the causes of the
(pCOY) changes during the abrupt thermohaline oscil-
lation.

The ocean mean changes <ApCO;T)> and <ApCO§S)>

are 1 order of magnitude smaller than <ApCO§DIC)>
and <ApCO§ALK)> (solid lines in Figure 6). The sum

<ApCO§DIC)> + <ApCO§ALK)> (Figure 6¢) is, how-
ever, only about 3 times larger than the individual ef-

fects of temperature and salinity because %%‘%ADIC =~

— 88002 AALK [ Takahashi et al., 1993]. This implies
that the variations of each of the four factors (T, S, DIC
and ALK) must be taken into account when interpreting
the changes in the ocean mean surface pCO,. Consider,
for example, the relatively large (pCOY) increase of 26
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patm from the maximum of freshwater input (¢ = 1.5
ka) until the resumption of the THC in the Atlantic (¢
= 2.4 ka). This increase is associated with an increase
in the ocean mean sea surface temperature (8 patm),
salinity (6 patm), and DIC concentration (74 patm).
These three effects are counteracted by an increase in
(ALK) during the same period (-61 patm) (Table 2).
3.3.1. Effect of temperature changes. A first
major consequence of the collapse of the thermohaline
circulation in the model is a strong cooling in the north-
ern North Atlantic (Figure 4d). Cooling in the region
north of 20°N in the Atlantic creates a strong sink with
ApCOgT) reaching a minimum of Q%CT—OZAT ~
~-35 patm. The impact of this sink on the atmospheric
pCO, is muted, however, because this region occupies
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Figure 7. (a) ApCOgT), (b) ApCOés), (©) ApCOgDIC)

+ ApCOYM™ (@) ApCOP™ | and (e) ApCOLY)
in different areas in the reference simulation: the At-
lantic between 47.5°S and 20°N (<20N) and between
20° and 80°N (>20N), the Southern Ocean between
70° and 47.5°S (S), the Indian Ocean between 47.5°S
and 20°N (I), and the Pacific Ocean between 47.5°S
and 55°N (P). Values are weighted according to sur-
face area in order to highlight their actual contribution
to the anomaly of atmospheric pCO;. Note the diffe-
rent scales in Figures 7a~7b, 7c, and 7d-7e. In Figure
Ta, FI is the freshwater input with a range of 0-0.4 Sv.
The shaded areas denote the period during which the
Atlantic THC is altered.
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Table 2. Ocean Mean pCO2 Anomalies Due to Changes in Sea Surface T, S, DIC, and ALK in the Reference

Perturbation

Time Interval <ApCOgT)> <ApCOgS)> <ApCOgDIC)> & <ApCOgALK)> & {ApCOY)
From 1.0 to 1.5 ka -1 -5 -67 (0.07) 69 (0.18) -5
From 1.5 to 2.4 ka 8 6 74 (0.04) -61 (-0.12) 26
From 2.4 to 3.0 ka -5 -1 0 (-1.92) -5 (~7.36) -12
From 1.0 to 3.0 ka 2 -1 7 (-1.00) 3(0.14) 9

Anomalies are in patm.

8Values in brackets are ratios of the change in the ocean mean surface salinity-normalized DIC (ALK) to the change in
the ocean mean surface DIC (ALK) for the different time intervals. A low absolute value indicates that a relatively large
fraction of the change in the ocean mean surface DIC (ALK), and hence of <ApCO§DIC)> (<ApCOgALK)>), is correlated
to the change in surface salinity. The other values are obtained from the linear approximation (3) in the text.

only ~10% of the total ocean area and the impact is
offset by a warming elsewhere, mostly in the Southern
Ocean (Figure 7a). When the THC resumes (at ¢ ~ 2.3
ka), ApCOgT) north of 20°N in the Atlantic sharply
increases. This is due to the enhanced northward heat
transport and to mixing with deep waters which are re-
latively warm in this region when the Atlantic THC is
collapsed (Figure 4d).

The warming of surface waters in the Southern Ocean
occurs when the thermohaline overturning in the At-
lantic is suppressed and is interrupted when this over-
turning resumes (compare, for example, Figure 3b with
Figure 7a). The warming is due, at least partly, to an
increasing supply of heat from the thermal inversion
which is present in the top 500 m in the initial steady
state of the model (solid line in Figure 8a). In the ini-
tial steady state this thermal inversion is stabilized by
a strong vertical gradient in salinity (solid line in Fi-
gure 8b). When the Atlantic thermohaline overturning

T [°C) S

0.0~

0.5

1.0

DEPTH (km)
&

3oLt

Figure 8. Average vertical profiles of (a) temperature
and (b) salinity in the Southern Ocean for the reference
simulation at £ = 1 ka (solid line; start of FI), 1.5 ka
(dashed line; peak of FI) and 1.6 ka (long-dashed, short-
dashed line). The thermal inversion in the upper water
column is completely eroded between ¢ = 1.5 and 1.6

ka.

declines, the temperature increases, and the salinity de-
creases at depth in the Southern Ocean (short-dashed
lines in Figures 8a-8b). This alters the static stabi-
lity of the water column and leads to a large convective
event at t =~ 1.6 ka (dash—dotted lines in Figures 8a-8b).
During this event the thermal inversion is completely
eroded, a large amount of heat is suddenly released to
the atmosphere, and the atmospheric pCO rises almost
instantaneously by ~7 patm (Figure 5g).

3.3.2. Effect of salinity, DIC, and ALK chan-
ges. A second major consequence of the collapse of
the thermohaline circulation is a pronounced freshe-
ning in the North Atlantic (Figure 4e). This freshe-
ning is induced by the direct effect of the FI, but nega-
tive E — P — R values in this region amplify the sali-
nity anomaly when the THC weakens (see the positive
feedback identified by [Bryan, 1986]). Thus ApCOS®
varies primarily in the North Atlantic (Figure 7b). In
the region north of 20°N in the Atlantic, ApCOéS) de-
creases until the maximum FI and then increases when
the freshwater cap is progressively eroded. When the
thermohaline overturning resumes (at ¢ ~ 2.3 ka), it
rises abruptly because of the enhanced northward trans-
port of salt and to mixing with deep waters which are
relatively saline in this region (Figure 4e).

ApCOgDIC) and ApCOgALK) reflect changes in the
prescribed freshwater input, ocean biological cycling
and transport. ApCOgDIC) further reflect changesin the
air-sea flux of CO,. As for ApCOSY), ApCO{P™®), and
ApCOéALK) vary predominantly in the North Atlantic
(Figures 7d-7e). In the region north of 20°N in this
basin, ApCOéDIC) decreases and ApCOéALK) increases
from the start of the FI until the maximum discharge;
then, ApCOgDIC) increases and ApCO&ALK) decreases
until the resumption of the thermohaline overturning.
In this region at the surface the changes in DIC and
ALK, which are very pronounced, are much larger than
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Figure 9. Timeseries of different anomalies north of
20°N in the Atlantic in the reference simulation: (a)
surface DIC, (b) surface ALK and (c) air-to-sea CO,
flux (solid line). The surface DIC and ALK normalized
to salinity are shown in Figures 9a and 9b, respectively,
and new production is shown in Figure 9c {dashed line).
In Figure 9a, FI is the freshwater input with a range of
0-0.4 Sv. The shaded areas denote the period during
which the Atlantic THC is altered.

the changes in salinity-normalized DIC and ALK (com-
pare solid with dashed lines in Figures 9a-9b). This
indicates that most of ApCOgDIC) and ApCOgALK) are
correlated to salinity changes (see also Table 2). On
the other hand, the mixed layer north of 20°N in the
Atlantic takes up an increasing amount of atmospheric
CO- when the THC declines (solid line in Figure 9¢).
This is illustrated by a rise in salinity-normalized DIC
(Figure 9a) and compensates to some extent the effect
of freshwater dilution on DIC. The subsequent decrease
in the salinity-normalized DIC results, at least partly,
from the increase in new production (dashed line in Fi-
gure 9c).

4. Sensitivity Analyses
4.1. Ocean Circulation Change

4.1.1. PO, and é¥C in the bottom Atlantic.
We now consider timeseries of PO4 and §'3C in the
deepest and northernmost grid cell in the Atlantic si-
mulated for FI with different values of V and D and
applied at various latitudes (Figures 10a-10b). This
cell is selected because it is directly under the influence
of NADW. POy and 6'3C anomalies simulated at the
same depth more to the south in the North Atlantic are
qualitatively similar and therefore do not alter the ob-
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servations below. POy always increases and §3C always
decreases in the bottom water when the thermohaline
overturning is reduced. There is, however, no simple re-
lationship between the amplitude of the PQ, and 6'3C
anomalies and the amplitude of the reduction in the
Atlantic overturning rate (¥,a,). For instance, PO,
and 6'C anomalies reach similar maxima when ¥pay
is reduced by 90% (reference perturbation) or 45%-50%
(when V=4 x 10 km® or when D= 1.5 kyr). These
anomalies also reach similar maxima when the same FI
is applied in the North Atlantic or along the Antarctic
perimeter in which case ¥,y is depressed by only 35%
(Figures 10a~10b). The lack of a linear relationship bet-
ween the bottom water anomalies and THC reduction
is due to the fact that PO, enrichment and §13C de-
pletion in these waters occur as soon as ventilation by
POg-poor and §*3C-rich NADW no longer balances the
oxidation of organic matter at depth. This ventilation
stops very abruptly because of the abrupt cessation of
the convective activity in the northern North Atlantic
(threshold effect; see Figure 5b).

The simulations with a reduced but still significant
production of NADW exhibit a shallower thermohaline
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Figure 10. Timeseries of the anomaly of (a) PO4 and
(b) 6'3C at 3750 m and 72.5°N in the Atlantic and
of (c) POy and (d) 6'3C at the surface in the NADW
formation area (55°-80°N). The different curves cor-
respond to the reference simulation (thick line) and to
three other simulations where V=4 x 10% km®, D=
1.5 kyr, or where the FI applied in the Southern Ocean
(70°-62.5°S).
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Figure 11. Latltude-depth distributions of the stream function and vertical profiles of PO4 and
d13C at 38.75°N in the Atlantic: (a) initial steady state, (b) reference simulation with V= 6 x

10® km3, D=1 kyr, and FI applied in the Atlantic between 32.5° and 45°N (at ¢ = 2 ka), and
(c) simulation with D= 2. 5 kyr and the other FI characteristics of the reference simulation (at ¢
= 2.3 ka). In Figures 11b-11c, the dashed vertical profiles correspond to the initial steady state.

overturning compared to the initial steady state (Figure
11). In this case the POy enrichment and §'3C deple-
tion at midlatitudes in the bottom Atlantic are accom-
panied by PO4 depletion and §'3C enrichment in the
intermediate waters. This results in an increasing verti-
cal gradient of these properties below 1 km in the water
column (Figure 11c). Thus, although similar anomalies
of POy and 6'3C are simulated in the bottom North
Atlantic with quite distinct drops in the THC intensity,
negative PO, and positive §'3C anomalies occur at in-
termediate levels when the Atlantic overturning is only
partly reduced and occurs at shallower depths.

4.1.2. Preformed PO, and 63C in the NADW
formation area. Timeseries of surface POy and 613C
in the northern North Atlantic simulated for FI with

different V, D, and latitudes are given in Figures 10c—
10d. In these simulations the preformed PO, always
decreases and then increases. The preformed 6!3C, how-
ever, does not systematically exhibit a concomitant en-
richment and subsequent depletion as for example in the
reference simulation. This further demonstrates that
the anomalies of surface PO, and §*3C in the northern
North Atlantic are determined by different processes.
4.1.3. Atmeospheric pCO,. Simulations for FI
with different V, D, and latitudes all exhibit an increase
of pCO§ when the Atlantic THC is modified (Figure 12).
As a general rule, this increase is higher for a larger vo-
lume of freshwater discharged and for a shorter duration
of the FL It is preceded by a pCO% decrease of smaller
amplitude if the freshening is sufficiently large. This
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Figure 12. Timeseries of the anomaly of atmospheric pCO, (thick solid line), atmospheric
temperature at 72.5°N (short-dashed line) and mean sea surface temperature in the Southern
Ocean (thin solid line). The different panels correspond to (a) V= 0.5 x 10% km3; (b) 4 x
10% km3; (c) 10 x 10% km3; (d) D= 2.5 kyr; (e) 1.5 kyr; (f) 0.25 kyr; (g) FI in the Atlantic
between 45° and 55°N; (h) 20°-32.5°N; and (i) along the Antarctic perimeter. The other FI
characteristics are those of the reference perturbation (V= 6 x 10¢ km®, D= 1 kyr and FI
applied in the Atlantic between 32.5°-45°N). The mean sea surface temperature in the Southern
Ocean is reported with a range of 0°-~7°C. The shaded area denotes the period during which the

Atlantic THC is altered in each simulation.

results in an asymmetric V-shaped evolution of pCO$
as apparent, for example, in the reference perturbation
(Figure 5g). This evolution is also predicted when the
Flis applied along the Antarctic perimeter (Figure 12i).
In this case, however, the initial pCO$ decrease is larger
and the subsequent pCO$§ increase is lower than if the
same FI is prescribed in the North Atlantic.

In the reference perturbation a significant contribu-
tor to the pCO2 anomaly is a warming of the surface
waters in the Southern Ocean. Simulations for FI with
different V, D, and latitudes in the North Atlantic sug-
gest that this is a robust feature in our model (thin
solid line in Figure 12¢, 12f, and 12g—12h). The predic-
tion of an opposite temperature evolution between the
North Atlantic and the Southern Ocean is consistent
with the "NADW-Antarctic” connection hypothesized
by Crowley [1992] on the basis of observations and pre-
vious modeling studies.

4.2. Changes in Biological Cycling

The global new production decreases by ~20% in
the reference perturbation (solid line in Figure 13a)
mainly because of a reduction in the Atlantic (Figure
5a). There, the delivery of PO, from deep waters to the
euphotic zone is drastically reduced by the enhanced

stability of the water column due to freshwater capping
(Figures 5b-5c).

In order to assess the sensitivity of the model respon-
ses to the changes in biological cycling we conduct an
additional simulation where the rates of production and
oxidation of organic matter and the rates of production
and dissolution of CaCOj3 are kept fixed at their initial
steady state values. This simulation may produce nega-
tive PO4 because the nutrient is biologically consumed
at a constant rate in the euphotic zone. It is, never-
theless, instructive because it provides insight into the
effect of changes in the biological fluxes on the anoma-
lies of oceanic POy and 63C and of atmospheric pCO,
which are predicted when the thermohaline overturning
is altered. When biological cycling is kept constant,
the biogeochemical responses to the THC change are
drastically amplified (dashed lines in Figures 13b-13d).
Specifically, the 6'3C surface enrichment and bottom
depletion in the North Atlantic are much larger. Also,
the V-shaped evolution of the atmospheric pCO,, with
a minimum now occurring at the time of THC resump-
tion, is much more pronounced compared to the refe-
rence perturbation. The new production therefore ex-
erts an important negative feedback in our transient
experiments. Its decrease reduces the uptake and re-
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Figure 13. Timeseries of (a) global new production,
(b) 6'3C anomaly at 3750 m and 72.5°N in the Atlantic,
(c) 8*3C anomaly at the surface in the NADW forma-
tion (55°-80°N), and (d) anomaly of atmospheric pCOa.
The different curves correspond to the reference simula-
tion (solid line), the simulation with constant biological
cycling (dashed line), and the simulation without bio-
logical cycling (long-dashed, short-dashed line; only in
Figure 13d). In Figure 13a, FI is the freshwater input
with a range of 0-0.4 Sv. The shaded areas denote the
period during which the Atlantic THC is altered.

lease of isotopically light carbon at the surface and at
depth, respectively, thereby counteracting the surface
813C enrichment and deep §'3C depletion in the North
Atlantic. In addition, the decrease in new production
damps the variations in surface DIC brought about by
the FI thereby reducing the amplitude of pCO$% changes.

We consider a final simulation where the ocean is now
abiotic. An initial steady state of the model is produced
keeping all biological fluxes equal to zero in the five-step
procedure described in section 2.3. In this simulation
the changes in atmospheric pCO, are qualitatively simi-
lar to that with constant biological fluxes but are very
small (dash-dotted line in Figure 13d). This is due to

a different evolution of <ApCO§DIC) > + <ApCO§ALK) >
which exhibits a decrease, instead of an increase in the
reference simulation, between the FI maximum and the
time of THC resumption (not shown). This is another

illustration that ocean biological cycling would have a
major impact on pCO$ during THC changes.
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5. Discussion and Conclusions

We have used a simplified circulation-biogeochemical
model to investigate the impact of fast changes in the
ocean thermohaline circulation on the distribution of
POy and 6'3C in the major oceanic basins and on the
concentration of CO4 in the atmosphere. Several pro-
cesses that are potentially important for the kind of cli-
mate events explored here are crudely described or even
omitted. This allowed us to obtain a dynamical model
that can be integrated for several thousand years and
to perform systematic sensitivity studies. Deficiencies
of the ocean and atmosphere models have already been
discussed [e.g., Wright and Stocker, 1993]. In addi-
tion, our description of the ocean carbon cycle is also
highly simplified as explained by Marchal et al. [1998].
As an example, there is no preservation of CaCQj; in
deep-sea sediments and the effect of the production of
respiratory CO2 on CaCOQj; dissolution in those sedi-
ments [Emerson and Bender, 1981] is thus not taken
into account. This places limitations on the present
model because deep-sea records document significant
variations in the depth of the sedimentary lysocline in
conjunction with marine isotope stages during the late
Pleistocene [e.g., Farrell and Prell, 1989]. This effect
has most likely contributed to the glacial-to-interglacial
increases in atmospheric pCO, [Broecker and Peng,
1987; Archer and Maier-Reimer, 1994]. The timescale
investigated here is of the order of ~1 kyr, which is com-
parable to the e-folding time of ~2.5 kyr for CaCOQOj3
compensation [Broecker and Peng, 1987] but shorter
than the timescale of the transition from full glacial-to-
interglacial conditions (between ~7-10 kyr). It is much
shorter, on the other hand, than the oceanic residence
time of phosphorus estimated to ~100 kyr [Froelich
et al., 1982] which justifies the assumption of a con-
stant ocean inventory of POy in the model (note that it
is implicitly assumed that the ocean inventory of nitrate
is constant as well).

In spite of these limitations our model simulations
have implications for the interpretation of the abrupt
variability documented in deep-sea sediment and polar
ice records for the last glacial period. These possible
implications are discussed below.

5.1. Deep-Sea Records of Benthic
Foraminiferal Cd/Ca and §'3*C

The model exhibits three prominent responses to the
addition of freshwater at the surface in the North At-
lantic. First, POy rises and §13C becomes lighter in the
bottom waters in this basin. This is consistent with the
drop in benthic foraminiferal 6'3C documented during
Heinrich events in North Atlantic cores [Keigwin and
Lehman, 1994; Vidal et al., 1997; Zahn et al., 1997].
For the Younger Dryas cold phase (YD), which may
also have been triggered by glacial FI [e.g., Broecker



240

et al., 1990}, several studies reported a Cd/Ca increase
and §'3C decrease in the bottom North Atlantic [Boyle
and Keigwin, 1987; Keigwin et al., 1991; Keigwin and
Lehman, 1994]. Other authors, however, did not find
a decrease in benthic foraminiferal §'3C in other cores
raised from the North Atlantic thereby challenging the
view that NADW production was low during the YD
[Jansen and Veum, 1990; Veum et al., 1992; Sarnthein
et al., 1994]. In our model the PO, enrichment and 6'2C
depletion are clearly related to a drastic reduction in
the ventilation of the bottom Atlantic by newly formed
NADW. Although this supports the conventional inter-
pretation of deep-sea records of benthic foraminiferal
Cd/Ca and §'3C, PO, increases and 6'3C decreases of
comparable amplitude are also simulated when the ther-
mohaline overturning is much less reduced. This model
prediction is due to a threshold beyond which the venti-
lation by PO4-poor and §13C-rich NADW becomes in-
sufficient to compensate the PO, enrichment and 6'3C
depletion at depth because of the oxidation of organic
matter. This would imply that similar changes in ben-
thic foraminiferal Cd/Ca or §'3C along a sedimentary
column do not necessarily reflect similar changes in the
formation rate of NADW. Alternatively, distinct chan-
ges in benthic foraminiferal Cd/Ca or 6'3C do not ne-
cessarily reflect proportional changes in the formation
rate of end-members.

Second, concomitant with a POy enrichment and
§13C depletion in the bottom waters, POy decreases
and 6'3C increases between ~0.5-2.5 km in the midlati-
tude Atlantic when the thermohaline overturning is only
partly reduced and occurs at shallower depths. The re-
sulting increasing vertical gradients of PO4 and 6!3C are
reminiscent of chemical and isotopic reconstructions for
the last glacial maximum (LGM) [Boyle, 1988; Curry
et al., 1988]. Although our effort is not to simulate the
climate conditions at the LGM, it does support the con-
tention that compared to present-day conditions, the
LGM was characterized by a smaller and shallower pro-
duction of deep waters in the northern North Atlantic
[Boyle, 1988; Curry et al., 1988].

Third, both the surface PO4 and 612C in the NADW
formation area change substantially when the thermo-
haline circulation in the Atlantic collapses. POy first
decreases owing to an imbalance between the biological
uptake and the supply of POy4 from deep waters. The
isotopic ratio 4'3C, on the other hand, first increases be-
cause of a longer residence time of the surface waters in
the northern North Atlantic. Mixing with deep waters
and a smaller residence time when the THC resumes
eventually reestablish the initial PO4 and 6'3C. These
POy and §'3C anomalies (>0.5 mmol m~2 and >1%o
in the reference perturbation) are significant compared
to the difference observed today between the surface
PO, and 6*3C in the Southern Ocean and in the north-
ern North Atlantic [Conkright et al., 1994; Kroopnick,
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1985). Thus these anomalies also may have profound
implications for the interpretation of deep-sea records
of benthic foraminiferal Cd/Ca and 6!3C, where it is
commonly assumed that the changes in preformed POy
and §'3C are minor compared to changes brought about
by mixing near the bottom between water masses of
different chemical and isotopic signature. For instance,
the abrupt POy decrease and 8'3C increase in the bot-
tom Atlantic simulated when the THC resumes (dashed
lines in Figures 5¢-5d) are clearly associated with the
reinjection at depth of the surface waters which have
been previously depleted in PO, and enriched in 6'3C.
This effect is similar to the "store and advect” scenario
proposed by Lehman et al. [1993] to explain abrupt
changes in records of benthic foraminiferal 6'¥0. Thus
the present results support the contention that the air-
sea exchange, for instance, may represent a significant
source of variability in deep sea records of foraminiferal
813C [Charles et al., 1993].

5.2. Polar Ice Records of CO;

The model simulations presented here allowed us
to analyze further the hypothesis that ocean circula-
tion changes can impart significant abrupt variations in
the atmospheric pCOs | Siegenthaler and Wenk, 1984,
herein referred to as SW84]. The net effect of a reduc-
tion in the THC would be a pCO$ increase instead of the
pCO$ decrease predicted by SW84 on the basis of a four-
box model. In this latter model the impact of changes in
sea surface temperature and salinity on pCO3 and the
possible impact of THC change on new production in
high-latitude waters are not included. Here the increase
in the ocean mean sea surface T and S are responsible
for ~ 50% of the pCO$% increase from ¢ = 1.5 to 2.4 ka
(Table 2). Moreover, freshwater capping in the North
Atlantic reduces the nutrient recharge from the deep
and leads to surface PO, levels well below that which
would be required to saturate natural phytoplankton
communities (i.e., POy < Kpg,, indicating that POy
may become limiting in this region). Interestingly, the
experiment with constant biological cycling predicts a
pCO$§ decrease when the THC is reduced, consistent
with SW84. This leads us to conclude that in addition
to a difference in model structure and assumptions, the
discrepancy between our prediction and that of SW84
is due to a different treatment of the new production in
these waters.

The present results also help us to interpret short-
term variations in the atmospheric pCO; as recon-
structed on the basis of high-resolution CQO; measure-
ments in air entrapped in the Byrd ice core (West
Antarctica). First, using CHy as a stratigraphic marker,
Blunier et al. [1997] synchronized the Byrd pCO:
record and the 6§20 record from Greenland Ice Core
Project (GRIP; central Greenland) for the period cor-
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responding to the last deglaciation. This indicated that
the atmospheric pCO; has increased during the entire
Younger Dryas (characterized by 60 minima in the
Greenland record). Our simulations are qualitatively
consistent with this observation and indicate as well a
pCO$ increase during the cold period in the northern
North Atlantic.

Second, from a stratigraphic correlation of the Byrd
record with deep-sea sediment and GRIP records, Stauf-
fer et al. [1998] reported that pCO$ increased by ~20
patm within 2 kyr after Heinrich events 4-5. Our si-
mulations are also qualitatively consistent with these
observations if one considers that pCO$ in our model
starts to increase from the coldest period in the north-
ern North Atlantic (Figure 12) and that the Heinrich
events are concomitant with the culmination of §'80
minima and followed by a 6'80 increase in the Green-
land record [Bond et al., 1993]. A quantitative com-
parison between ice core CO; data and the predicted
atmospheric pCO; is delicate, however, because of the
poor observational constraints on the state of the ther-
mohaline circulation just before the YD and Heinrich
events.

On the basis of a simple Michaelis-Menten description
for new production our results imply that the marine
productivity, if mostly determined by the nutrient con-
tent of surface waters, should be a necessary ingredient
in models intended to simulate pCO$ changes during
abrupt climate transitions.

Appendix A: Description of Model
Components

Al. Atmosphere

Given the timescales investigated here (3>1 year), the
atmosphere is considered as a well-mixed reservoir. The
partial pressure pCO$ (in patm) is hence related to the
total atmospheric inventory of COy = 2C0O, + 13CO;
(IS, in mol C) by pCO§ = IS Pym, /(4wa’Hoap,), where
P, = 10% patm is the atmospheric pressure, m, =
28.964 gr mol™! is the molecular weight of air, a is
Earth’s radius, H, = 8320 m is a scale height of the
atmosphere and p, = 1.225 x 10® gr m™3 is the air
density. Likewise, the concentration of 3CO; in the
atmosphere, 13C0O$% (in mol m™3), is related to the to-
tal atmospheric inventory of 13CO, (I.°C, in mol C)
by 13002 = I.°C/(4wa2H,). The atmospheric §'3C is
computed from the two former equations.

The mass balances for IS and I, C are written as

dIC

da L (FS, - FS)dA + ¢f, (A1)
dIlSC
(;t = L(RwawaFga - RaaawFSw) dA + ¢:)ZC

(A2)
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where FC, and FS, are the gross fluxes of CO; from sea-
to-air and from air-to-sea, R, and R, are the 3C/(}2C+
130) ratio of ocean surface DIC and atmospheric COq,
e and oy, are fractionations factors for the sea-to-
air and air-to-sea gas transfer, q&ffa and ¢;ZC are the net
fluxes of CO, and 3CO, from the land biosphere to
the atmosphere, and A is the total ocean surface. The
calculation of the air-sea fluxes of CO, and 3CO; are
described by Marchal et al. [{1998]. We detail below

how the biospheric fluxes ¢Ea and ¢;ZC are obtained.

A2. Land Biosphere

The land biosphere component adopted here is that of
Siegenthaler and Oeschger [1987]. This component con-
sists of four carbon pools of different sizes and turnover
times: ground vegetation plus leaves, wood, detritus,
and soils. The inventories and fluxes of total C = 12C
+ 13C within the biosphere and the fluxes of total C
between the atmosphere and the land biosphere remain
unaltered in our simulations (¢, = 0in (A1) and (A2)).
The isotopic composition of carbon in each biospheric
pool, on the other hand, is allowed to vary in response
to changes in the isotopic composition of the atmosphe-

ric CO;. Thus the mass ‘t;zsx]ances for C and '3C in
biospheric pool i (Igi and I, © in mol C) are
dIf
- = 0 (A3)
dI;*c . o
prani Y Rjajidf; — D Riijéf;  (A4)
J#i i#j

where R, is the 13C/(}2C+!3C) ratio in pool v and
Qyq and ¢$,, are the fractionation factor and the net
carbon flux from pool 7 to 7 (including the atmosphere),
respectively. The flux qSS,, is obviously zero for some
combinations {7y, 7).

The inventories and fluxes of total C in the land
biosphere are taken from Figure 2 of Siegenthaler and
Oeschger [1987]. The initial biospheric inventories of
13C, on the other hand, are calculated from I:sc =
R;IF, where R; is the initial 3C/(*2C+!3C) ratio in
pool i computed from a biospheric §'3C = -25%o [E-
manuel et al., 1984]. We assume no fractionation bet-
ween the different biospheric pools, i.e;, a;; = 1. The
exception to this is the photosynthetic incorporation of
atmospheric COz into the ground vegetation plus leaves
and into wood, for which the fractionation coefficient is
equal to 0.982 (from Tans et al., 1993).

In the reference simulation the atmospheric §'3C
changes by 0.2%0—0.3%e0 (not shown). The difference
between the atmospheric 6!*C simulated with variable
and constant '*CO, fluxes between the atmosphere and
the land biosphere reaches a maximum of 0.06%o0. The
dilution effect by the land biosphere has thus a signifi-
cant impact on the atmospheric §13C in this simulation.
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Appendix B: Approximation of the
Variable Thermodynamical Partial
Derivatives

For each i € {T, S, DIC, ALK} the value of 8pCQ,/8i
between the time steps n and n + 1 in each surface cell
is approximated as

(apCOQ) _
9 ) jui

PCOs (iny1, EX2241) — pCOy (3, Intnt2)

in+1 - 'in

(B1)

With Ai¢ denoting the change of i from n to n + 1 the
contribution of the variable ¢ to the local pCQO; change
between these two time steps is thus calculated as
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e
O ) ju
. Bn + 'n o ”n + -n
pCOs(int1, -Z___Ji) ~ pCOs (i, l_f__tl_)

2 2

(B2)
Although the latter expression has only a first-order
accuracy, it provides a reasonable approximation of the

simulated pCO, with the time step adopted for the in-
tegration of oceanic processes (At ~ 3 weeks).
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