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ABSTRACT

Global warming simulations are performed with a coupled climate model of reduced complexity
to investigate global warming–marine carbon cycle feedbacks. The model is forced by emissions
of CO2 and other greenhouse agents from scenarios recently developed by the Intergovernmental
Panel on Climate Change and by CO2 stabilization profiles. The uptake of atmospheric CO2
by the ocean is reduced between 7 to 10% by year 2100 compared to simulations without
global warming. The reduction is of similar size in the Southern Ocean and in low-latitude
regions (32.5°S–32.5°N) until 2100, whereas low-latitude regions dominate on longer time scales.
In the North Atlantic the CO2 uptake is enhanced, unless the Atlantic thermohaline circulation
completely collapses. At high latitudes, biologically mediated changes enhance ocean CO2
uptake, whereas in low-latitude regions the situation is reversed. Different implementations of
the marine biosphere yield a range of 5 to 16% for the total reduction in oceanic CO2 uptake
until year 2100. Modeled oceanic O2 inventories are significantly reduced in global warming
simulations. This suggests that the terrestrial carbon sink deduced from atmospheric O2/N2
observations is potentially overestimated if the oceanic loss of O2 to the atmosphere is not
considered.

1. Introduction limited understanding of the mechanisms driving
carbon sequestration by the ocean and the land
biosphere (IPCC, 2001).Increasing atmospheric concentrations of CO2 ,

Ocean carbon storage is determined by a com-non-CO2 greenhouse gases (GHGs) and aerosols
plex interplay between air–sea gas exchange, inor-owing to emissions from combustion of fossil fuels,
ganic carbon chemistry, ocean circulation, andbiomass burning and other anthropogenic sources,
marine biology. Warming of ocean surface watershave the potential to induce substantial changes
and changes in the hydrological cycle may stimu-in the climate system in the near future (IPCC,
late different feedback mechanisms leading to a1996). To quantify possible consequences of an
slowed uptake of anthropogenic carbon. Foranthropogenic perturbation of the climate system,
instance, an increase in sea-surface temperatureprojections of future atmospheric CO2 , non-CO2
(SST), would reduce the solubility of CO2 inGHGs and aerosols, based on scenarios of future
seawater and thus the oceanic uptake of CO2 . AGHG emissions (Legget et al., 1992; Nakićenović
reduction in the density of surface waters wouldet al., 2000) are required. Such projections are
lead to a reduction in deep-water forma-affected by considerable uncertainties owing to a
tion (Manabe and Stouffer, 1993; Stocker and
Schmittner, 1997) and transport to depth of excess* Corresponding author.

e-mail: plattner@climate.unite.ch carbon (Maier-Reimer et al., 1996; Sarmiento et al.,
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1998; Joos et al., 1999; Matear and Hirst, 1999). slow-down of the surface-to-deep mixing. Overall,

changes in ocean carbon uptake as reportedChanges in the biological cycling of organic
material (OM) and calcite (CaCO3 ) may alter by Joos et al. (1999) are in the range of recent

studies using three-dimensional Ocean Generalthe distributions of dissolved inorganic carbon

(DIC) and alkalinity (ALK). Dilution/concentra- Circulation Models (OGCMs) (Maier-Reimer
et al., 1996; Sarmiento and Le Quéré, 1996;tion effects at the ocean surface induced by changes

in the hydrological cycle may alter surface DIC Sarmiento et al., 1998; Matear and Hirst, 1999).

In this paper, we extend the global analysis byand ALK, thereby affecting surface-water CO2
partial pressure (pCO2 ) and the oceanic uptake Joos et al. (1999) using the same climate model of

reduced complexity. The purpose of this study isof CO2 .
Previous studies investigated the oceanic uptake (1) to evaluate in detail different feedback mechan-

isms contributing to the changes in ocean carbonof anthropogenic carbon under constant cli-
mate (e.g., Revelle and Suess, 1957; Oeschger uptake and to study their spatial distribution;

(2) to investigate global warming feedbacks foret al., 1975; Revelle, 1985; Maier-Reimer and
Hasselmann, 1987; Sarmiento, 1991; Siegenthaler the non-intervention GHG emission scenarios

developed recently by the writing team of theand Joos, 1992; Stocker et al., 1994; Murnane

et al., 1999; Sarmiento et al., 2000; Orr et al., Special Report on Emission Scenarios (SRES) of
the Intergovernmental Panel on Climate Change2001). More recent studies considered the impact

of global warming on ocean circulation, ocean (IPCC) (Nakićenović et al., 2000); and (3) to
analyze changes in the distribution of carbon-carbon uptake (Klepper and de Haan, 1995;

Maier-Reimer et al., 1996; Sarmiento and Le related oceanic tracers such as phosphate (PO4 )
and dissolved oxygen (O2 ). We also discussQuéré, 1996; Sarmiento et al., 1998; Joos et al.,

1999; Matear and Hirst, 1999), and on atmo- implications of a potential oceanic O2 loss to the
atmosphere for the interpretation of atmosphericspheric CO2 (Maier-Reimer et al., 1996; Joos et al.,

1999; Cox et al., 2000; Lenton, 2000; Friedlingstein O2/N2 observations.
The paper is organized as follows. In Section 2,et al., 2001). These studies found that the CO2

uptake by the ocean is reduced between 4 to 28% we briefly present the zonally averaged climate

model and the standard experimental setup, theduring the 21st century in simulations with global
warming compared to simulations without it. The IPCC non-intervention SRES emission scenarios

(Nakićenović et al., 2000), and the WRE CO2geographical distribution of the reduction in CO2
uptake by the ocean and the strength of individual stabilization profiles (Schimel et al., 1997; Wigley

et al., 1997). In Section 3, we introduce variousfeedback processes differ widely between the vari-
ous studies. global warming–marine carbon cycle feedback

mechanisms associated with the CO2 uptake byIn an earlier study (Joos et al., 1999), we forced
a prognostic version of a zonally averaged phys- the ocean. In Section 4, results from several global

warming simulations are discussed. Tracer distri-ical-biogeochemical climate model (Marchal et al.,

1998a) with (1) IS92 GHG emission scenarios butions at year 2100 of warming simulations are
compared to steady state distributions and to(Legget et al., 1992) and (2) profiles that lead to

a stabilization of atmospheric CO2 (Wigley et al., distributions obtained assuming constant climate.

The feedback mechanisms contributing to changes1997). We found that in all global warming simula-
tions, the Atlantic thermohaline circulation (THC) in the uptake of atmospheric CO2 by the ocean

are quantified. In Section 5, we discuss resultsweakens by 30 to 60% by year 2100. The projected

atmospheric CO2 was around 4% higher in simu- from OGCM studies and compare these results
to our findings. Conclusions follow in Section 6.lations with global warming than in simulations

without it. The CO2 uptake by the ocean was
reduced by 8 to 10% for this century, owing
mainly to lowered CO2 solubility caused by 2. Model and methods
increasing SST. In simulations where the forma-
tion of North Atlantic Deep Water (NADW) stops The climate model includes components

describing (1) the physical climate system, (2) thecompletely after year 2100, the uptake was reduced

by 27% until year 2500, mainly caused by the cycling of carbon and related elements, and (3) a
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module to calculate concentrations of non-CO2 (Sarmiento et al., 1998; Matear and Hirst, 1999).

The model’s average ocean carbon uptake forGHGs and radiative forcing by atmospheric CO2 ,
non-CO2 GHGs and aerosols. The physical and 1980–1989 and 1990–1999 is 2.0 and 2.3 GtC yr−1,

respectively, consistent with most recent resultsbiogeochemical parameters of the model are set

as in Joos et al. (1999) and listed in Table 1. obtained with OGCMs (Schimel et al., 1996; Orr
et al., 2001) and close to data-based estimatesThe model has been extensively used for paleo-

climatic studies (Marchal et al., 1998b; Marchal (Keeling et al., 1996; Gruber, 1998; Sabine et al.,

1999; Battle et al., 2000; Gruber and Keeling,et al., 1999a) and results are broadly consistent
with those from comprehensive OGCMs. The 2001).

Next, we provide a brief description of themodeled ocean uptake and the oceanic distribu-

tion of chlorofluorocarbons are in good agreement climate model. Further details can be found in
Marchal et al. (1998a), Marchal et al. (1998b), andwith observations and with results from OGCMs

(Dutay et al., 2001). For GHG forcing, the model Schmittner and Stocker (1999).

has a transient response of NADW formation
and meridional heat transport (Stocker and

2.1. Model components
Schmittner, 1997; Schmittner and Stocker, 1999;

Joos et al., 1999) that is in agreement with that of The ocean physical component is the zonally
averaged, 3-basin circulation model of Stockerthe Geophysical Fluid Dynamics Laboratory

(GFDL) coupled ocean–atmosphere general circu- et al. (1992), with the dynamical closure scheme
described by Wright et al. (1995). The basinlation model (Manabe and Stouffer, 1994) and

that lies within the range of current coupled geometry and spatial grid are as in Stocker and

Wright (1996), with the Atlantic, Indian andclimate models (Cubasch et al., 2001). The sensitiv-
ity of Southern Ocean deep-water formation to Pacific basins represented individually and con-

nected by a zonally well-mixed Antarctic circum-global warming (Schmittner and Stocker, 1999) is

smaller than found for comprehensive OGCMs polar basin (Southern Ocean). A flat bottom

Table 1. Physical and biogeochemical parameters of the climate model

Standard
Model parameters setup Range

Ocean circulation model
vertical eddy diffusivity (m2 s−1 ) 0.4Ω10−4 0.2–0.6
horizontal eddy diffusivity (m2 s−1 ) 1000
sea-ice formation rate in Southern Ocean, qSO (Sv) 0.5
water volume for plume generation in Antarctica, VSO (Sv) 50
restoring surface salinity at 72.5°N in Atlantic (psu)a 34.9

Ocean biogeochemical model
restoring time for PO4 in euphotic zone (d) 100
fraction of export production going into DOC

l
(1) 0.5 0.25–0.75

ocean mean content of DOC
l
(mmol m−3 ) 10 5–20

ocean maximum CaCO3/C production ratio (mol mol−1 ) 0.1 0.05–0.2
length scale for CaCO3 dissolution (m) 3000
air–sea CO2 transfer coefficient (mmol m−2 yr−1 matm−1) (Broecker et al., 1985) 67
exponent in fast-sinking POC remineralization profile (1) (Bishop, 1989) 0.858
decay rate of DOC

l
(yr−1) (Najjar et al., 1992) variable

depth of the euphotic zone (m) 100

T errestrial biosphere model
fertilization factor b (1) (Joos et al., 1996) 0.287

The standard physical and biogeochemical parameters are set as in Joos et al. (1999). For parameters varied in
sensitivity tests the applied range is given additionally.
aSurface salinity is allowed to evolve freely during global warming simulations.
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topography is specified. The governing equations tion constant for PO4 uptake (Marchal et al.,

1998b). The local CaCO3 production is scaled toare written in spherical coordinates and include
hydrostatic, Boussinesq and rigid-lid approxi- Jorg by a temperature-dependent production ratio.

The ratio between the production of CaCO3 andmations. Momentum equations are balances

between Coriolis forces, horizontal pressure gradi- the production of organic material (OM) increases
with temperature to reach a prescribed maximuments and zonal wind stress. The lateral subgrid-scale

mixing is horizontal and vertical and horizontal in warm surface waters (Table 1) (Drange, 1994).

We assume temporally and spatially constant stoi-eddy diffusivities are constant. In the region around
Antarctica we parameterize the effect of brine rejec- chiometric ratios between biogenic fluxes. Export

production is evenly partitioned between fast sink-tion due to seasonally varying sea-ice cover, because

the seasonal cycle is neglected in the model. The ing particulate organic carbon and DOC
l
, both

remineralized below the euphotic zone. Thesalt ejected during sea-ice formation, prescribed at
a rate of qSO , is mixed with a specified volume of air–sea gas exchange of carbon is calculated using

a constant air–sea CO2 transfer coefficient.surface water, VSO , and slotted into the water column
at its stability level to mimick newly formed deep The model is complemented by a simple

4-box representation of the terrestrial biospherewater flowing down canyons with small entrain-

ment. The usual convection scheme based on (Siegenthaler and Oeschger, 1987), to account to
first order for changes in terrestrial carbon storageinstantaneous mixing is applied thereafter. A more

detailed description can be found in Stocker and under rising CO2 and for the exchange of carbon
isotopes between the atmosphere and the bio-Wright (1996). The ocean model is coupled to a

zonally and vertically averaged Energy Balance sphere. Net primary production depends logarith-

mically on atmospheric CO2 (Joos et al., 1996;Model (EBM) of the atmosphere (Stocker et al.,
1992) including an ‘‘active’’ hydrological cycle Kicklighter et al., 1999). The terrestrial biota

model is tuned to match estimates of the terrestrial(Schmittner and Stocker, 1999).
carbon sink during the 1980’s (Schimel et al., 1996)The ocean biogeochemical component is a
and the terrestrial CO2 uptake simulated for futuresimple description of the cycles of carbon, carbon
scenarios is well within the range obtained withisotopes, O2 , and carbon-related tracers (Marchal
current spatially resolved models (Kicklighteret al., 1998a). The tracers considered are phosphate
et al., 1999; Prentice et al., 2001). We emphasize(PO4 ), which is taken as the biolimiting nutrient,
that the impact of global warming on terrestrialdissolved inorganic carbon (DIC), alkalinity
carbon storage (Cao and Woodward, 1998; Meyer(ALK), labile dissolved organic carbon (DOC

l
),

et al., 1999; Cox et al., 2000; Lenton, 2000;dissolved oxygen (O2 ), and 13C and 14C in DIC
Friedlingstein et al., 2001) is not considered in thisand in DOC

l
. Salinity-normalized tracer concen-

study. The ocean and the land biota exchangetrations are transported in the model. This avoids
CO2 , 13C and 14C via the well-mixed atmosphere.the need for an explicit formulation of the effect

Finally, the module designed to calculate radiat-of surface freshwater fluxes in the tracer continuity
ive forcing by atmospheric, CO2 non-CO2 GHGsequation. A prognostic description of export pro-
and aerosols, is based on work summarized induction is applied, to account for changes in the
Fuglestvedt and Berntsen (1999). The implementa-ocean carbon cycle and atmospheric CO2 driven
tion of radiative forcing used here differs slightlyby changes in ocean circulation. River input and
from that in previous studies (Stocker andsediment burial are omitted, i.e., all the organic
Schmittner, 1997; Schmittner and Stocker, 1999;carbon and calcite (CaCO3 ) produced in the
Joos et al., 1999). We include the additional forcingeuphotic zone (top 100 m) are entirely recycled in
owing to radiative forcing by CO2 , non-CO2GHGsthe water column below. The net local consump-
and aerosols and to temperature-dependent feed-tion of organic carbon (Jorg ) is related to the PO4
backs related to changes in atmosphericwater vaporavailability via Michaelis–Menten kinetics:
as (R. Knutti, personal communication):

Jorg=Jpot
PO4

KPO
4

+PO4
, (1)

DF(t)=DF
2x

logACO2,eq (t)
CO2,eq(0)B 1

log 2
where Jpot is a potential consumption rate dia-

gnosed from the spin-up and KPO
4

is a half satura- +l(T (t)−T (0)), (2)
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where the radiative forcing is expressed in units climate model is integrated for another 7000 years.
At the end of this step we diagnose the steady stateof equivalents of CO2 (CO2,eq ). The radiative
value of Jpot from PO4 and Jorg in the euphotic zoneforcing for a doubling of CO2,eq , is given by
(Marchal et al., 1998b). This value is then used inDF

2x
=3.71 W m−2 (Myhre et al., 1998). CO2,eq (0)

the final step of the spin-up to describe Jorg as aand CO2,eq(t) are the preindustrial and the actual
function of PO4 availability in the euphotic zoneatmospheric CO2,eq concentrations, and T (t)−
(eq. (1)). The climate model is integrated for anT (0) denotes the change in global-mean air
additional 1000 years in this prognostic mode. Alltemperature since preindustrial times. The inclu-
tracer fields are virtually unchanged after the firstsion of a temperature-dependent feedback term
step. The globally averaged sea-to-air flux of CO2related to changes in atmospheric water vapor
is about 2Ω10−7 GtC yr−1 in the modeled preindus-results in a retarded response of air temperature
trial steady state.and NADW formation compared to previous

We compare key model results for preindustrialglobal warming simulations (Stocker and
times to observational estimates. The model reason-Schmittner, 1997; Schmittner and Stocker, 1999;
ably reproduces the main features of the modernJoos et al., 1999). As a consequence, the reduction
large-scale global ocean circulation, with deep-in uptake of atmospheric CO2 by the ocean due
water formation in the North Atlantic and theto global warming is damped and delayed when
Southern Ocean (Schmittner and Stocker, 1999).using eq. (2). In contrast, the global-mean atmo-
Modeled formation of NADW is 25 Sv at preindus-spheric temperature increase at equilibrium
trial times. This value is higher, but still consistentremains unchanged for a given climate sensitivity,
with most recent estimates of 15±2 Sv derived fromDT

2x
. To obtain a climate sensitivity of the EBM

hydrographic data reported by Ganachaud andof 3.7°C in the standard global warming simula-
Wunsch (2000) and with estimates of 15 to 20 Svtions, the feedback parameter l is set to
reported by Gordon (1986) and Schmitz (1995).2.18 W m−2 K−1. For the constant-climate base-
About 10 Sv are recirculated within the Atlanticline simulation DT

2x
is set to 0°C.

whereas almost 15 Sv are entering the Southern
Ocean south of 47.5°S. This water is then redistrib-

2.2. Standard model setup uted to the Indian and Pacific basins, where broad
upwelling occurs. The model’s overturning in theThe standard model spin-up is a multi-step pro-
Southern Ocean is 25 Sv and within data-basedcedure. First, the ocean model is spun up from rest
estimates of 21±6 Sv (Ganachaud and Wunsch,for 11,000 years by relaxing the surface values of
2000). Temperature and salinity distributions are intemperature and salinity to the zonal and annual
good agreement with modern climatology (Levitus,mean climatological data of Levitus (1982) with a
1982; Levitus et al., 1994; Levitus and Boyer, 1994),restoring time scale of 50 days. Zonal and annual
as are the distributions of DIC, ALK, PO4 andmean wind stress based on the climatology of Han
other carbon-related oceanic tracers (Marchal et al.,and Lee (1983) is applied at the ocean surface. The
1998a). Modeled specific inventories of anthropo-ocean biogeochemical component is then in a dia-
genic carbon in the Atlantic Ocean for the yearsgnostic mode, where euphotic zone PO4 values are
1982 (North Atlantic) and 1989 (South Atlantic) arerestored towards observations (Conkright et al.,
compared to data-based estimates (Gruber, 1998)

1994) with a restoring time scale of 100 days.
(Fig. 1). The large overprediction of specific invent-

Preindustrial atmospheric CO2 and d13C are pre-
ories at high latitudes can mainly be attributed to

scribed to 277.97 ppm and −6.4‰, respectively.
the simplified topography of the model, whereas the

Second, the ocean model is forced by surface fresh-
too small specific inventories in the low latitudes

water fluxes diagnosed from the previous integra-
are due to a too weak thermocline ventilation

tion while surface temperatures are still restored
(Gruber et al., 1996).

towards the climatological data. The terrestrial bio-
sphere is coupled and the model is further integrated

2.3. SRES emission scenarios and WRE
for 1000 years. Atmospheric CO2 and d13C are

stabilization profiles
allowed to evolve freely according to the exchanges
with the ocean surface and the terrestrial biosphere. We prescribe future emissions of CO2 , non-CO2

GHGs and aerosols from the IPCC SRES emis-Third, the atmospheric EBM is coupled and the
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1998; Fuglestvedt and Bernsten, 1999). The radiat-

ive forcing of black and organic carbon aerosols
is assumed to be proportional to CO emissions,
amounting to −0.06 W m−2 in year 1990.

We also present simulations where atmospheric
CO2 is prescribed according to the stabilization
pathways WRE550 and WRE1000 (Wigley et al.,

1997), where atmospheric CO2 is stabilized at 550
and 1000 ppm, respectively. Prescribing atmo-
spheric CO2 allows us to quantify the strength of

various global warming–marine carbon cycle feed-
back mechanisms associated with ocean carbon
uptake.

Fig. 1. Specific inventory of anthropogenic CO2 in the 3. Generic description of global warming–
Atlantic Ocean according to the data-based estimates of marine carbon cycle feedback mechanisms
Gruber (1998) (solid) and the model estimates from the associated with ocean carbon uptake
standard model simulation (DT

2x
=3.7°C) (dot-dashed).

North of the equator inventories are given for 1982;
The main driving force for the oceanic uptakesouth of the equator they are given for 1989.

of anthropogenic CO2 is the increase in atmo-

spheric pCO2 . However, the uptake of anthropo-
genic carbon and its distribution in the ocean aresion scenarios (Nakićenović et al., 2000). The

SRES includes 40 emission scenarios for radiat- also influenced by changes in ocean circulation,

sea-surface temperatures and salinities, and byively important gases until year 2100. These scen-
arios fall into four scenario ‘‘families’’. Each changes in the marine biological cycle. The follow-

ing physical and biogeochemical feedback mech-scenario ‘‘family’’ includes several quantifications

of a common narrative. None of the SRES emis- anisms contribute to the differences in ocean CO2
uptake between constant-climate simulations andsion scenarios includes any future policies that

explicitly address climate change. Here, we use the global warming simulations in our model.

(1) ‘‘SST feedback’’: an increase in SST‘‘Preliminary Marker Scenarios’’ A1, A2, B1, and
B2 taken to be illustrative for each family, plus decreases the solubility of CO2 in seawater,

thereby reducing the oceanic uptake of CO2 . Athe scenarios with the highest (A1C-AIM) and

lowest (B1T-MES) cumulative anthropogenic warming of 1°C increases pCO2 by about 4% at
constant salinity, DIC, and ALK (Takahashicarbon emissions. The full range of the SRES

scenarios is then covered in our model simulations. et al., 1993).

(2) ‘‘Dilution feedback’’: changes in air–seaThe concentrations of CO2 and non-CO2 GHGs
prescribed in the emission scenario simulations freshwater fluxes dilute (or concentrate) surface

concentrations of DIC, ALK, and nutrients. Theare based on observations up to year 1990. Then

they are calculated from SRES emissions until changes in the water balance affect salinity, DIC
concentrations, and ALK in the same proportions2100. Net land-use emissions are deduced from

the atmospheric CO2 budget until 1990 and then (Takahashi et al., 1980). The combined effects on

pCO2 of DIC and ALK changes nearly cancellinearly interpolated to the SRES value at year
2000. The radiative forcing from changes in the each other. Dilution of surface salinity by 1 psu

leads to a decrease in pCO2 in the range of aboutconcentration of well-mixed GHGs (CO2 , CH4 ,
N2O, stratospheric H2O and tropospheric O3 4 to 4.5% (Takahashi et al., 1993). However, on

a global scale the ‘‘dilution feedback’’ is negligibleowing to CH4 changes, SF6 , 28 halocarbons

including those controlled by the Montreal as the global freshwater budget is balanced in
the model.Protocol) and from direct and indirect effects of

sulfate aerosols, is calculated based on simplified (3) ‘‘Circulation feedback’’: a general slow-down

in ocean circulation in the global warming simula-expressions (Harvey et al., 1997; Myhre et al.,
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tions reduces the surface-to-deep transport rate of malized alkalinities, sALK, corrected for ALK

changes related to the OM cycle. The OM sALKexcess carbon.
(4) ‘‘Marine biota feedback’’: changes in the corresponds to 16ΩsPO4 , where 16 is the Redfield

ratio between PO4 and ALK of OM in our model.cycling of marine OM and CaCO3 alter surface

DIC and ALK. An increase in DIC by 1% In this terminology, the biota-CaCO3 feedback
with respect to the uptake of CO2 by the ocean isincreases pCO2 by about 10% (Revelle and Suess,

1957), whereas a 1% increase in ALK reduces zero, if the surface field of sALK+16ΩsPO4
remains unchanged during the simulation.pCO2 by a similar amount (Takahashi et al.,

1993). Biological production and the subsequent Alternatively, we distinguish feedbacks with
respect to changes in surface DIC and ALKexport of OM and CaCO3 remove nutrients, DIC

and ALK from the surface, remineralization adds instead of changes in the cycles of OM or CaCO3 .
(4a∞) The ‘‘biota-DIC feedback’ is the sum ofthese tracers again to the water column at depth;

transport of remineralized material to the surface the ‘‘biota-OM/DIC feedback’’ plus the much

smaller ‘‘biota-CaCO3/DIC feedback’.closes the two cycles. We differentiate the ‘‘marine
biota feedback’’ into a ‘‘biota-OM feedback’’ asso- (4b∞) The ‘‘biota-AL K feedback’ is the sum of

the ‘‘biota-CaCO3/ALK feedback’’ plus the muchciated with changes in the cycling of OM, and a

‘‘biota-CaCO3 feedback’’ associated with changes smaller ‘‘biota-OM/ALK feedback’’.
The different model configurations used toin the cycling of CaCO3 .

(4a) ‘‘Biota-OM feedback’’: OM formation quantify the oceanic uptake of atmospheric CO2
and the strength of the associated global warming–removes carbon from the DIC pool and adds

ALK to the water by removing NO−3 . Fluxes of marine carbon cycle feedback mechanisms are

described in detail in Table 2.PO4 , NO−3 , ALK, and carbon in OM are related
by constant Redfield ratios. The ‘‘biota-OM feed-
back’’ is the combination of two mechanisms. A

4. Results
decrease in surface PO4 is associated with a
decrease in surface DIC and pCO2 that leads to

4.1. SRES emission scenarios (1765–2100)
a transient increase in ocean carbon uptake. We

term this effect ‘‘biota-OM/DIC feedback’’. A First, we project the evolution of ocean carbon
uptake, atmospheric CO2 , radiative forcing,decrease in surface PO4 is also associated with an

increase in surface ALK and a decrease in pCO2 NADW formation and global-mean surface air

temperature from preindustrial times up to yearthat tends to increase ocean carbon uptake. We
term this much less important effect ‘‘biota- 2100 for the SRES emission scenarios (Fig. 2).

The evolution of anthropogenic carbon emissionsOM/ALK feedback’’. Changes in the OM cycle

can be diagnosed by analyzing salinity-normalized is identical for all SRES scenarios until present
(Fig. 2a). In year 2100, global carbon emissionsPO4 (sPO4=PO4Ω34.73/S) as the distribution of

sPO4 is not affected by gas exchange and fresh- for the SRES scenarios range between

2.7 GtC yr−1 for the ‘‘technology driven’’ B1T-water fluxes and is only driven by the OM cycle
in the model. In our terminology, the ‘‘biota-OM MES scenario and 36.6 GtC yr−1 for the ‘‘carbon

intensive’’ A1C-AIM scenario. Cumulative anthro-feedback’’ with respect to the uptake of CO2 by

the ocean is zero, if the surface field of sPO4 pogenic carbon emissions for the 1990–2100
period vary between 764 GtC (B1T-MES) andremains unchanged during the simulation.

(4b) ‘‘Biota-CaCO
3

feedback’’: CaCO3 removes 2511 GtC (A1C-AIM). In year 2100, half (49%)

of the cumulated carbon emissions since the begin-ALK from the water by removing CO2−3 and
removes carbon from the DIC pool. A reduction ning of the industrial period is found in the

atmosphere in the ‘‘Preliminary Marker Scenario’’in ALK due to a changed CaCO3 cycle tends to
decrease ocean carbon uptake that is only partially A1. The remainder is taken up by the ocean (32%)

and the terrestrial biosphere (19%). Cumulativecompensated by the associated reduction in sur-

face DIC. We term the two effects ‘‘biota- ocean carbon uptake from year 1765 until year
2100 ranges from 431 GtC (B1T-MES) to 716 GtCCaCO3/ALK feedback’’ and ‘‘biota-CaCO3/DIC

feedback’’, respectively. Changes in the CaCO3 (A1C-AIM) for the SRES global warming simula-

tions (Fig. 2b). The ongoing CO2 emissions to thecycle can be diagnosed by analyzing salinity nor-
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Table 2. Description of model configurations used to quantify the oceanic uptake of atmospheric CO
2

and
the strength of the associated global warming–marine carbon cycle feedback mechanisms

Simulation Description of model setup

A Baseline; ‘‘no feedbacks’’: The climate sensitivity, DT
2x

, is set to 0°C
B Standard; ‘‘all feedbacks’’: DT

2x
is set to 3.7°C. SST, freshwater fluxes, ocean circulation, and

biological cycling are described by prognostic formulations
C ‘‘SST feedback’’: The SST used to determine surface-water pCO2 are from simulation B; all other

parameters are as in the baseline simulation (simulation A)
D ‘‘SST’’+‘‘dilution feedback’’: As simulation C, but sea-surface salinities from simulation B are used

to dilute/concentrate surface concentrations of DIC, ALK, total borate, etc. as in standard
simulation B

E ‘‘SST’’+‘‘dilution’’+‘‘circulation feedback’’= ‘‘no biota feedback’’: The physical model is used as in
simulation B. The biological model is kept in a diagnostic mode where salinity normalized sea-
surface PO4 , sPO4 , and salinity normalized sea-surface ALK, sALK, are restored towards steady
state distributions. Then, the sPO4 and sALK surface distributions are approximately the same as
in simulation A and the ‘‘marine biota feedback’’ is excluded. A simulation with DT

2x
=3.7°C, i.e.,

simulation E, and a control simulation where DT
2x
=0°C are made. The results shown here are

corrected for the slight difference between this control run and the baseline simulation A
F ‘‘SST’’+‘‘dilution’’+‘‘circulation’’+‘‘biota-CaCO

3
/DIC feedback’’: As simulation E, but without

restoring surface sALK towards preindustrial values. Surface sALK from the end of the regular
model spin-up is used to determine surface-water pCO2 in the chemistry routines. Changes in the
carbon transport due to changes in CaCO3 cycling are taken into account. A simulation with
DT

2x
=3.7°C, i.e., simulation F, and a control simulation where DT

2x
=0°C are made. The results

shown here are corrected for the slight difference between this control run and the baseline
simulation A

G Constant ALK; ‘‘SST’’+‘‘dilution’’+‘‘circulation’’+‘‘biota-DIC feedback’’: Sea-surface pCO2 is
calculated using steady state values of sALK in the chemistry routines. All other parameters are as
in the standard simulation B

H ‘‘No biota-OM/ALK feedback’’: ALK transported by OM is neglected. The model was spun up for
20,000 years, but without including OM ALK (the Redfield ratio of PO4 to ALK of OM is set to
0). A simulation (simulation H) with all the other feedbacks included (DT

2x
=3.7°C) and a control

simulation similar to simulation A (DT
2x
=0°C) are performed. Again, the results shown here are

corrected for the slight difference between this control run and the baseline simulation A
I ‘‘Constant export’’: Export fluxes of OM and CaCO3 are kept at their preindustrial values except

when surface sPO4 concentrations approach zero; then OM export is set to zero to avoid negative
PO4 concentrations

J Inorganic baseline; ‘‘no feedbacks’’: An inorganic model version that does not include formulations
of the marine biosphere is applied. DT

2x
is set to 0°C. Surface sALK is prescribed using the values

of the baseline simulation A
K Inorganic standard; ‘‘SST’’+‘‘dilution’’+‘‘circulation feedback’’: As simulation J, but with DT

2x
=

3.7°C
L ‘‘Circulation’’+‘‘dilution feedback’’: SST used to calculate surface pCO2 are kept at preindustrial

values while all other parameters are as in simulation E. Then, both the ‘‘SST’’ and the ‘‘marine
biota feedback’’ are excluded and only the ‘circulation’ and ‘dilution feedback’ are operating in the
model. A simulation with DT

2x
=3.7°C, i.e., simulation L, and a control simulation where DT

2x
=

0°C are made. The results shown here are slightly corrected as explained for simulation E
M ‘’Circulation’’+‘‘SST feedback’’: Salinities used to calculate the surface pCO2 are kept at

preindustrial values while all other parameters are as in simulation E. Then, both the ‘‘dilution’’
and the ‘‘marine biota feedback’’ are excluded and only the ‘‘circulation’’ and the ‘‘SST feedback’’
are operating in the model. A simulation with DT

2x
=3.7°C, i.e., simulation M, and a control

simulation where DT
2x
=0°C are made. The results shown here are slightly corrected as explained

for simulation E
N ‘‘Circulation feedback’’: SST as well as surface salinities used to calculate surface pCO2 are kept at

preindustrial values while all other parameters are as in simulation E. Then, the ‘‘SST’’, ‘‘dilution’’
and ‘‘marine biota feedback’’ are excluded and only the ‘‘circulation feedback’’ is operating in the
model. A simulation with DT

2x
=3.7°C, i.e., simulation N, and a control simulation where DT

2x
=

0°C are made. The results shown here are slightly corrected as explained for simulation E
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Fig. 2. (a) Prescribed anthropogenic carbon emissions and (b) projected ocean carbon uptake, (c) atmospheric CO2 ,
(d) radiative forcing by CO2 and non-CO2 agents, (e) formation of North Atlantic Deep Water (NADW), and
(f ) increase in global-mean air temperature for the standard model setup (DT

2x
=3.7°C). The different curves corre-

spond to the IPCC SRES ‘‘Preliminary Marker Scenarios’’ A1, A2, B1, B2 and the scenarios A1C-AIM and B1T-
MES. Projected ocean carbon uptake and atmospheric CO2 from the constant-climate baseline simulations (DT

2x
=

0°C) are shown by dot-dashed lines in (b) and (c). Results for the scenarios A2 and B2 are not shown in (b) for clarity.
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atmosphere result in a projected increase in atmo- atmospheric CO2 up to year 2100 in WRE550
spheric CO2 concentrations from 351 ppm in year and WRE1000 is, at least to some extent, compar-
1990 to 471 ppm at the end of the 21st century able to that simulated for the ‘‘Preliminary Marker
for B1T-MES and to 1071 ppm for A1C-AIM Scenarios’’ B1 and A1. Atmospheric CO2 concen-
(Fig. 2c). The radiative forcing by CO2 , non-CO2 trations at the end of the 21st century are 540 ppm
GHGs and aerosols increases by 4 W m−2 (B1T- for WRE550 (565 ppm in scenario B1) and
MES) to 8 W m−2 (A1C-AIM) from 1990 to 2100 673 ppm for WRE1000 (699 ppm in scenario A1).
(Fig. 2d). This leads to an increase in global-mean However, projected global-mean air temperatures
surface air temperature between 2.7°C (B1T-MES) in the WRE simulations at year 2100 are almost
to 4.3°C (A1C-AIM; Fig. 2f ) and to a decrease in 0.7°C lower than in the scenarios A1 and B1,
NADW formation by 40% (B1T-MES) to 62% predominantly because the radiative forcing of
(A1C-AIM; Fig. 2e). Paradoxically, radiative for- non-CO2 agents is not considered in the WRE
cing is lowest during the next three decades for simulations. Accordingly, circulation changes until
the scenario with the highest carbon emissions year 2100 are smaller in the WRE cases compared
(A1C-AIM). This is because of a strong neg- to the SRES cases (Figs. 2e and 3b). Nevertheless,
ative forcing caused by high sulfur emissions. significant circulation changes occur in both
Atmospheric CO2 and radiative forcing due to WRE550 and WRE1000 relative to the steady
GHGs and aerosols continue to increase in year state (Figs. 4a, b). The NADW formation in both
2100 in all SRES scenarios, except in B1T-MES, WRE cases is reduced by about 40% until year
the scenario with the lowest carbon emissions. 2100 (Fig. 3b).

The CO2 uptake by the ocean is reduced in Simulations are extended to year 2500 to investi-
simulations with global warming compared to gate potential long-term changes in ocean circula-
simulations assuming constant climate. Oceanic tion and ocean carbon cycle. The strength of
carbon uptake for 1980–1989 and 1990–1999 is NADW formation is further reduced after year
2.00 GtC yr−1 and 2.32 GtC yr−1, respectively, 2100 in the WRE1000 global warming simulation
for the SRES global warming simulations (Fig. 3b). In WRE550, NADW formation partially
with DT

2x
=3.7°C. It is 2.08 GtC yr−1 and recovers until year 2500, whereas in WRE1000 it

2.45 GtC yr−1, respectively, for the constant-cli- is almost completely shut off at year 2300 and
mate simulations with DT

2x
=0°C. In year 2100, does not recover during another 5000 years of

the ocean uptake is reduced by 0.1 GtC yr−1 (B1T- integration. The permanent collapse of the THC
MES) to 1.5 GtC yr−1 (A1C-AIM) due to global in simulation WRE1000 indicates that the ocean
warming (Fig. 2b). The projected reduction in circulation settled into a structurally different equi-
cumulative CO2 uptake due to global warming librium state (Fig. 4c). The modeled changes in
until year 2100 is between 7% (B1T-MES) and ocean circulation as well as in ocean temperature
10% (A1C-AIM) for the SRES emission scenarios. and salinity in simulation WRE1000 until year
The resulting difference in projected atmospheric 2500 are qualitatively similar to those of
CO2 is around 4% (Fig. 2c) consistent with results Schmittner and Stocker (1999) using the same
found earlier for the IS92 emission scenarios (Joos climate model.
et al., 1999). Here, we explicitly consider the The various global warming feedbacks reduce
contribution of non-CO2 agents to radiative for-

the oceanic uptake of CO2 by nearly 8% by year
cing that were assumed to be zero for the IS92

2100 in both stabilization simulations (simula-
scenarios (Wigley et al., 1997). We note that the

tion A–B; Table 3 and Figs. 3c,d), similar to the
reduction in projected atmospheric CO2 is small

SRES scenarios. By year 2500, the reduction
compared to results from studies that address

increases to 16% (WRE550) and 24%
global warming-terrestrial carbon cycle feedbacks

(WRE1000). The deduced anthropogenic carbon
(Cox et al., 2000; Lenton, 2000; Friedlingstein

emissions by year 2100 are reduced by 41 GtC for
et al., 2001).

WRE550 and by 48 GtC for WRE1000 in global

warming simulations compared to constant-cli-
4.2. WRE stabilization profiles (1765–2500)

mate baseline simulations. This corresponds to a
reduction of about 3% for both WRE cases dueThe CO2 stabilization profiles WRE550 and

WRE1000 are applied (Fig. 3a). The evolution of to global warming. By year 2500, the deduced
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Fig. 3. (a) Prescribed atmospheric CO2 , (b) projected formation of North Atlantic Deep Water (NADW), and
projected cumulative ocean carbon uptake for stabilization profiles WRE550 (c) and WRE1000 (d) and the standard
model setup (DT

2x
=3.7°C). The projected cumulative ocean carbon uptake for the constant-climate baseline simula-

tion (DT
2x
=0°C) is shown by long-dashed lines. The simulations C (dot-dashed) and E (dashed) are used to identify

different global warming feedback mechanisms (Tables 2, 3). Results for simulation D are not shown in (c) and
(d) for clarity.

emissions are reduced by 198 GtC for WRE550 where the overturning cell is shallower and sub-
stantially reduced in strength (Figs. 4a, b). By yearand 392 GtC for WRE1000, corresponding to a

9% reduction for both WRE profiles. 2100 the deep Atlantic Ocean below 2000 m is

dominated by a counterclockwise circulation cell,
indicating increasing influence of Southern Ocean

4.3. Changes in ocean circulation and tracer
water. Circulation changes in the Pacific and

distributions
Indian oceans as well as in the Southern Ocean
are comparatively modest. Circulation changes inIn this Subsection, we analyze ocean circulation

changes and changes in the oceanic tracer distribu- the Pacific and Indian basins are most pronounced

around 40°S between 1000 and 3000 m depth.tions in more detail for the stabilization profile
WRE1000.

4.3.1.2. T emperature and salinity. By year 2100,
4.3.1. Changes in physical properties significant temperature and salinity anomalies

have developed (Figs. 5a,b). The time scale of the4.3.1.1. Circulation. The changes in ocean cir-
culation at year 2100 compared to the preindus- anthropogenic atmospheric forcing is generally

faster than the time scale on which the oceantrial steady state are largest in the North Atlantic,
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Fig. 4. Meridional overturning streamfunction (Sv) in the Southern Ocean and in the Atlantic, Indian and Pacific
basins at different times. (a) Preindustrial steady state (year 1765), (b) year 2100 and (c) year 2500 for CO2 stabilization
profile WRE1000. Results in (b) and (c) are produced with the standard model setup (DT

2x
=3.7°C). Contour interval

is 8 Sv in the Southern Ocean and 4 Sv in the Atlantic, Indian and Pacific basins.

mixes the additional heat and freshwater to the top 100 m north of 35°N. Salinity increases pre-
dominantly at low latitudes, whereas the high-deep ocean, except in regions where convection

occurs (Schmittner and Stocker, 1999). In year latitude surface waters get fresher in both hemi-

spheres as a consequence of an enhanced hydrolo-2100, the excess heat has penetrated the upper
1000 m of the ocean (Fig. 5a). The modeled gical cycle in the warmer atmosphere (Fig. 5b).

The modeled surface salinity changes until yearincrease of SST ranges between 1.2 and 3.1°C,

with maximum warming in the North Pacific, the 2100 range between −0.5 psu (North Pacific) and
+0.8 psu (subtropical regions of the Indian). Theequatorial regions and in the Southern Ocean

(Fig. 6a). The sea-surface warming is much smaller North Atlantic surface waters north of 40°N have

freshened by 0.4 psu at that time.in the northern North Atlantic compared to the
rest of the surface ocean. The SST increase of

4.3.2. Changes in biogeochemical properties1.2°C north of 65°N is by at least 0.6°C smaller

than the SST increase elsewhere. This significant 4.3.2.1. Phosphate. First, we analyze changes in
sPO4 until year 2100 for stabilization profiledamping of the SST perturbation is predominantly

due to convective mixing of excess heat to depth WRE1000 (Fig. 5c). Recall that sPO4 is only affec-
ted by changes in the cycling of OM and that theand the reduction in poleward heat transport

associated with the slow-down in Atlantic meridi- ratio of P to C is taken to be constant in OM. In

general, sPO4 concentrations are decreased in theonal overturning. The maximum temperature
increase in year 2100 (about +3.3°C) is found in upper ocean and increased in the deep ocean

relative to preindustrial times. In the deep Norththe North Atlantic subsurface waters at 400 m

between 40° and 65°N and in the North Pacific Atlantic sPO4 is increased by more than

Tellus 53B (2001), 5



.-.   .576

Table 3. Ocean carbon uptake for diVerent model configurations and the WRE1000 CO
2

stabilization
profile, and reduction in CO

2
uptake due to the main global warming-marine carbon cycle feedback

mechanisms

Simulation Model setup 1980–1989 1765–2100 1765–2500

Model experiments: cumulative ocean uptake (Gt of C)
A baseline (no feedbacks; DT

2x
=0°C) 21.4 612 2027

B standard (all feedbacks; DT
2x
=3.7°C) 20.2 564 1545

C SST 19.4 554 1837
D SST+dilution 19.4 555 1891
E SST+dilution+circulation 19.2 528 1467
F SST+dilution+circulation+biota-CaCO3/DIC 19.3 532 1522
G SST+dilution+circulation+biota-DIC 20.5 577 1696
H SST+dilution+circulation+biota-DIC+biota-CaCO3/ALK 20.1 559 1531
I constant export fluxes 20.5 581 1609
J inorganic model, baseline 22.4 648 2202
K inorganic model, standard 20.1 556 1652
L dilution+circulation 21.2 584 1735
M SST+circulation 19.2 527 1469
N circulation 21.2 584 1737

Estimated reduction in ocean uptake by main feedbacks (%)
A–C SST 9.4 9.5 9.4
C–D dilution 0.0 −0.2 −2.7
D–E circulation 0.9 4.5 20.9
E–B biota −4.7 −5.9 −3.8
A–B total reduction 5.6 7.9 23.8

Independent estimates for reduction in ocean uptake by feedbacks (%)
A–C SST 9.4 9.5 9.4
L–E SST 9.4 9.2 13.3
C–D dilution 0.0 −0.2 −2.7
M–E dilution 0.0 −0.1 0.1
D–E circulation 0.9 4.5 20.9
A–N circulation 0.9 4.7 14.3
A–E SST+dilution+circulation 10.3 13.8 27.6
J–K SST+dilution+circulation 10.3 14.2 25.0

A description of the different model configurations is given in Table 2. The reduction in ocean uptake due to
different feedback mechanisms is estimated as difference between corresponding simulations as a percentage of the
uptake obtained by running the baseline simulations A or J. See Section 3 for an explanation of the feedback
mechanisms associated with the uptake of atmospheric CO2 by the ocean. The attribution of the reduction in
oceanic CO2 uptake to different mechanisms is only an approximation as the ocean–atmosphere carbon cycle system
is non-linear. The validity of this approximation is checked by comparing independent estimates of the feedback
strength as obtained by Sim. A to H, by the inorganic model (Sim. J and K) and by, e.g., simulations L to N.

0.6 mmol m−3. The positive deep North Atlantic north of 50°N (Fig. 6b). The North Atlantic reduc-

tion in euphotic zone sPO4 largely increasesanomalies result primarily from the decrease in
the ventilation by PO4-poor NADW and a with increasing latitude, ranging from below

0.1 mmol m−3 at 40°N to 0.5 mmol m−3 at 80°N.stronger influence of PO4-rich waters of Antarctic
origin (Marchal et al., 1998b; Marchal et al., This general reduction in euphotic zone sPO4 is

attributable to the slowed ocean circulation.1999b). Euphotic zone sPO4 is reduced by up to

0.1 mmol m−3, with larger reductions occurring at Nutrient supply to the surface is reduced owing
to the decrease in vertical transport and the resid-latitudes where large changes in ocean circulation

are modeled, such as in the Pacific and Indian ence time of water in the euphotic zone is

increased, allowing for a larger fraction of thebasins around 40°S and in the North Atlantic
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Fig. 5. Latitude-depth distribution of changes in physical and biogeochemical properties in the three main oceanic
basins at year 2100 relative to the preindustrial steaty state. (a) Ocean temperature (K), (b) ocean salinity (psu),
(c) salinity-normalized PO4 (sPO4 in mmol m−3 ), (d) O2 (mmol m−3 ) and (e) salinity-normalized ALK (sALK in
meq m−3 ). Results are shown for the standard model setup (DT

2x
=3.7°C) and CO2 stabilization scenario WRE1000.

Contour intervals in (d) and (e) are unequally spaced for clarity. Contour intervals and applied ranges are as follows:
(a) 0.5°C from −1 to +3.5, (b) 0.1 psu from −0.5 to +0.8, (c) 0.1 mmol m−3 from −0.6 to +0.7, (d) 20 mmol m−3
from −170 to −50 and 10 mmol m−3 from −50 to +30, and (e) 5 meq m−3 from −30 to +10 and 10 meq m−3
from +10 to +80.
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Fig. 6. Latitudinal distribution of changes in (a) sea-surface temperatures, (b) salinity-normalized euphotic zone PO4 ,
sPO4 , (c) export production of organic matter (OM), (d) salinity-normalized euphotic zone ALK, sALK, (e) salinity-
normalized euphotic zone ALK from changes in the CaCO3 cycle, and (f ) CaCO3 production in the three main
oceanic basins until year 2100. Results are shown for the standard model setup (DT

2x
=3.7°C) and stabilization

scenario WRE1000. The different curves classify the Atlantic (solid), Indian (dot-dashed) and Pacific (dashed) basins.
In panels (c) and (d) the right axis indicates the range of related changes in salinity-normalized DIC due to the
internal reorganization of the OM cycle, DsDICOM , and due to the internal reorganization of the CaCO3 cycle,
DsDICCaCO

3

.
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supplied nutrients to be taken up biologically. sALK is increased significantly in the deep North

Atlantic (by over 70 meq m−3) following theExport production of OM is also reduced at all
latitudes (Fig. 6c). The reduction in global export decrease in the ventilation by NADW. Many other

parts of the deep ocean below 2000 m show anproduction for WRE1000 is nearly 0.9 GtC yr−1
by the end of the century, dropping from increase in sALK by a few meq m−3.
13.1 GtC yr−1 in year 1765 to 12.2 GtC yr−1 in
year 2100. sPO4 is reduced in surface waters, 4.3.2.4. Dissolved inorganic carbon. The

oceanic DIC inventory increases in response todespite reduced export fluxes.
rising atmospheric CO2 . Changes in DIC are
largest at the ocean surface and decrease with4.3.2.2. Oxygen. Closely related to changes in

the distribution of PO4 are changes in the distribu- depth in both the simulation with and without
global warming (Figs. 7a,b). Significant DICtion of dissolved O2 (Fig. 5d). Changes in OM

cycling cause inverse changes in O2 and PO4 changes in the deep water of the North Atlantic

and the Southern Ocean reflect the relatively fastconcentrations. Changes in the O2 air–sea gas
exchange further modify the oceanic O2 distribu- surface-to-deep mixing in those areas, but also

changes in the biological cycles in the globaltion. In the Southern Ocean top 1000 m, O2 is

significantly reduced, whereas sPO4 remains warming simulation.
The change in the oceanic distribution of salin-nearly unchanged. At year 2100, a maximum

reduction in O2 of 160 mmol m−3 is simulated in ity-normalized DIC, DsDIC, of the global warming
simulation is attributed to (1) the uptake of carbonthe North Atlantic between 400 and 600 m depth.

In the deep North Atlantic the O2 reduction from the atmosphere by air–sea gas exchange,

DsDICgas (Figs. 7b,c), (2) the changes due to thereaches nearly 120 mmol m−3. In Subsection 4.5
we will address the modeled changes in the oceanic internal reorganization of the OM cycle,

DsDICOM , (Fig. 7d), and (3) the changes due tooxygen inventory and discuss possible implica-

tions for the interpretation of atmospheric O2/N2 the internal reorganization of the CaCO3 cycle,
DsDICCaCO

3

(Fig. 7e) (Gruber and Sarmiento,measurements.
2001).

The change in sDIC caused by the internal4.3.2.3. Alkalinity. Next, we analyze changes
in ALK at year 2100 for WRE1000 (Fig. 5e). reorganization of the OM cycle, DsDICOM , is

calculated by multiplying DsPO4 (Fig. 5c) by theChanges in sALK are largely determined by

changes in the cycling of CaCO3 and, to a lesser Redfield ratio C to P of 117:
extent, by changes in the cycling of OM. In

DsDICOM=117ΩDsPO4 . (3)
general, sALK (and sALK+16ΩsPO4 ) is reduced

in the upper ocean and increased in the deep The change in sDIC caused by the internal reor-
ganization of the CaCO3 cycle, DsDICCaCO

3

, isocean. The euphotic zone sALK (and sALK
+16ΩsPO4 ) is reduced at almost all latitudes calculated by multiplying DsALK+16ΩDsPO4

(Figs. 5c,e) by 0.5 (ratio C to ALK of CaCO3 ):(Figs. 6d,e). Again, we ascribe this general reduc-
tion to the longer residence time of waters

DsDICCaCO
3

=0.5Ω(DsALK+16ΩDsPO4 ) . (4)
in the euphotic zone and the associated more

effective biological utilization of CO2−3 through Thereby, the response in air–sea gas exchange to
changes in the biological cycles is not taken intoCaCO3 production. The global export of CaCO3

decreases until year 2100 by 0.03 GtC yr−1 from account in DsDICOM and DsDICCaCO
3

. The total

ocean inventory of DsDICOM and DsDICCaCO
3

isthe preindustrial flux of 1.17 GtC yr−1. The pro-
duction largely increases at high latitudes (Fig. 6f ) zero (cf. numbers to the right of Figs. 7d,e).

Analogous to the changes in sPO4 and sALKrelative to the preindustrial steady state. This is
related to a significant increase in the ratio of discussed above, sDIC is reduced in the upper

ocean and increased in the deep ocean due to theCaCO3 to OM formation (production ratio), that

is assumed to be temperature dependent in our internal reorganization of the biological cycles.
The largest changes occur again in the Northmodel (Marchal et al., 1998a). However, we con-

sider this model feature as highly uncertain. Atlantic and are associated with the reduction in

the penetration of NADW to depth.Similar to the large positive sPO4 anomalies,
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Fig. 7. Latitude-depth distribution of changes in salinity-normalized DIC (sDIC) in the three main oceanic basins
until year 2100. (a) Total change in sDIC (DsDICtot in mmol m−3) from the standard model setup (DT

2x
=3.7°C),

(b) excess sDIC due to gas exchange only (DsDICgas,baseline in mmol m−3 ) from the constant-climate baseline simula-
tion (DT

2x
=0°C) compared to the preindustrial steady state, (c) DsDIC due to the changes in air–sea gas exchange

(DsDICgas,feedback in mmol m−3 ), (d) DsDIC due to the internal reorganisation of the OM cycle (DsDICOM in
mmol m−3), and (e) DsDIC due to the internal reorganisation of the CaCO3 cycle (DsDICCaCO

3

in mmol m−3 ) at
year 2100 from the standard model setup (DT

2x
=3.7°C) compared to the constant-climate baseline simulation

(DT
2x
=0°C). All the results given are for the CO2 stabilization profile WRE1000. sDIC inventory changes (GtC)

are indicated to the right of the panels. Contour intervals in (c), (d) and (e) are unequally spaced for clarity. Contour
intervals and applied ranges are as follows: (a) and (b) 30 mmol m−3 from 0 to +190, (c) 10 mmol m−3 from −100
to −10, 5 mmol m−3 from −10 to +10 and 10 mmol m−3 from +10 to +80, (d) 10 mmol m−3 from −90 to −20,
5 mmol m−3 from −20 to +20 and 10 mmol m−3 from +20 to +90, and (e) 2.5 mmol m−3 from −20 to +10 and
10 mmol m−3 from +10 to +50.
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The changes in sDIC related to CO2 uptake DIC concentrations in Figs. 7a–e. The changes in

DIC caused by changes in salinity can be inferredfrom the atmosphere by gas exchange, DsDICgas ,
are further attributed to the global warming feed- from Fig. 5b. A salinity change of 0.1 psu corre-

sponds roughly to a DIC change of 7 mmol m−3.backs introduced in Section 3 (DsDICgas,feedback ;
Fig. 7c) and to the gas exchange modeled assuming The changes in DIC due to salinity changes are

of similar magnitude as the changes in DsDICOMconstant climate (DsDICgas,baseline ; Fig. 7b).
DsDICgas,feedback is calculated by subtracting and DsDICCaCO

3

.

DsDICgas,baseline , DsDICOM and DsDICCaCO
3

from
DsDIC of the global warming simulation

4.4. Quantification of global warming–marine
(DsDICtot ; Fig. 7a):

carbon cycle feedback mechanisms associated
with ocean carbon uptakeDsDICgas,feedback=DsDICtot−DsDICgas,baseline

−DsDICOM−DsDICCaCO
3

. In Subsection 4.3, we have discussed the changes

in the distribution of various tracers within the
(5)

ocean due to global warming for the stabilization
profile WRE1000 at year 2100. It has becomeThe total ocean inventory of DsDICgas,feedback is

−48 GtC and corresponds to the total reduction clear, how the uptake of heat and large-scale
changes in circulation, in the freshwater cycle, andin ocean uptake between the simulation with and

without global warming (Table 3). This reduction in the cycles of OM and CaCO3 affect surface-
water composition and properties. These changesis caused by the global warming feedbacks further

discussed in the following Subsection 4.4 (‘‘SST’’, in SST, surface salinity, DsALK, DsDICOM , and

DsDICCaCO
3

(Fig. 6) affect surface pCO2 and the‘‘dilution’’, ‘‘circulation’’, and ‘‘marine biota feed-
back’’). In most ocean regions the feedbacks act uptake of CO2 by the ocean, in addition to changes

in surface-to-deep transport rates. In this section,to reduce sDIC and DsDICgas,feedback is negative.

In the Southern Ocean the DsDICgas,feedback signal we focus on the ocean–atmosphere interface and
analyze how global warming affects net air–seapenetrates down to the bottom. In the North

Atlantic DsDICgas,feedback shows a dipole structure carbon fluxes for WRE550 and WRE1000. We

investigate the strength of global warming feed-similar to that seen for DsPO4 and DsALK, but
of opposite sign. The reduction in NADW prevents back mechanisms associated with the oceanic CO2

uptake by analyzing simulations with globalcarbon that entered the ocean by gas exchange to

be transported to the deep North Atlantic and warming and simulations without it. In particular,
we quantify regionally the changes in oceanic CO2more of this carbon remains above 2000 m. This

yields large positive values of DsDICgas,feedback in uptake for the combined global warming feed-

backs as well as for the various individual globalthe upper 2000 m of the North Atlantic with a
maximum value of almost 80 mmol m−3 and large warming feedbacks introduced in Section 3.
negative values below (nearly −100 mmol m−3 at

minimum). 4.4.1. Combined feedback mechanisms. As men-
tioned before the combined global warming–The DsDIC distribution in the North Atlantic

is similar in simulations with global warming and marine carbon cycle feedbacks reduce ocean

carbon uptake in the stabilization simulationsin simulations without it (Figs. 7a,b), despite
significant circulation changes. This can now be globally by 8% until year 2100 and by 16%

(WRE550) and 24% (WRE1000) until year 2500.understood as the result of two opposing mechan-

isms. The reduction in the magnitude and the Here, we analyze the geographic structure of this
reduction until year 2500 (Fig. 8). In general,penetration depth of NADW leads to shallower

penetration and to an accumulation in the upper tropical and subtropical regions between 32.5°S
and 32.5°N, covering about 60% of the total oceanocean of carbon that enters the North Atlantic by

air–sea gas exchange. Changes in NADW forma- surface area, determine the reduction in CO2
uptake in the 1765–2500 period in our model.tion cause changes in the biological cycles that

lead to a decrease in sDIC in the upper ocean and However, changes per unit area occurring at high
latitudes of the North Atlantic and in the Southernto an increase in sDIC in the deep ocean.

For simplicity, we only show salinity normalized Ocean exceed changes in the tropics and subtrop-
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Fig. 8. Reduction in oceanic carbon uptake in the world ocean and the three main oceanic basins due to global
warming until year 2500. The reduction is given for the standard model setup (DT

2x
=3.7°C) and stabilization profiles

WRE550 (a) and WRE1000 (b) compared to the constant-climate baseline (DT
2x
=0°C). Contributions from indi-

vidual ocean basins and the world ocean are shown for three latitudinal regions (South: 70°S–32.5°S; Tropics:
32.5°S–32.5°N; North: 32.5°N–80°N). Positive values stand for a reduction and negative values for an increase in
ocean CO2 uptake.

ics. The total reduction in ocean CO2 uptake by 4.4.2.1. Global. First we analyze global

results. The ‘‘SST feedback’’ (simulation A–C;year 2100 (not shown) is of similar magnitude in
tropical and subtropical regions and in regions Table 3) dominates the reduction in global ocean

carbon uptake in simulation WRE550 (Fig. 3c).south of 32.5°S, covering about a fourth of the

ocean surface area. Thus, the southern hemisphere This feedback reduces the CO2 uptake by the
ocean by about 16% in WRE550 by year 2500high latitudes have a significant impact on future

changes in ocean CO2 uptake during this century (Fig. 9a). The ‘‘circulation feedback’’ (simulation

D–E; Table 3) as well as the ‘‘marine biota feed-in our model, but their influence diminishes there-
after. In contrast to the rest of the ocean, carbon back’’ (simulation E–B; Table 3) are significantly

smaller on a global scale in WRE550. As they areuptake in the 1765–2100 period is enhanced in

the North Atlantic in both stabilization simula- of opposite sign, they nearly cancel each other.
The contribution by the ‘‘dilution feedback’’ (simu-tions. The sign of global warming feedbacks at

North Atlantic high latitudes is reversed after year lation C–D; Table 3) is globally negligible. In

simulation WRE1000 the complete collapse of2100 in simulations where the Atlantic THC col-
lapses completely (Fig. 8b). NADW formation after year 2100 and the struc-

turally different circulation pattern obtained there-

after (Fig. 4c) largely drive the reduction in CO24.4.2. Individual feedback mechanisms. We run
the model in several configurations to quantify uptake by year 2500. However, the ‘‘SST feedback’’

is significant as well. The ‘‘SST feedback’’ governsthe various individual feedback mechanisms. The

model simulations are listed and described in the changes in ocean uptake until about year 2300
in WRE1000 (Fig. 3d), reducing the CO2 uptakedetail in Table 2. Results for WRE1000 and several

periods are given in Table 3. As the ocean–atmo- by 10% by the end of this century (Table 3). After
year 2100, the ‘‘circulation feedback’’ significantlysphere carbon cycle system is non-linear, the attri-

bution of changes in ocean carbon uptake to increases in strength as NADW formation col-

lapses in WRE1000; by year 2500, the ‘‘circulationdifferent feedbacks is merely an approximation.
We apply also an inorganic version of the model feedback’’ is responsible for a reduction in cumu-

lative ocean carbon uptake of 21% compared toand performed some independent cross-checks to

test the validity of this attribution. a 10% reduction owing to the ‘‘SST feedback’’
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Fig. 9. Reduction in oceanic carbon uptake due to specified global warming feedbacks until year 2500. The total
reduction is given for the standard model setup (DT

2x
=3.7°C) and stabilization profiles WRE550 (a) and WRE1000

(b) compared to the constant-climate baseline (DT
2x
=0°C). The contributions by different feedbacks are determined

as described in Table 2 and listed in Table 3 (simulations A to H). Results are shown for different latitudinal regions
(South: 70°S–32.5°S; Tropics: 32.5°S–32.5°N; North: 32.5°N–80°N). Positive values stand for a reduction and negative
values for an increase in ocean CO2 uptake.

(Fig. 9b). The ‘‘marine biota feedback’’ enhances earities in the carbon cycle and carbon chemistry
hamper the exact quantification of individual feed-oceanic CO2 cuptake by 6% until year 2100 in

simulation WRE1000, but its strength decreases back mechanisms, if ocean circulation changes
and feedback strengths are becoming large as it isthereafter.

The quality of the attribution of changes in the case in WRE1000 after year 2100. In conclu-

sion, the attribution to individual feedback mech-ocean carbon uptake to different feedbacks is
assessed. For this task, the model is run in different anisms is reasonable, but uncertainties in their

quantification exist.configurations as explained in detail in Table 2.

The combined physical-chemical feedbacks in the
standard model (simulation A–E; Table 3) agree 4.4.2.2. Regional. Next, we quantify

regionally the individual feedback mechanisms. Inwell with a simulation using an abiotic version of

the model (simulation J–K; Table 3). This suggests simulation WRE550 (Fig. 9a) until year 2500, the
‘‘SST feedback’’ reduces oceanic CO2 uptake atthat the relatively small ‘‘marine biota feedback’’

and the sum of the ‘‘SST’’ plus ‘‘dilution’’ plus all latitudes as expected from the warming of SST

throughout the ocean. The impact of increasing‘‘circulation feedback’’ can be well quantified.
Independent estimates of the ‘‘SST’’, ‘‘dilution’’ SST on CO2 uptake diminishes continuously from

south to north. The ‘‘dilution feedback’’ is gener-and ‘‘circulation feedback’’ show fairly good agree-

ment with results obtained with the standard ally small. Until year 2100, the ‘‘marine biota
feedback’’ is negative (enhancing ocean carbonmodel setup (e.g., simulations L–E or A–N;

Table 3). For WRE550 (not shown) the agreement uptake) at all latitudes (not shown). At year 2500,

the ‘‘marine biota feedback’’ is negative at highis very good for all feedback mechanisms over the
whole period from 1765–2500. However, for latitudes and positive at low latitudes. The largely

negative ‘‘marine biota feedback’’ in the NorthWRE1000, the agreement between independent
estimates is getting worse beyond year 2100. For Atlantic is due to reduced NADW formation and

an increase in the residence time of water in theexample, the reduction in ocean CO2 uptake until

year 2500 due to the ‘‘SST feedback’’ is estimated euphotic zone, which allows a more efficient biolo-
gical utilization of DIC. The ‘‘circulation feed-to be 9.4 and 13.3%, and the reduction by the

‘‘circulation feedback’’ is estimated to be 14.3 and back’’ reduces oceanic CO2 uptake in the tropics

and in the North Atlantic, where major circulation20.9% applying two different methods. Non-lin-
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changes occur, and slightly increases CO2 uptake simulation E–G; Table 4). On the other hand, the

reduction in surface sALK (‘‘biota-ALK feed-in the high latitudes of the southern hemisphere.
The sign of the ‘‘marine biota feedback’’ remains back’’: simulation G–B; Table 4) decreases CO2

uptake. In the standard model setup the ‘‘biota-unchanged in WRE1000 compared to WRE550

(Fig. 9b). The ‘‘marine biota feedback’’ is strongest DIC feedback’’ dominates the ‘‘biota-ALK feed-
back’’ and the net effect of the ‘‘marine biotaat high latitudes of the southern hemisphere for

WRE1000, in contrast to simulation WRE550. feedback’’ is to slightly increase oceanic CO2
uptake temporarily for all scenarios applied. InAfter a collapse of the THC the ‘‘SST feedback’’

turns negative at high northern latitudes owing to the long run, the ‘‘marine biota feedback’’
approaches zero. We determine the contributionssurface cooling in the North Atlantic (Schmittner

and Stocker, 1999). Nevertheless, the ‘‘SST feed- of changes in the cycling of OM and in the cycling
of CaCO3 to the ‘‘biota-ALK feedback’’ and theback’’ contributes significantly to the total reduc-

tion in ocean CO2 uptake in WRE1000. The ‘‘biota-DIC feedback’’ (Fig. 10). In the standard

model setup, the ‘‘biota-OM/DIC feedback’’ larg-strength of the ‘‘circulation feedback’’ is largely
increased at high latitudes in the northern hemi- ely exceeds the ‘‘biota-CaCO3/DIC feedback’’, and

the ‘‘biota-CaCO3/ALK feedback’’ largely exceedssphere following the collapse in NADW formation

after year 2300. In summary, individual feedback the opposite ‘‘biota-OM/ALK feedback’’ at any
time. Thus, the ‘‘biota-DIC feedback’’ can bemechanisms and the sum of all feedback mechan-

isms on CO2 uptake by the ocean exhibit strong roughly attributed to changes in the OM cycle
and the ‘‘biota-ALK feedback’’ to the changes inregional variations.
the CaCO3 cycle.

4.4.2.3. ‘‘Biota-DIC’’ versus ‘‘biota-AL K feed-
back’’. We further investigate the ‘‘marine biota 4.4.2.4. Sensitivity of the ‘‘marine biota feed-

back’’ to model parameters. Next, we test thefeedback’’ in more detail (Table 4). The ‘‘marine

biota feedback’’ in our model is largely dictated sensitivity of the ‘‘marine biota feedback’’ to vari-
ous model parameters. We varied physical andby the slow-down in ocean circulation. The

changes in the OM cycle and to a lesser extent in biogeochemical parameters of the standard model

setup in the range indicated in Table 1. We findthe CaCO3 cycle tend to reduce surface DIC (Figs.
6b,e; scale at the right) and lead to a transient that the net impact of the ‘‘marine biota feedback’’

by year 2500 is to increase ocean CO2 uptake inincrease in CO2 uptake (‘‘biota-DIC feedback’’:

Table 4. Reduction in ocean carbon uptake by diVerent marine biota feedbacks and for diVerent implementa-
tions of the marine biota for the WRE1000 CO

2
stabilization profile

Simulation Model setup 1980–1989 1765–2100 1765–2500

Estimated reduction in ocean uptake by diVerentiation of biota feedbacks (%)
E–G biota-DIC −6.1 −8.0 −11.3
E–F biota-CaCO3/DIC −0.5 −0.6 −2.7
F–G biota-OM/DIC −5.6 −7.4 −8.6
G–B biota-ALK 1.4 2.1 7.5
G–H biota-CaCO3/ALK 1.9 2.9 8.1
H–B biota-OM/ALK −0.5 −0.8 −0.7
(E–F)+(G–H) CaCO3 cycle 1.4 2.3 5.4
(F–G)+ (H–B) OM cycle −6.1 −8.2 −9.3

Reduction in ocean uptake for diVerent implementations of the marine biota (%)
(A–B)− (G–H)−(E–F) no CaCO3 feedback 4.2 5.6 18.4
A–I constant export production 4.2 5.0 20.6
A–B standard prognostic version 5.6 7.9 23.8
A–E no biota feedback 10.3 13.8 27.6
(A–F)+(G–H) no OM feedback 11.7 16.1 33.0

See Table 2 for detailed information about the model simulations.
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export is driven by external factors such as light

or aeolian iron input that remain constant in time.
The biological export fluxes of OM and CaCO3
are kept at their preindustrial values except when

the euphotic zone PO4 concentrations approach
zero (simulation I, ‘‘constant export’’; Table 3).
Such an assumption yields lower estimates for the

reduction in oceanic CO2 uptake (simulation A–I;
Table 4) than the standard model (simulation
A–B; Table 4).

Next, we analyze a situation where marine
ecosystems shift towards high abundance of
CaCO3 producers. A hypothetical ‘‘no OM feed-

Fig. 10. Reduction in global oceanic carbon uptake due back’’ case is constructed (Table 4), where only
to the ‘‘marine biota feedback’’ and its different contrib-

the biological feedbacks related to the CaCO3utors until year 2500. The contributions by different
cycle and the abiotic feedbacks (‘‘biota-feedbacks are determined as described in Table 2 and
CaCO3/ALK’’, ‘‘biota-CaCO3/DIC’’, ‘‘circula-as listed in Table 4. All results are given for simula-

tions with DT
2x
=3.7°C and CO2 stabilization profiles tion’’, ‘‘dilution’’ and ‘‘SST feedback’’) are consid-

WRE550 and WRE1000. Positive values stand for a ered and where the biological feedbacks related to
reduction and negative values for an increase in ocean the OM cycle (‘‘biota-OM/DIC’’ and ‘‘biota-
CO2 uptake.

OM/ALK feedback’’) are excluded. This yields

upper estimates for the reduction in oceanic CO2
uptake. Albeit possible, this scenario is inconsist-all global warming simulations, unless a relatively

high value for the maximum production ratio of ent with recent work that suggests a reduction

in calcification in response to increased CO2CaCO3 to OM is used (prescribed). Then, the
‘‘marine biota feedback’’ approaches 0. In the (Riebesell et al., 2000).

Then, we consider the possibility that the relat-latter case, however, surface DIC and ALK are

too low at steady state compared to data. The ive importance of CaCO3 producers is reduced in
the future by constructing a hypothetical ‘‘nolargest ‘‘marine biota feedback’’ is modeled for

low values of the vertical eddy diffusivity. Overall, CaCO3 feedback’’ (Table 4). We do this by exclud-

ing the ‘‘biota-CaCO3/DIC’’ and the ‘‘biota-the applied variations in model parameters lead
to a range of 0 to +8% for the effect of the CaCO3/ALK feedback’’ in the model simulations.

This yields a lower estimate for the reduction in‘‘marine biota feedback’’ on the uptake of CO2 by

the ocean by year 2500. oceanic CO2 uptake.
In summary, the different implementations of

the marine biosphere in our climate model yield4.4.3. Alternative model implementations of the
marine biota. In the standard model setup, export ranges for the reduction in CO2 uptake under

WRE1000 (Table 4) of 5 to 16% and of 18 toproduction of OM and CaCO3 is described as a
function of the availability of the macro-nutrient 33% for the 1765–2100 and 1765–2500 periods,

respectively.PO4 . Rate constants are diagnosed from the steady
state PO4 distribution. However, changes in CO2 ,
pH, and other environmental variables may affect

4.5. Changes in marine oxygen inventory and
ecosystem structure and the quality and quantity

implications for the interpretation of
of exported material in various and unexpected

atmospheric O
2
/N

2
measurements

ways. We have changed fundamental relationships
in the marine biosphere model. The purpose is to Atmospheric measurements of the O2/N2 ratio

have recently been used to determine the strengthexplore, at least to some degree and from a

geochemical point of view, the sensitivity of the of oceanic and terrestrial sources and sinks of
carbon (Keeling and Shertz, 1992; Keeling et al.,reduction in oceanic carbon uptake to marine

ecosystem changes. 1996; Battle et al., 2000). The method is based on

the assumption that changes in the atmosphericIn a first sensitivity simulation, we assume that

Tellus 53B (2001), 5



.-.   .586

O2/N2 ratio are only related to changes in terrest- et al., 1996; Battle et al., 2000) overestimates

terrestrial carbon storage by about 0.6 GtC yr−1rial carbon storage and fossil fuel burning. A
transient change in the oceanic O2 inventory during the decades from 1980–1989 (5.2Ω

1013/1.1 molC yr−1=0.57 GtC yr−1 ) and 1990–would cause a change in the atmospheric O2/N2
ratio, which would be erroneously attributed to a 1999 (5.0Ω1013/1.1 molC yr−1=0.55 GtC yr−1),

and underestimates oceanic storage by the samechange in terrestrial carbon storage. We find that
global warming–marine carbon cycle feedbacks amount.

We tentatively attribute the reduction in O2significantly reduce the oceanic O2 inventory. This
is consistent with results reported by Sarmiento inventory to different mechanisms. We prescribed

SST from global warming simulations to calculateet al. (1998) and by Matear et al. (2000).

The oceanic and atmospheric O2 inventories the solubility of O2 , while running the model in
the constant-climate baseline setup (DT2x=0°C).are coupled through gas exchange. O2 is produced

during photosynthesis in the ocean surface layer About 27% of the total reduction up to 1990 can

be attributed to the changes in O2 solubility only,from where it is either lost to the atmosphere or
transported to depth. The deep O2 concentration the rest stems from the combined effect of ocean

circulation changes and changes in OM cycling.and the oceanic O2 inventory is determined by

the balance between supply of O2 from the surface At year 2100, about 35% of the reduction is due
to solubility changes only. For scenario A1 almostand consumption by remineralization of OM

at depth. At steady state, production at surface, 80% of the reduction in the oceanic O2 inventory
at year 2100 are located north of 47.5°S, thetransport to depth, and consumption are balanced,

and the global air–sea flux is zero. The oceanic northern boundary of the Southern Ocean in the

model. We note that Matear et al. (2000) find theO2 inventory in an isolated atmosphere–ocean
system is constant, if O2 consumption equals largest changes in O2 uptake in the Southern

Ocean. About 2/3 of the changes occur in oceanproduction. This is the case if organic carbon

pools, here namely DOCl , remain constant. A regions below 1000 m, mainly located in the
Atlantic ocean.decrease in oceanic O2 inventory corresponds then

to an increase in atmospheric O2 . The oceanic O2
inventory can be altered through changes in the
marine biological cycling of OM or through 5. Discussion
changes in the O2 solubility by changing SST and

sea-surface salinities. Ocean carbon uptake is reduced in global warm-
ing simulations compared to simulations assumingIn ‘‘Preliminary Marker Scenario’’ A1, the ocean

mean O2 concentration is reduced by about constant climate by 7 to 10% up to year 2100 for

a wide range of future CO2 and GHG emissions.3 mmol m−3 up to year 1990 and by another
9 mmol m−3 from 1990 to 2100 These changes This result is consistent with previous model stud-

ies that find reductions in the range of 4 to 28%correspond to a reduction in global ocean invent-

ory of 4Ω1015 and 12Ω1015 moles O2 , respectively. during the 21st century (Maier-Reimer et al., 1996;
Sarmiento and Le Quéré, 1996; Sarmiento et al.,These inventory changes are comparable to results

obtained with the GFDL OGCM by Sarmiento 1998; Joos et al., 1999; Matear and Hirst, 1999).

The reduction in global ocean carbon uptake iset al. (1998). Modeled changes in the DOC
l
invent-

ory are small. The oceanic O2 loss in our model 48 GtC until year 2100 for the stabilization profile
WRE1000 in our model. This is consistent withaverages 5.2Ω1013 mol yr−1 for 1980–1989 and

5.0Ω1013 mol yr−1 for 1990–1999. To assess the the 56 GtC found by Matear and Hirst (1999),
nearly double the 25 GtC found by Maier-Reimerimplications for atmospheric O2/N2 , we neglect

thermally driven changes in atmospheric and et al. (1996) until 2100, and three times the 16 GtC
reported by Sarmiento et al. (1998) until 2065, alloceanic N2 inventories and use a stoichiometric

factor of 1.1 between O2 production and carbon using OGCMs. We note that these studies are not

directly comparable as the investigated periodsstorage in the terrestrial biosphere. Then, our
results imply that the classical attribution of ter- and the applied forcings differ between them.

The modeled reduction in carbon uptake differsrestrial and oceanic carbon sinks from O2/N2
measurements (Keeling and Shertz, 1992; Keeling regionally between the various modeling studies.
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Climate change simulations with different simulations, NADW formation is reduced by 40%

to 60% until 2100. Such a reduction might be onOGCMs yield very different sensitivities of the
Southern Ocean circulation to global warming. the high end, as potentially THC-stabilizing mech-

anisms (Stocker et al., 2001) such as an enhancedSarmiento et al. (1998) and Matear and Hirst

(1999) report significantly increased stratification water vapor export out of the Atlantic (Latif et al.,
2000; Schmittner et al., 2000) are not included.of the upper water column in the Southern Ocean,

leading to a decrease in vertical mixing along These comparisons suggest that global warming–

marine carbon cycle feedbacks are not well under-isopycnals and a decrease in convective over-
turning. Matear and Hirst (1999), applying a stood on a regional scale.

The reduction in oceanic CO2 uptake by seasophisticated subgrid-scale mixing parameteriz-

ation (Gent et al., 1995), find that deep convection surface warming (‘‘SST feedback’’) is consistently
estimated in different studies. Sarmiento et al.even stops in the Antarctic region. In contrast,

Maier-Reimer et al. (1996) find only modest circu- (1998) and Matear and Hirst (1999) found a

reduction in ocean uptake due to decreased CO2lation changes in the Southern Ocean in their
global warming simulations. Similarly ocean circu- solubility of 14% (56 GtC) and 13% (48 GtC),

similar to the reduction of around 10% (58 GtC)lation changes in the Southern Ocean are modest

in our model simulations (Schmittner and Stocker, found in this study. All studies find that the
reduction in ocean circulation leads to a reduced1999). The simulated reduction in oceanic CO2

uptake by year 2100 is of similar magnitude in uptake, and suggest that the changes in the marine
biological cycles lead to a transient increase inthe Southern Ocean and in low-latitude regions

(32.5°S–32.5°N) in our model. On longer times- ocean uptake. The strength of the reduction caused

by the combination of the slowdown of surface-cales, the low latitudes’ influence increases steadily.
Results for simulations from the GFDL OGCM to-deep transport and changes in the marine biolo-

gical cycles (‘‘circulation’’ plus ‘‘marine biota feed-(Sarmiento and Le Quéré, 1996; Sarmiento et al.,

1998) point to the Southern Ocean as the region back’’) is similar in the study by Matear and Hirst
(1999) (2% reduction in uptake) and in this studymainly responsible for the reduction in ocean CO2

uptake by global warming feedbacks until 2065. (1% increase in uptake). In contrast, Sarmiento

et al. (1998) find a 10% increase in CO2 uptakeBoth, the GFDL and our model overestimate the
observed uptake of bomb-produced radiocarbon by these two mechanisms. Sarmiento et al. (1998)

find much larger individual contributions on(Stocker et al., 1994; Toggweiler et al., 1989) and

of anthropogenic carbon (Gruber, 1998) in the carbon uptake from circulation changes (reduction
of 17%) and changes in the marine biologicalSouthern Ocean. The coarse spatial resolution

and the limited representation of Southern Ocean cycles (increase of 27%) than Matear and Hirst

(1999) (11% reduction; 9% increase) and thisprocesses in our model (Knutti et al., 2000) and
the weaker than observed stratification in the study (5% reduction; 6% increase). The difference

is largely related to the Southern Ocean, whereGFDL OGCM might contribute to the differences

in results. Recent modeling intercomparison stud- the GFDL model shows large changes in strati-
fication and circulation under projected globalies consistently show that results of comprehensive

OGCMs differ most in the Southern Ocean region warming. Furthermore, Sarmiento et al. (1998)

prescribe export production of organic carbon and(Sarmiento et al., 2000; Orr et al., 2001; Dutay
et al., 2001). CaCO3 to be constant in their simulations.

We find a small 4% increase in atmosphericUntil year 2100, the simulated carbon uptake

in the North Atlantic is higher for simulations CO2 due to the reduction in the CO2 uptake by
the ocean associated with the warming scenarios.with global warming than for simulations without

it in our model. This contrasts with OGCM results However, we did not account for global warming-
terrestrial carbon cycle feedbacks in our modelreported by Maier-Reimer et al. (1996). These

authors found that CO2 uptake is reduced in the simulations. Recent modeling studies investigating

oceanic and terrestrial global warming feedbacksNorth Atlantic ocean by year 2100 owing to GHG
forcing and the subsequent warming. In their (Cox et al., 2000; Lenton, 2000), find a significantly

reduced terrestrial carbon uptake under globalsimulation, NADW formation is only slightly

reduced from 25 Sv to 21 Sv, whereas in our model warming and their results suggest that the global
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warming-terrestrial carbon cycle feedbacks largely edly altered. In general, nutrient concentrations

are lowered in the upper ocean and increased inexceed the global warming–marine carbon cycle
feedbacks. the deep ocean. Relatively nutrient-poor waters

are replaced by nutrient-rich waters in the deepObservations of atmospheric O2/N2 are used to

estimate the magnitude of the terrestrial and North Atlantic. The production and export of
OM and CaCO3 decreases under global warming.oceanic carbon sinks and sources under the

assumption that changes in O2/N2 are only caused The projected changes could potentially have sig-

nificant implications for the marine ecosystemby fossil fuel burning and terrestrial carbon storage
on a multi-annual timescale (Keeling and Shertz, structure and the marine food web.

The oceanic O2 inventory decreases and the1992; Keeling et al., 1996; Battle et al., 2000).

However, global warming feedbacks have the atmospheric inventory increases in our global
warming simulations. This suggests that terrestrialpotential to significantly shift the partitioning

of O2 between the ocean and the atmosphere carbon uptake may be overestimated and oceanic

uptake underestimated by a few tenths of a GtC(Sarmiento et al., 1998; Matear et al., 2000). The
oceanic inventory is reduced and the atmospheric in the budgets of anthropogenic CO2 recently

published in the IPCC Third Assessment Reportinventory is increased in our global warming

simulations. This shift is predominantly driven by (Prentice et al., 2001). We suggest that the oceanic
distribution of oxygen should be regularly mon-the combined effect of ocean circulation changes

and changes in OM cycling that lead to an itored to reduce uncertainties in the CO2 budget.
Large-scale changes in the ocean biogeochem-enhanced nutrient storage and a reduced O2 stor-

age in the deep ocean. Surface warming also ical cycles lead to a reduction in the uptake of

atmospheric CO2 by the ocean in simulations withcontributes significantly to the reduction. Our
model results suggest that the terrestrial CO2 sink global warming relative to those without it. By

year 2100, the impact of this reduction in CO2as deduced from O2/N2 observations is over-

estimated and the oceanic sink underestimated uptake on DIC is projected to extend to the
bottom in the Southern Ocean and in the Northby about 0.6 GtC yr−1 for the 1980–1989 and

1990–1999 periods, if marine O2 inventory changes Atlantic, but to be restricted to the upper 1000 m

in the Pacific and Indian Oceans.are not considered. This implies that information
in addition to atmospheric O2/N2 measurements The reduction in ocean uptake due to increasing

temperatures (reduced CO2 solubility) is the mostis required to take into account possible oceanic

O2 inventory changes and to correctly partition important feedback mechanism associated with
the uptake of atmospheric CO2 by the ocean inbetween the terrestrial and oceanic carbon sinks.

An alternative option to models, would be to our model, except when NADW formation stops.

This ‘‘SST feedback’’ is plausible based on theoret-run ocean surveys on a regular basis to estimate
the trend in the oceanic O2 inventory from ical ground and consistently found in all global

warming modeling studies investigating oceanobservations.

CO2 uptake (Klepper and de Haan, 1995; Maier-
Reimer et al., 1996; Sarmiento and Le Quéré,
1996; Sarmiento et al., 1998; Joos et al., 1999;6. Conclusions
Matear and Hirst, 1999). Recent analyses of obser-
vations confirm that the ocean heat content hasOur results suggest that global warming leads

to large-scale changes in the marine environment significantly increased in the past decades (Levitus

et al., 2000).in physical, chemical, and biological parameters.
Circulation changes and NADW formation in The magnitude, at global and regional levels, of

the feedback mechanisms associated with a reduc-particular decreases in all scenarios and CO2
stabilization profiles considered. The circulation tion in the ocean thermohaline circulation and

changes in the biological cycles are less certainchanges are driven by increasing ocean temper-

atures and an enforced hydrological cycle that and significant discrepancies are found between
individual modeling studies (Cubasch et al., 2001).leads to a freshening of high-latitude surface

waters. The biogeochemical cycles and the distri- Changes in the marine biological cycles lead to

a transient increase in ocean CO2 uptake in thebution of nutrients, DIC, ALK and O2 are mark-
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standard model setup, although export production 10% until 2100. The deduced emissions from the

CO2 stabilization profiles are larger in the con-of OM and CaCO3 is reduced. Obviously, the
stant-climate simulations than in the global warm-picture of a ‘‘biological pump’’, which removes
ing simulations. The difference in cumulatedcarbon continuously from the atmosphere in pro-
emissions at year 2100 reaches 41 GtC forportion to the export flux of biological material
WRE550 and 48 GtC for WRE1000. This corre-out of the surface ocean, is incorrect.
sponds to a reduction of nearly 3% in both WREThe net effect of changes in the marine biological
cases owing to global warming.cycles on CO2 uptake is the sum of two potentially

Atmospheric CO2 at year 2100 is projectedlarge but opposite mechanisms that are associated
between 471 ppm and 1071 ppm for the IPCCwith changes in the cycling of OM and CaCO3 ,
SRES scenarios. All SRES scenarios are non-respectively. In our model, the two mechanisms
climate policy intervention scenarios. Stabilizationtend to cancel each other. However, changes in
of atmospheric CO2 and radiative forcing untilmarine ecosystem structure are difficult to project
the end of this century is only realized for theand the changes may be significantly different
SRES scenario with the lowest cumulative carbonfrom those modeled here.
emissions.A sensitivity study applying different formula-

tions for the marine biosphere and varying model

parameters yields that the reduction in ocean 7. Acknowledgments
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1985. The distribution of bomb radiocarbon in the model for the North Atlantic; and the possibility of dispos-
ing of fossil fuel CO

2
in the ocean. PhD thesis, Depart-ocean. J. Geophys. Res. 90, 6953–6970.

Cao, M. and F. I. Woodward, 1998. Dynamic response ment of Mathematics, University of Bergen, Norway.
Dutay, J.-C., J. L. Bullister, S. C. Doney, J. C. Orr,of terrestrial ecosystem carbon cycling to global cli-

mate change. Nature 393, 249–252. R. Najjar, K. Caldeira, J.-M. Campin, H. Drange,
M. Follows, Y. Gao, N. Gruber, M. W. Hecht,Conkright, M. E., S. Levitus and T. P. Boyer, 1994.

World ocean atlas 1994, vol. 1: Nutrients. Washing- A. Ishida, F. Joos, K. Lindsay, G. Madec, E. Maier-
Reimer, J. C. Marshall, R. J. Matear, P. Monfray,ton, DC: US Department of Commerce, NOAA,

NESDIS, 150 pp. G.-K. Plattner, J. Sarmiento, R. Schlitzer, R. Slater,

Tellus 53B (2001), 5



.-.   .590

I. J. Totterdell, M.-F. Weirig, Y. Yamanaka and interannual variations in atmospheric oxygen and
A. Yool, 2001. Evaluation of ocean model ventilation implications for the global carbon cycle. Nature 358,
with CFC-11: comparison of 13 global ocean models. 723–727.
Ocean Modelling, in press. Keeling, R. F., S. C. Piper and M. Heimann, 1996. Global

Friedlingstein, P., L. Bopp, P. Ciais, J.-L. Dufresne, and hemispheric CO2 sinks deduced from changes in
L. Fairhead, H. Le Treut, P. Monfray and J. Orr, 2001. atmospheric O2 concentrations. Nature 381, 218–221.
Positive feedback between future climate change and Kicklighter, D. W., M. Bruno, S. Doenges, G. Esser,
the carbon cycle. Geophys. Res. L ett., in press. M. Heimann, J. Helfrich, F. Ift, F. Joos, J. Kaduk,

Fuglestvedt, J. and T. Berntsen, 1999. A simple model G. H. Kohlmaier, A. C. McGuire, J. M. Melillo,
for scenario studies of changes in global climate. R. Meyer, B. Moore III, A. Nadler, I. C. Prentice,
Working Paper, 1999:2. Center for International Cli- W. Sauf, A. L. Schloss, S. Sitch, U. Wittenberg and
mate and Environmental Research, Oslo, Norway. G. Wuerth, 1999. A first order analysis of the potential

Ganachaud, A. and C. Wunsch, 2000. Improved estim- role of CO2 fertilization to affect the global carbon
ates od global ocean circulation, heat transport and budget: a comparison of four terrestrial biosphere
mixing from hydrographic data. Nature 408, 453–457. models. T ellus 51B, 343–366.

Gent, P. R., J. Willebrand, T. J. McDougall and J. C. Klepper, O. and B. J. de Haan, 1995. A sensitivity study
McWilliams, 1995. Parameterizing eddy-induced of the effect of global change on ocean carbon uptake.
tracer transports in ocean circulation models. J. Phys. T ellus 47B, 490–500.
Oceanogr. 25, 463–474. Knutti, R., T. F. Stocker and D. G. Wright, 2000. The

Gordon, A. L. 1986. Interocean exchange of thermocline effects of sub-grid-scale parameterizations in a zonally
water. J. Geophys. Res. 91, 5037–5046. averaged ocean model. J. Phys. Oceanogr. 30,

Gruber, N., J. L. Sarmiento and T. F. Stocker, 1996. An 2738–2752.
improved method for detecting anthropogenic CO2 in Latif, M., E. Roeckner, U. Mikolajewicz and R. Voss,
the oceans. Global Biogeochem. Cyc. 10, 809–837. 2000. Tropical stabilization of the thermohaline circu-

Gruber, N. 1998. Anthropogenic CO2 in the Atlantic lation in a greenhouse warming simulation. J. Clim.
Ocean. Global Biogeochem. Cyc. 12, 165–192. 13, 1809–1813.

Gruber, N. and C. D. Keeling, 2001. An improved estim- Legget, J., W. J. Pepper and R. J. Swart, 1992. Climate
ate of the isotopic air–sea disequilibrium of CO2 : change 1992. T he Supplementary Report to the IPCC
implications for the oceanic uptake of anthropogenic

Scientific Assessment. Emissions Scenarios for IPCC:
CO2 . Geophys. Res. L ett. 28, 555–558.

An Update. Cambridge University Press, pp. 69–95.
Gruber, N. and J. L. Sarmiento, 2001. T he sea — biolo-

Lenton, T. M. 2000. Land and ocean carbon cycle feed-
gical/physical interactions. L arge-scale biogeochemical/

back effects on global warming in a simple Earth
physical interactions in elemental cycles. John Wiley,

system model. T ellus 52B, 1159–1188.
pp. 1–64.

Levitus, S. 1982. Climatological atlas of the world ocean.
Han, Y. J. and S. W. Lee, 1983. An analysis of monthly

Washington, DC: US Govt. Print. Office, NOAA Prof.
mean windstress over the global ocean. Mon. Weather

Pap. 13, 173 pp.
Rev. 111, 1554–1566.

Levitus, S., R. Burgett and T. P. Boyer, 1994. WorldHarvey, L. D. D., J. Gregory, M. Hoffert, A. Jain, M. Lal,
ocean atlas 1994, vol. 3: Salinity. Washington DC: USR. Leemans, S. Raper, T. Wigley and J. de Wolde,
Department of Commerce, NOAA, NESDIS, 99 pp.1997. IPCC Technical Paper II. An introduction to

Levitus, S. and T. P. Boyer, 1994. World ocean atlas 1994,simple climate models used in the IPCC second assess-
vol. 4: T emperature. Washington DC: US Departmentment report. Intergovernmental Panel on Climate
of Commerce, NOAA, NESDIS, 117 pp.Change, 47 pp.

Levitus, S., J. I. Antonov, T. P. Boyer and C. Stephens,IPCC, 1996. Climate change 1995. T he science of climate
2000. Warming of the World Ocean. Science 287,change. Intergovernmental Panel on Climate Change,
2225–2229.Cambridge University Press, 572 pp.

Maier-Reimer, E. and K. Hasselmann, 1987. TransportIPCC, 2001. T hird assessment report of climate change.
and storage of CO2 in the ocean — an inorganicIntergovernmental Panel on Climate Change, Cam-
ocean-circulation carbon cycle model. Clim. Dyn. 2,bridge University Press, in press.
63–90.Joos, F., M. Bruno, R. Fink, U. Siegenthaler, T. F.

Maier-Reimer, E., U. Mikolajewicz and A. Winguth,Stocker, C. Le Quéré and J. Sarmiento, 1996. An
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