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Carbonate chemistry

We computed [CO2−
3 ] and other carbonate system variables using the standard OCMIP carbonate

chemistry routines. The equilibrium constants K1 and K2 are those from Mehrbach et al.1 refit to

the total pH scale2; KB, K1P , K2P , K3P , KSi and KW are from Millero3; KS is from Dickson4;

and KF is from Dickson and Riley5. These are apparent equilibrium constants, given in terms of

concentrations, not activities. Constants are referenced to the total pH scale, except for KS , which

is on the free pH scale. To calculate saturation, we used the apparent solubility products for arago-

nite Ksp∗A and calcite Ksp∗C from Mucci6. For magnesian calcite, some forms can be more soluble

than aragonite 6, 7. We accounted for pressure-related changes in these equilibrium constants using

the formulations of Millero3. The uncertainty in the computation of [CO2−
3 ] from modelled DIC

and alkalinity is <±1 µmol kg−1 based on our sensitivity tests with the other currently accepted

sets of constants and pH scales.

To compute the level of saturation with respect to CaCO3, we used the standard definition,

Ω = [Ca2+][CO2−
3 ]/[Ksp∗], where the apparent solubility product Ksp∗ is different for aragonite

(A) and calcite (C). Because variations in Ω are essentially due to [CO2−
3 ] (i.e., [Ca2+] varies by

only a few percent in the open ocean) we also employed a convenient, carbonate-specific index
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of saturation ∆[CO2−
3 ] = [CO2−

3 ] − [CO2−
3 ]sat, where [CO2−

3 ]sat is the [CO2−
3 ] for seawater in

equilibrium with CaCO3 at the in situ temperature and salinity8 (see Fig. 2). Both terms are used

to indicate that a solution is supersaturated (Ω > 1 and ∆[CO2−
3 ] > 0) or undersaturated (Ω < 1

and ∆[CO2−
3 ] < 0).

Transient change

We computed the 21st century decline in ocean [CO2−
3 ] due to ocean uptake of anthropogenic CO2

using the three-dimensional fields of DIC, alkalinity, temperature, and salinity from 13 models

that participated in OCMIP-2. Most of these models include the annual cycle. We discuss annual

mean changes to focus on the transient signal from increasing anthropogenic CO2. These mod-

els have been previously evaluated9–11 and documented in terms of their simulated anthropogenic

CO2 uptake12–14. To simplify comparison during OCMIP-2, all models were run under modern,

prescribed climate. Thus they did not account for interannual or future changes in climate and

alkalinity.

Climate change

To estimate how future climate change will induce shifts in ocean carbonate chemistry, we used

output from three physical-biogeochemical climate models: (1) the PIUB-Bern model (Physics In-

stitute at the University of Bern, Switzerland) is a reduced complexity coupled system that includes

a zonally averaged ocean model15, an atmospheric energy balance model16, and both marine17 and

terrestrial18 carbon cycle components; (2) the CSIRO (Commonwealth Scientific and Industrial Re-
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search Organisation, Australia), is a more complex atmosphere-ocean-ice climate model19, 20 that

has been coupled to a simplified prognostic oceanic biogeochemical model21; and (3) the IPSL

model (Institute Pierre Simon Laplace, France), is also a more complex atmosphere-ocean-ice cli-

mate model that is also coupled to both marine and terrestrial carbon cycle components 22.

We estimated future changes in [CO2−
3 ] due only to changes in climate by running multiple

simulations in each model. With the CSIRO model, we used the difference in [CO2−
3 ] between two

simulations: i) a transient simulation where future atmospheric CO2 followed the IS92a scenario,

and ii) a control simulation where ocean biogeochemistry followed the same atmospheric CO2

trajectory, but where radiative forcing was computed from an constant atmospheric CO2 of 330

ppmv. Similarly, with the PIUB-Bern model we used the difference between two simulations

where in both cases atmospheric CO2 was prescribed according to scenario IS92a23, 24: i) a constant

climate simulation where the atmospheric CO2 increase did not affect radiative forcing and ii) a

climate change simulation where radiative forcing followed the atmospheric CO2 increase. With

the IPSL model, isolating the effect of climate change required three simulations: i) a prescribed

climate simulation (LF9), where atmospheric CO2 reached 695 ppmv in 2100; ii) a changing

climate simulation with full carbon-climate feedback (LF8), where atmospheric pCO2 reached 780

ppmv in 2100; and iii) a combined simulation (LFB), which was forced with the atmospheric CO2

from LF9 but the climate from LF8. For IPSL, we present differences in ocean [CO2−
3 ] between

LFB and LF9, which are driven only by changes in ocean circulation.

3



Climate variability

For the interannual simulation, we used the ORCA2 global configuration of the Ocean Parallelisé

(OPA) ocean general circulation model25, version 8.1, that was forced with the NCEP reanalysis

from 1948–2003 as described by Rodgers et al.26. This circulation model was coupled to the

biogeochemical model known as PISCES27, 28, which includes the OCMIP carbon chemistry as

well as micronutrient limitation and two classes each of phytoplankton, zooplankton, and detritus.

Potential change in respiration

Biological respiration of organic matter produces DIC and thus reduces [CO2−
3 ]. Although much

research has focused on quantifying respiration rates, little is known about how much these rates

might be changing on decadal time scales29. In the surface ocean, observed decadal changes in

dissolved O2 and apparent oxygen utilisation (AOU) may be caused by changes in biological pro-

ductivity and respiration as well as changes in circulation; however, distinguishing which factor is

most important remains difficult30. For surface [CO2−
3 ] though, it matters little whether or not sur-

face organic matter production and respiration change because corresponding changes in surface

DIC will largely be compensated by air-sea CO2 exchange. Furthermore, future scenarios with

coupled climate-carbon models suggest that DIC changes from changes in circulation are oftern

opposite to those due to changes in production, with circulation generally dominating31, 32. In short,

for the surface ocean, where the changes in [CO2−
3 ] and the corresponding biological impacts will

be largest, the dominant control will be the anthropogenic CO2 invasion.
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In contrast, for deeper waters, e.g., near today’s aragonite saturation horizon, such compen-

sation is lacking. Changes in DIC due to changes in respiration would thus have a larger impact. In

those waters, recent respiration-driven changes in DIC could perhaps rival current anthropogenic

DIC concentrations (<10 µmol kg−1, Fig. S4). But as we move further into the 21st century, the

invasion of anthropogenic CO2 will rapidly overwhelm the system. Anthropogenic DIC will gen-

erally reach 100 µmol kg−1 or more near the aragonite saturation horizon in 2100 (Fig. S5). For

comparison, coupled climate-carbon models24, 31, 33, 34 simulate changes in dissolved O2 in the ther-

mocline that are less than a few tens of µmol kg−1 for basin-wide averages in 2100. If these changes

in O2 were due purely to respiration of organic matter, the corresponding change in [CO2−
3 ] would

be of similar magnitude (based on ∆DICresp = rC:O2×∆AOU, where rC:O2 ≈ 1.435). Yet these

changes in O2 in the coupled climate-carbon models result essentially from changes in circulation;

changes in respiration are small. Furthermore, the most recent studies that have looked carefully

at observed decadal changes of O2 in the thermocline find that they may be largely explained by

changes in circulation without need to invoke changes in biological respiration36, 37.

Although the three coupled climate-carbon models used in this study do account for changes

in new production and respiration, by definition their accounting is simplified. For instance, global

ocean carbon cycle models are just beginning to account for how changes in [CO2−
3 ] might affect

biological export and remineralisation38. Models may over- or under-estimate the extent to which

subsurface [CO2−
3 ] will change due to climate-driven changes in respiration. However, we argue

in the main text that the simulated trend is robust: changes in respiration only further reduce high-

latitude subsurface [CO2−
3 ]. That trend is consistent with a more active hydrological cycle in a
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future warmer world, as predicted by all climate models.

Potential change in alkalinity

Future changes in alkalinity due to dissolution of carbonate material in shallow- and deep-ocean

sediments should be negligible for a 100-year timescale39, 40. However, Sarma et al.41 recently

suggested that alkalinity increased between the 1970’s and the 1990s at the depth of the aragonite

saturation horizon in the Pacific and Indian Oceans. At their two repeat stations in the subarctic

Pacific, occupied during the GEOSECS and WOCE campaigns, alkalinity increased by 13± 6 and

11± 6 µmol kg−1. Yet there was not only a change in alkalinity; DIC also increased by about 1.5

times as much (21± 7 and 16± 7 µmol kg−1). At the station with the largest WOCE−GEOSECS

changes in DIC and alkalinity, we calculate that the corresponding decline in [CO2−
3 ] is −3.5 ± 9

µmol kg−1. On the other hand, the computed decline in [CO2−
3 ] would be larger (-5.2 µmol kg−1)

had we taken the simplified approach, i.e., neglecting alkalinity changes and accounting only for

the corresponding 11 µmol kg−1 anthropogenic DIC increase. The latter was estimated by Sarma et

al. by correcting for increases in DIC and alkalinity due to increases in AOU and CaCO3 dissolution

CO2 + CaCO3 + H2O→ 2HCO−
3 + 2Ca2+.

Unfortunately, the large ±1σ uncertainties do not permit us to distinguish if there have been sig-

nificant changes in [CO2−
3 ] due to enhanced CaCO3 dissolution between GEOSECS and WOCE.

Future studies will be in a better position to resolve this question because the signal is growing

exponentially and the precision of DIC and alkalinity measurements has improved greatly since

GEOSECS. Although our simplified approach may overestimate the decline in future [CO2−
3 ] at
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the saturation horizon, such may be compensated by opposite trends elsewhere, as suggested by

simultaneous reductions in alkalinity just above and below the same horizon (Fig. 3 of Sarma et

al.).
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Supplementary Online Table

Table S1: Area-weighted mean depth (m) of the aragonite saturation horizon.

Time Southern Ocean North Atlantic North Pacific Global

(< 60◦S) (50◦N–70◦N) (50◦N–60◦N)

Preindustrial (data-based) 1038 2825 177 1089

1994 (GLODAP) 727 2602 142 959

2100 (S650) ∗59 612 74 ∗425

2100 (IS92a) ∗2 116 ∗40 ∗277

∗ Before averaging, the depth was set to 0 m in grid cells where surface ΩA < 1.
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Supplementary Online Figures and Figure Legends
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Figure S1Figure S1 Changes in carbonate chemistry variables relative to the preindustrial ocean: 1994

(green), 2100 from IS92a (red) and S650 (blue), 2300 from S650 (blue dashed). Future climate

change from the IPSL model (red dotted line) is shown as a perturbation to IS92a in 2100. Also

shown is the homogeneous buffer factor βD.
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Figure S2 Taylor Diagram42 for the map of the column integral (inventory) of anthropogenic

CO2 between 50◦S and 50◦N. A Taylor diagram is a polar plot that compares models to a data

reference for 3 summary statistics: (1) the standard deviation σ on the radial axis, (2) the corre-

lation coefficient R on the angular axis, (3) the central pattern r.m.s. error as the distance (radius

of semicircles) from the data reference point on the x axis (centre of semi-circles). We have also

added a fourth statistic, the overall bias (area weighted mean for the model minus that for the

data), as the coloured point whose intensity is indicated by the colour bar. All four statistics are in

units of mol m−2. Overall, the median (Y) of the OCMIP-2 models exhibits the greatest skill, i.e., it

generally lies closer to the data reference43 than do the individual models.
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Figure S3 Excess carbonate concentration ∆[CO2−
3 ]A in 1994 for comparison with Fig. 2. Lines

correspond with the aragonite saturation horizon (ΩA = 1) in 1765 (dashed grey) and 1994 (solid

grey).
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Figure S4 Median anthropogenic DIC in 1994 from the OCMIP-2 models. Lines are given

for the aragonite saturation horizon in the preindustrial ocean (white dashed) and in 1994 (white

solid), as in Fig. S3.
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Figure S5 Median anthropogenic DIC in 2100 from the OCMIP-2 models under the IS92a sce-

nario. The aragonite saturation horizon is also given for 2100 under both the S650 (2100 S, black

solid) and IS92a (2100 I, black dashed) scenarios.
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